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Abstract
Plate tectonics on Earth is integrated into global material cycles that exchange chemical com-
ponents between Earth’s surface and Earth’s mantle. At subduction zones, slabs of oceanic
lithosphere sink into the mantle and carry basaltic crust and H2O stored in hydrous minerals
into Earth’s interior. A fraction of the stored H2O might reach the transition zone at 410 km
depth where the phase transition of the mineral olivine to the high-pressure polymorph
wadsleyite, β-(Mg,Fe)2SiO4, gives rise to a discontinuity in seismic wave speeds. Under
favorable conditions, nominally anhydrous wadsleyite can incorporate up to 3 wt-% H2O as
hydroxyl groups in its crystal structure. The high solubility of H2O in wadsleyite may have
had consequences for deep cycling of H2O in Earth’s mantle throughout the geological past.
Even small amounts of H2O in Earth’s mantle may lower the melting point and viscosity of
mantle rocks and affect the geodynamical and geochemical evolution of the mantle. De-
spite the key role of the transition zone in deep cycling of H2O, little is known about the
amount and distribution of H2O in the transition zone. Seismic waves that travel through
the transition zone or reflect off the 410-km seismic discontinuity carry a signature of the
compositional and thermal state of the transition zone. To read this signature, the elastic
properties of relevant minerals and rocks are needed, ideally at pressures and temperatures
of the transition zone, e. g. 14 GPa and 1500◦C at 410 km depth.
I performed high-pressure X-ray diffraction experiments on wadsleyite single crystals up
to 20 GPa using a diamond anvil cell and determined the equation of state (EOS) from the
variation of unit cell volume as a function of pressure. With Fe/(Mg+Fe)= 0.11 and 0.24 wt-
% structurally bound H2O, the wadsleyite crystals had a chemical composition relevant for
the transition zone. I combined the EOS of the here-studied crystals with literature data
to construct a multi-end-member model for the EOS of wadsleyite solid solutions. The
model shows that the bulk modulus of wadsleyite increases with the ferrous iron content
but decreases with increasing contents of H2O and ferric iron.
To determine the elastic stiffness tensors at high pressures and high temperatures, I per-
formed Brillouin spectroscopy experiments on wadsleyite single crystals that were loaded
pairwise into diamond anvil cells. The collected sound wave velocities were inverted to
parameters of finite-strain theory using a novel inversion strategy. Aggregate sound wave
velocities calculated from the high-pressure elastic properties of the here-studied wadsleyite
crystals were compared to literature data on different wadsleyite compositions to assess the
effect of structurally bound H2O on sound wave velocities. At ambient conditions, the in-
corporation of H2O reduces the sound wave velocities of Fe-bearing wadsleyite. The com-
parison with literature data on Fe-bearing wadsleyite with a high H2O content, however,
reveals that both P and S wave velocities of Fe-bearing wadsleyite with high H2O content
converge and potentially cross over with those of the here-studied wadsleyite with low H2O
content at pressures of the transition zone. These findings imply that seismic wave speeds
may be less sensitive to H2O in the transition zone than previously assumed. Instead, mod-
eling of seismic properties based on the experimental results of the present study combined
with literature data suggests that a low acoustic impedance contrast and hence a locally
reduced reflectivity of the 410-km seismic discontinuity may be a better indicator for H2O
in the shallow transition zone. I further present the first experimentally determined elastic
stiffness tensors of wadsleyite at simultaneously high pressures and high temperatures.
Oceanic crust that enters the mantle at subduction zones transforms into an assemblage
of dense high-pressure phases that allow basaltic material to sink into the lower mantle.
Stishovite, rutile-structured SiO2, may contribute with up to 20 vol-% to a basaltic rock at
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conditions of the lower mantle. The ferroelastic phase transition from stishovite to high-
pressure CaCl2-type SiO2 strongly perturbs the elastic properties of these crystalline silica
phases. I analyzed X-ray diffraction patterns that were recorded on sintered polycrystalline
silica along a compression path across the ferroelastic phase transition and refined the lat-
tice parameters of sintered polycrystalline silica at 30 different pressures between 9 and
73 GPa. Based on the pressure evolution of unit cell volumes and edge lengths, I deter-
mined the EOS and described the elastic properties of sintered polycrystalline silica using
Landau theory. Unlike silica powder, sintered polycrystalline silica shows a substantial drop
of the bulk modulus at the phase transition from stishovite to CaCl2-type SiO2. Together
with the previously predicted shear wave softening, the drop in bulk modulus might affect
the propagation of seismic waves raising the possibility to detect silica-rich rocks in Earth’s
lower mantle and thereby to better constrain mantle convection patterns.
Zusammenfassung
Die Plattentektonik auf der Erde ist in globale Materialkreisläufe eingebunden, die chemis-
che Komponenten zwischen der Erdoberfläche und dem Erdmantel austauschen. An Sub-
duktionszonen sinken Platten ozeanischer Lithosphäre in den Erdmantel und befördern
basaltische Erdkruste und in Mineralen gespeichertes Wasser ins Erdinnere. Ein Teil des
gespeicherten Wassers könnte die Übergangszone in einer Tiefe von 410 km erreichen, bei
welcher der Phasenübergang des Minerals Olivin zum Hochdruck-Polymorph Wadsleyit, β-
(Mg,Fe)2SiO4, eine Diskontinuität in seismischen Wellengeschwindigkeiten erzeugt. Unter
günstigen Bedingungen kann nominell wasserfreier Wadsleyit bis zu 3 Gew-% H2O als Hy-
droxylgruppen in seine Kristallstruktur einbauen. Die hohe Löslichkeit von H2O in Wads-
leyit könnte im Laufe der geologischen Vergangenheit Auswirkungen auf den tiefen H2O-
Kreislauf im Erdmantel gehabt haben. Bereits geringe Mengen von H2O im Erdmantel kön-
nen den Schmelzpunkt und die Viskosität der Gesteine des Erdmantels herabsetzen und
die geodynamische und geochemische Entwicklung des Erdmantels beeinflussen. Trotz der
Schlüsselrolle der Übergangszone im tiefen H2O-Kreislauf ist nur wenig über die Menge
und die Verteilung von H2O in der Übergangszone bekannt. Seismische Wellen, welche die
Übergangszone durchlaufen oder an der seismischen Diskontinuität in 410 km Tiefe reflek-
tiert werden, tragen eine Signatur der Zusammensetzung und des thermischen Zustands
der Übergangszone. Um diese Signatur zu lesen, bedarf es der elastischen Eigenschaften
relevanter Minerale und Gesteine, idealerweise bei Drücken und Temperaturen der Über-
gangszone, zum Beispiel 14 GPa und 1500◦C in 410 km Tiefe.
Ich habe Hochdruck-Röntgenbeugungsexperimente an Wadsleyit-Einkristallen bis zu
20 GPa unter Verwendung einer Diamantstempelzelle durchgeführt und die Zustandsgle-
ichung (EOS) aus der Veränderung des Elementarzellenvolumens als Funktion des Drucks
bestimmt. Mit einem Verhältnis von Fe/(Mg+Fe) = 0.11 und 0.24 Gew-% in der Kristall-
struktur gebundenem H2O hatten die Wadsleyit-Kristalle eine für die Übergangszone
relevante chemische Zusammensetzung. Um ein Model für die EOS von Wadsleyit-
Mischkristallen mehrerer Endglieder zu erstellen, habe ich die EOS der hier untersuchten
Kristalle mit Literaturdaten kombiniert. Das Modell zeigt, dass der Kompressionsmodul von
Wadsleyit mit dem Gehalt an zweiwertigem Eisen ansteigt aber mit steigenden Gehalten an
H2O und dreiwertigem Eisen abnimmt.
Um die Elastizitätstensoren bei hohen Drücken und hohen Temperaturen zu bestimmen,
habe ich Brillouin-Spektroskopie an Wadsleyit-Einkristallen durchgeführt, die paarweise in
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Diamantstempelzellen geladen wurden. Die gemessenen Schallwellengeschwindigkeiten
wurden mit einer neuartigen Inversionsstrategie zu Parametern der Theorie finiter Dehnun-
gen invertiert. Die Schallwellengeschwindigkeiten polykristalliner Aggregate wurden aus
den elastischen Eigenschaften der hier untersuchten Wadsleyit-Kristalle bei hohen Drücken
berechnet und mit Literaturdaten für verschiedene Wadsleyit-Zusammensetzungen ver-
glichen, um den Einfluss von in der Kristallstruktur gebundenem H2O auf die Schall-
wellengeschwindigkeiten auszuwerten. Bei Raumbedingungen verringert die Aufnahme
von H2O die Schallwellengeschwindigkeiten von Fe-haltigem Wadsleyit. Der Vergleich
mit Literaturdaten für Fe-haltigen Wadsleyit mit hohem H2O-Gehalt zeigt jedoch, dass die
Geschwindigkeiten sowohl der P- als auch der S-Wellen von Fe-haltigem Wadsleyit mit ho-
hem H2O-Gehalt mit denjenigen vom hier untersuchten Wadsleyit mit geringem H2O-Gehalt
bei Drücken der Übergangszone zusammen laufen und sich möglicherweise überkreuzen.
Dies bedeutet, dass die Geschwindigkeiten seismischer Wellen weniger empfindlich für H2O
in der Übergangszone sein könnten als bisher angenommen. Stattdessen legt die Model-
lierung seismischer Eigenschaften basierend auf den experimentellen Ergebnissen der vor-
liegenden Studie zusammen mit Literaturdaten nahe, dass ein geringer Kontrast in der
akustischen Impedanz und damit ein lokal reduziertes Reflexionsvermögen der seismischen
Diskontinuität in 410 km Tiefe ein besseres Anzeichen für H2O in der oberen Übergangszone
sein könnte. Des Weiteren lege ich die ersten experimentell bei gleichzeitig hohen Drücken
und hohen Temperaturen bestimmten Elastizitätstensoren von Wadsleyit vor.
Ozeanische Erdkruste, die an Subduktionszonen in den Erdmantel gelangt, wandelt sich
in ein Gemisch dichter Hochdruck-Phasen um, die es dem basaltischen Material erlauben in
den unteren Erdmantel zu sinken. Stishovit, SiO2 in Rutil-Struktur, könnte mit bis zu 20 Vol-
% zu einem basaltischen Gestein unter den Bedingungen des unteren Erdmantels beitra-
gen. Der ferroelastische Phasenübergang von Stishovit zu SiO2 in einer Hochdruck-CaCl2-
Struktur verändert stark die elastischen Eigenschaften dieser kristallinen Siliciumdioxid-
Phasen. Ich habe Röntgenbeugungsmuster, die an gesintertem polykristallinem Silicium-
dioxid entlang eines Kompressionspfades über den Phasenübergang aufgenommen wurden,
ausgewertet und die Gitterparameter von gesintertem polykristallinem Siliciumdioxid bei
30 verschiedenen Drücken zwischen 9 und 73 GPa verfeinert. Basierend auf der Verän-
derung der Volumina und der Kantenlängen der Elementarzelle mit steigendem Druck habe
ich die EOS bestimmt und die elastischen Eigenschaften von gesintertem polykristallinem
Siliciumdioxid mittels Landau-Theorie beschrieben. Im Gegensatz zu Siliciumdioxid-Pulver
zeigt gesintertes polykristallines Siliciumdioxid einen deutlichen Abfall des Kompressions-
moduls am Phasenübergang von Stishovit zu SiO2 in CaCl2-Struktur. Zusammen mit der
bereits früher vorhergesagten elastischen Erweichung gegenüber Scherwellen könnte der
Abfall des Kompressionsmoduls die Ausbreitung von seismischen Wellen beeinflussen, was
die Möglichkeit eröffnen würde, Gesteine reich an Siliciumdioxid im unteren Erdmantel zu
erkennen und damit die Muster der Konvektion im Erdmantel besser nachzuvollziehen.
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Chapter 1
Introduction
This study focuses on the elastic properties of wadsleyite and stishovite at high pressures
with the perspective to detect water and silica-rich rocks in Earth’s mantle. Seismology offers
a variety of observables that promise to improve our conception of deep Earth processes.
The translation of seismic observations into the thermal and compositional structure of the
mantle, however, relies on information on the thermodynamic and seismic properties of
mantle rocks. Here, I emphasize how the interpretation of seismic observables in terms of
the hydration state of the transition zone and the entrainment of subducted oceanic crust in
Earth’s lower mantle critically depends on the elastic properties of wadsleyite and stishovite,
respectively. The elastic and thermodynamic properties of these minerals, in turn, reflect
processes operating on the atomic scale.
1.1 The Link between Water and Tectonics on Earth
Earth differs from other terrestrial planets in the Solar System by two striking features:
oceans and active plate tectonics. Although recent evidence points to surface water on
Mars (Ojha et al., 2015; Orosei et al., 2018), and the surface of Mars probably hosted liq-
uid water in the past (Baker et al., 1991; Grotzinger, 2009), oceans are unique to Earth.
The present-day distribution of water, or more general H2O, on Earth between the surface
reservoirs of atmosphere and hydrosphere and reservoirs in Earth’s crust and mantle reflects
the time-integrated results of planetary accretion and differentiation. Today, Earth’s mantle
differentiates into basaltic crust and depleted peridotite at mid-ocean ridges. Plate tectonics
transport oceanic crust away from spreading centers towards subduction zones where cold
and dense oceanic lithosphere sinks into the mantle. On the way, basaltic oceanic crust and
the underlying peridotite react with ocean water through hydrothermal activity and take
up H2O in the form of hydrous minerals such as amphibole, chlorite, and serpentine (e. g.
Humphris and Thompson, 1978; Mével, 2003; Staudigel, 2003; Bach et al., 2004). Most of
these hydrous minerals, however, break down during subduction and release H2O in dehy-
dration reactions. The released aqueous fluids migrate upward into the mantle wedge above
the subducting plate where they can trigger melting and give rise to arc volcanism (Pawley
and Holloway, 1993; Schmidt and Poli, 1998; Poli and Schmidt, 2002; Eiler, 2003). Aque-
ous fluids released by dehydration reactions may also react with the overlying peridotite
and form serpentine minerals (e. g. Evans, 1977; Hyndman and Peacock, 2003; Hirth and
Guillot, 2013). In cold subduction zones, hydrous minerals hosted by different lithologies
of subducted slabs may carry H2O down to depths in excess of 200 km (Poli and Schmidt,
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Figure 1.1: Conceptual drawing of deep H2O cycling and dispersal of basaltic crust in Earth’s man-
tle illustrating potential processes (1–9) and seismic observables (A–D); see text for references. 1)
Hydrated oceanic lithosphere (basaltic crust in red, lithospheric mantle in dark blue) sinks into the
upper mantle at subduction zones. 2) Release of H2O from the slab hydrates the transition zone.
3) Melting atop the 410-km seismic discontinuity gives rise to deep seated magmatism. 4) Dia-
monds form in the transition zone and enclose transition zone minerals and fluids. 5) Deformation
aligns anisotropic minerals. 6) Mantle convection disperses subducted oceanic crust in the lower
mantle. 7) Subducted oceanic crust accumulates to form geochemical heterogeneities. 8) Plumes
probe geochemical heterogeneities. 9) Silica-rich material exsolves from the outer core and gets
dispersed in the lower mantle. A) Seismic tomography images three-dimensional variations in seis-
mic velocities. B) Deformed mantle rocks generate seismic anisotropy. C) Seismic discontinuities
reflect seismic waves. D) Heterogeneities scatter seismic waves in the lower mantle.
1995; Ono, 1998; Schmidt and Poli, 1998). A chain linking the stability fields of hydrous
minerals may allow to transport H2O into deeper parts of the mantle, at least along cold
subduction paths (Poli and Schmidt, 2002; Ohtani et al., 2004; Komabayashi, 2006; Nishi
et al., 2014).
The transport of H2O from Earth’s surface into Earth’s deep interior via subduction pro-
cesses highlights the connection between the evolution of terrestrial H2O reservoirs and
plate tectonics. The operation of plate tectonics in a similar way as today, i. e. including
cold geotherms, can be traced back to the Neoproterozoic (Stern, 2008) implying the po-
tential to transport H2O into the mantle for about 1 Ga. The tectonic regime during the
Archean remains debated (Condie and Pease, 2008; van Hunen and Moyen, 2012). Petro-
logical evidence can be found in support of both subduction (Foley et al., 2002; Foley, 2008)
and delamination-dominated processes (Foley et al., 2003; Johnson et al., 2014; Johnson
et al., 2017) that led to the formation of early continental crust. The production of typical
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Archean tonalite-trondhjemite-granodiorite (TTG) rocks, however, requires partial melting
of hydrated basaltic rocks (Rapp and Watson, 1995; Foley et al., 2002). Similar to mod-
ern times, hydrated basaltic rocks might have been the starting point for early cycling of
H2O into Earth’s mantle since the Archean. Indeed, the low present-day volume of basaltic
crust on Earth indicates substantial recycling of earlier mafic crust into the mantle in the
geological past (Anderson and Bass, 1986; Herzberg and Rudnick, 2012), a hypothesis that
could also explain geochemical observations (Hofmann and White, 1982; Christensen and
Hofmann, 1994; Hofmann, 1997) and reconcile the Mg/Si ratio of the silicate fraction of
Earth with those of potential meteoritic building blocks (Anderson and Bass, 1986; Hart
and Zindler, 1986; McDonough and Sun, 1995). Two questions emerge from this brief out-
line linking tectonics and deep H2O cycling through Earth’s history: What happened to H2O
that might have been transported into the deep mantle in the geological past, and what
happened to the crustal parts of slabs that potentially carried water into the mantle?
The structure and composition of the mantle today should hold answers to these ques-
tions as they reflect the dynamic interactions and feedbacks that arise from the injection
of hydrated oceanic lithosphere into the mantle. H2O, for example, affects many critical
geodynamic parameters of mantle rocks such as the viscosity of olivine (Karato et al., 1986;
Hirth and Kohlstedt, 1996; Mei and Kohlstedt, 2000) as well as temperatures and degrees
of partial melting (Hirth and Kohlstedt, 1996; Asimow and Langmuir, 2003; Asimow et al.,
2004; Hirschmann et al., 2006). Subducted oceanic crust is predicted to be denser than am-
bient pyrolitic mantle throughout most of the mantle (Irifune and Ringwood, 1987; Kesson
et al., 1994; Hirose et al., 1999; Ricolleau et al., 2010) and may therefore sink down to
the core-mantle boundary and drive convective motions. Figure 1.1 depicts schematically
the overall structure of Earth’s mantle together with processes related to deep cycling and
storage of H2O and the fate of oceanic crust in the mantle.
1.1.1 The Transition Zone in Earth’s Mantle
The transition zone, confined between major seismic discontinuities at 410 km and 660 km
depths (Figs. 1.1 and 1.2a), appears to play a pivotal role in deep recycling of H2O in
Earth’s mantle (Bercovici and Karato, 2003; Ohtani et al., 2004). The seismic discontinuity
at 410 km depth has been attributed to the phase transformation of olivine, α-(Mg,Fe)2SiO4,
to wadsleyite, β-(Mg,Fe)2SiO4, (Bina and Wood, 1987; Agee, 1998; Frost, 2008), which
transforms to ringwoodite, γ-(Mg,Fe)2SiO4, at higher pressures (Akaogi et al., 1989; Kat-
sura and Ito, 1989; Frost, 2008). The dissociation of ringwoodite into ferropericlase and
bridgmanite, in turn, gives rise to the seismic discontinuity at 660 km (Ito and Takahashi,
1989; Shim et al., 2001; Frost, 2008; Ishii et al., 2018). Alternative explanations for the
seismic properties of the transition zone, including the mentioned seismic discontinuities,
involve the enrichment of basaltic or eclogitic material within the transition zone (Ander-
son, 1979; Bass and Anderson, 1984; Anderson and Bass, 1986). Observations by seismic
tomography suggest that subducting slabs interact with the transition zone in many ways in-
cluding the stagnation of slabs within or just below the transition zone (Zhao, 2004; Fukao
et al., 2009; Fukao and Obayashi, 2013).
A transition zone rock of pyrolitic composition (Ringwood, 1991; Ita and Stixrude, 1992)
would be composed of high-pressure polymorphs of olivine by up to 60 vol-% (Fig. 1.2b;
Ringwood, 1991; Ita and Stixrude, 1992; Stixrude and Lithgow-Bertelloni, 2011). Both
wadsleyite and ringwoodite are nominally anhydrous minerals. High-pressure experiments
have shown, however, that both phases can incorporate several percent H2O by weight into
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Figure 1.2: a) Variation of density ρ, S wave velocity vS, and P wave velocity vP with depth
according to PREM (Dziewonski and Anderson, 1981). Phase assemblages in rocks of pyrolitic
(b) and basaltic (MORB) (c) compositions as a function of depth; modified after Irifune and Isshiki
(1998), Frost (2008), and Irifune et al. (2010) (b) and Perrillat et al. (2006) and Ricolleau et al.
(2010) (c). Note the high volume fraction of wadsleyite in the shallow transition zone (b) and the
phase transition from rutile-structured stishovite to CaCl2-type SiO2 in the lower mantle (c).
their crystal structures (Inoue et al., 1995; Kohlstedt et al., 1996; Kudoh et al., 2000). The
combination of a pyrolitic, or peridotitic, mineral assemblage with the high solubility of H2O
in wadsleyite and ringwoodite turns the transition zone into a potential reservoir for H2O in
Earth’s mantle (Smyth and Jacobsen, 2006). A ringwoodite inclusion in diamond with an
estimated H2O content of∼1.5 wt-% H2O dissolved in the ringwoodite grain provides direct
evidence for the viability of this hypothesis (Pearson et al., 2014). Similarly, the presence of
aqueous fluids in the transition zone has been inferred from ice-VII inclusions in diamond
(Tschauner et al., 2018).
Diamond inclusions provide localized samples that cannot constrain the extent of hy-
dration in the transition zone on a global scale. A hydrous transition zone, however, would
have far-reaching consequences for the evolution of the mantle. When rising out of the
wadsleyite stability field, a hydrated transition zone rock might expel some of the stored
H2O due to the drop in H2O solubility from wadsleyite to olivine (Bolfan-Casanova, 2005;
Inoue et al., 2010; Litasov et al., 2011). The resulting dehydration melting would affect
the distribution of geochemical key elements in Earth’s mantle (Bercovici and Karato, 2003;
Karato et al., 2006; Karato, 2011) and may give rise to an extended melt layer above the
410-km seismic discontinuity (Revenaugh and Sipkin, 1994; Tauzin et al., 2013; Freitas
et al., 2017). Detecting and quantifying the extent of hydration in the shallow transition
zone and in the vicinity of the 410-km seismic discontinuity therefore stands out as a key
challenge to understand the evolution of global H2O cycles and reservoirs.
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1.1.2 The Fate of Oceanic Crust in Earth’s Lower Mantle
Following eclogitization, subducted oceanic crust with a typical composition of mid-ocean
ridge basalt (MORB) is predicted to undergo a sequence of metamorphic reactions as illus-
trated in Figure 1.2c (Irifune et al., 1986; Irifune and Ringwood, 1993; Hirose et al., 2005;
Ricolleau et al., 2010). Throughout the upper mantle and the transition zone, basaltic crust
is denser than pyrolite (Irifune and Ringwood, 1993). The densities of rocks with MORB
and pyrolite compositions, however, crossover at around 660 km depth as ringwoodite in
a pyrolitic rock decomposes into the denser assemblage of ferropericlase and bridgmanite
implying the possibility to accumulate subducted basaltic crust beneath the 660-km seis-
mic discontinuity (Irifune and Ringwood, 1993; Hirose et al., 2005). Once majoritic garnet
in a MORB-like rock transforms to an assemblage of bridgmanite, Ca-silicate perovskite,
stishovite, and other Ca, Na, and Al-bearing phases at around 720 km depth (Kesson et al.,
1994; Hirose et al., 1999; Ono et al., 2001; Perrillat et al., 2006), the density of former
basalt exceeds densities given in PREM1 (Kesson et al., 1994; Hirose et al., 1999; Ono et
al., 2001; Perrillat et al., 2006), potentially down to the core-mantle boundary (Hirose et
al., 2005; Ricolleau et al., 2010). In addition to density considerations, geodynamic sim-
ulations (Christensen and Hofmann, 1994; Xie and Tackley, 2004; Nakagawa and Buffett,
2005; Brandenburg and Keken, 2007) and geochemical constraints (Hofmann and White,
1982; Chase and Patchett, 1988; Blichert-Toft and Albarède, 1997) support the entrain-
ment of former basaltic crust into the lower mantle. Seismic observations provide further
evidence for lithospheric slabs entering the lower mantle (Kaneshima and Helffrich, 1999;
Grand, 2002; Hutko et al., 2006).
Recycling of crustal material into the lower mantle would have substantially affected the
chemical and thermal evolution of the mantle. In terms of H2O cycling through the mantle,
for example, the high silica and alumina contents of basaltic lithologies stabilize minerals
that could act as sinks for H2O at conditions of the lower mantle (Pawley et al., 1993; Nishi
et al., 2014; Pamato et al., 2015) where hydrous magnesium silicates in peridotitic rocks
break down (Ohtani et al., 2004; Nishi et al., 2014). Potential H-bearing phases in basaltic
rocks at conditions of the lower mantle include H-Al-bearing stishovite (Pawley et al., 1993;
Panero et al., 2003), aluminous phase D (Pamato et al., 2015), and solid solutions between
δ-AlOOH and phase H (Nishi et al., 2014; Ohira et al., 2014). To trace deep material
cycles and to better relate geochemical signatures recorded in mantle magmas (Hofmann
and White, 1982; Hofmann, 1997; van Keken et al., 2002) to the tectonic regime and the
style of mantle convection throughout Earth’s history (Christensen, 1989; Tackley, 2000;
Ballmer et al., 2017), however, requires more quantitative information about the amount
and dispersal of crustal materials in Earth’s lower mantle.
1.2 Geophysical Observables
Geophysical methods facilitate remote sensing of Earth’s inaccessible interior by probing
physical properties of materials at depth such as density, electrical conductivity, and the ve-
locities of seismic waves. Seismology, in particular, offers a variety of observables related
to the propagation of seismic waves. A general introduction to seismology and its appli-
cation to the study of Earth’s interior can be found, for example, in Stein and Wysession
(2003). Here, I briefly introduce those seismic observables that may be used to detect hy-
1PREM: Preliminary Reference Earth Model (Dziewonski and Anderson, 1981)
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drated regions in the transition zone and subducted oceanic crust in Earth’s lower mantle
as illustrated in Figure 1.1 and how they relate to physical properties of minerals and rocks.
Note that the hydration state of the transition zone can also be inferred from comparing
other geophysical observations such as variations in the electrical conductivity (Ichiki et al.,
2001; Utada et al., 2003; Kelbert et al., 2009) and viscosity profiles (Peltier, 1998; Mitro-
vica and Forte, 2004; Soldati et al., 2009) of the mantle with related physical properties
of transition zone minerals determined in experiments (Huang et al., 2005; Yoshino et al.,
2008; Manthilake et al., 2009; Fei et al., 2017).
1.2.1 The Velocities of Seismic Waves
For propagation in an elastically isotropic medium, the velocities of seismic waves depend
on the bulk modulus K , the shear modulus G, and the density ρ of the medium (Poirier,
2000; Stein and Wysession, 2003):
vP =
√√K + 4G/3
ρ
and vS =
√√G
ρ
(1.1)
with the P wave velocity vP and the S wave velocity vS. To a first approximation and through-
out most of this study, bulk and shear moduli are assumed to describe the pure elastic re-
sponse of the medium without taking into account effects of wave attenuation and frequency
dispersion that may arise from anelastic relaxation processes (Jackson, 2007; Karato, 2008).
In this approximation, seismic waves correspond to acoustic or sound waves that typically
have higher frequencies than seismic waves. A central task of modern mineral physics con-
sists in the determination of densities and elastic properties of potential mantle materials as
a function of pressure, temperature, and chemical composition.
The elastic properties of minerals and rocks can be combined to calculate the variation
of density and sound wave velocities of a given phase assemblage with depth assuming adi-
abatic self-compression (Anderson and Bass, 1984; Ita and Stixrude, 1992; Stixrude and
Lithgow-Bertelloni, 2011). The comparison of such mineral physics predictions with glob-
ally averaged one-dimensional seismic profiles such as PREM (Fig. 1.2a; Dziewonski and
Anderson, 1981), iasp91 (Kennett and Engdahl, 1991), and ak135 (Kennett et al., 1995) has
substantially improved our understanding of the structure and composition of the mantle
(Anderson and Bass, 1986; Ita and Stixrude, 1992; Xu et al., 2008; Kurnosov et al., 2017).
In contrast to averaged one-dimensional seismic profiles, modern seismic tomography im-
ages the three-dimensional deviations of seismic velocities in the mantle from an underlying
reference model (Grand, 2002; Romanowicz, 2003; Panning and Romanowicz, 2006; Rit-
sema et al., 2011). For example, seismic tomography has been used to trace subducted slabs
on their way through the mantle (Grand, 2002; Fukao et al., 2009; Fukao and Obayashi,
2013). Based on the assumption that the incorporation of water reduces the sound wave
velocities of wadsleyite and ringwoodite (Smyth and Jacobsen, 2006; Mao et al., 2008a;
Mao et al., 2011; Mao et al., 2012; Thio et al., 2016), lateral variations of seismic velocities
within the transition zone have been used to infer the hydration state of the transition zone
(Suetsugu et al., 2006; Meier et al., 2009; Houser, 2016).
1.2.2 Seismic Anisotropy
Most minerals are elastically anisotropic. Deformation can align minerals and result in
a crystallographic preferred orientation (CPO) of one or several mineral phases in a rock
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(Karato, 2008). When anisotropic mineral grains or crystals are aligned in a preferred ori-
entation, their elastic anisotropy is partly transferred to the rock they compose, depending
on the intensity of the CPO (Karato, 2008; Mainprice, 2015). The velocities of seismic
waves propagating through an anisotropic material vary with propagation direction and
polarization of the waves. For example, shear waves with different polarizations may travel
at different velocities in the same direction. In section 5.2.2, I provide a more detailed
introduction into the propagation of sound waves in elastically anisotropic media. Materi-
als in Earth’s interior indeed display seismic anisotropy that can be detected geophysically
(Montagner and Kennett, 1996; Mainprice et al., 2000; Panning and Romanowicz, 2006;
Mainprice, 2015). In addition to seismic anisotropy related to CPO of minerals, seismic
anisotropy can result from the alignment of elongated or tabular objects such as melt lenses
or layers of different lithologies that themselves only need to be elastically distinct but not
necessarily anisotropic (Karato, 2008; Mainprice, 2015).
Seismic anisotropy may reflect deformation patterns in the transition zone that them-
selves evolve according to large-scale material flow in the mantle. In a rock of pyrolitic
composition, the elastic anisotropy and potential CPO of wadsleyite could be the domi-
nant source for seismic anisotropy in the transition zone given the high volume fraction of
wadsleyite (Fig. 1.2b) and the high intrinsic anisotropy as compared to ringwoodite and
garnet (Mainprice, 2015). Wadsleyite was shown to develop a CPO under shear deforma-
tion (Tommasi et al., 2004; Kawazoe et al., 2013; Ohuchi et al., 2014). Trampert and van
Heijst (2002) observed azimuthal seismic anisotropy in the transition zone on a global scale.
Visser et al. (2008) found indications for significant radial anisotropy in the transition zone.
To relate these global and more local observations (Fouch and Fischer, 1996; Foley and
Long, 2011) of seismic anisotropy in the transition zone to mantle convection, however, re-
quires more information on the rheology of transition zone rocks and the elastic properties
of transition zone minerals, in particular at relevant pressures and temperatures.
1.2.3 Reflection and Scattering of Seismic Waves
When the seismic properties of the mantle change discontinuously, seismic waves can be
reflected, scattered, and converted from P to S waves and vice versa. A seismically reflective
interface arises from changes in the properties on a length scale that is comparable to or
shorter than the wavelengths of seismic waves, i. e. several kilometers to tens of kilometers
(see also Fig. 2.21 on page 44). Consequently, it depends on the magnitude and the gradient
of the change in properties how efficiently an interface can reflect or scatter seismic waves.
The magnitude of the change in properties across the interface can be quantified by the
contrast d lnX in the property X between the materials on either side of the interface or
the gradient. For a seismic wave traveling in a medium A and approaching the interface
between medium A and medium B, the contrast in X is calculated as:
d lnX = 2× XA − XB
XA + XB
(1.2)
The property X can be the density ρ, the propagation velocity v of P or S waves, or the
acoustic impedance Z = ρv, i. e. the product of density and velocity. The contrast in acous-
tic impedance d ln Z , for example, determines the reflection coefficient RAB for normal inci-
dence on the interface between the media A and B (Stein and Wysession, 2003):
RAB =
1
2
d ln Z (1.3)
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In Earth’s mantle, global seismic discontinuities provide interfaces that efficiently reflect
seismic waves (Dziewonski and Anderson, 1981; Shearer and Flanagan, 1999). The seis-
mic discontinuity at a depth of 410 km, for example, is believed to arise from the contrast
in seismic properties between olivine above and wadsleyite below the discontinuity (Bina
and Wood, 1987; Agee, 1998; Frost, 2008). When taking into account the effect of coex-
isting garnet on the iron partitioning between the minerals of a pyrolitic rock, is has been
shown that the pressure interval of the phase transition from olivine to wadsleyite matches
to the depth interval or the sharpness of the 410-km seismic discontinuity inferred from seis-
mic observations (Benz and Vidale, 1993; Rost and Weber, 2002; Irifune and Isshiki, 1998;
Frost, 2003b; Frost, 2003a). The pressures and hence depths of mineral phase transitions
are sensitive to changes in temperature and chemical composition. Higher temperatures
displace the olivine-wadsleyite phase transition to greater depths (Frost, 2008) while the
presence of H2O or higher Fe
3+/ΣFe ratios reduce the transition pressure and expand the
transition interval (Wood, 1995; Frost and Dolejš, 2007; Frost and McCammon, 2009).
Consequently, lateral variations in the thermal state and composition of the transition zone
in Earth’s mantle have been inferred from the seismically observed variations in proper-
ties, such as topography and reflectivity, of the 410-km and 660-km seismic discontinuities
(Chambers et al., 2005b; Chambers et al., 2005a; Schmerr and Garnero, 2007; Meier et al.,
2009; Schmerr, 2015; Saki et al., 2015; Houser, 2016).
In addition to global seismic discontinuities, localized seismic inhomogeneities can re-
flect and scatter seismic waves. Such objects can be located throughout the lower mantle
(Hedlin et al., 1997; Kaneshima and Helffrich, 1998; Vinnik et al., 2001; Kaneshima and
Helffrich, 2009; Waszek et al., 2018). In many cases, it was even possible to constrain
the geometry (Kaneshima and Helffrich, 1999; Kaneshima and Helffrich, 2003; Niu et al.,
2003), distribution, or sizes of inhomogeneities (Hedlin et al., 1997; Kaneshima and Helf-
frich, 2009; Kaneshima and Helffrich, 2010; Waszek et al., 2018). Since many detected
inhomogeneities scatter high-frequency seismic waves with wavelengths of about 10 km
(Hedlin et al., 1997; Kaneshima and Helffrich, 2009; Kaneshima, 2009; Kaneshima and
Helffrich, 2010), their sizes should be on a similar scale or smaller. Fragments of oceanic
crust, entrained, stretched, and dispersed by mantle convection (Gurnis and Davies, 1986;
Kellogg and Turcotte, 1990), could explain these observations (Kaneshima and Helffrich,
2009; Kaneshima, 2009; Kaneshima and Helffrich, 2010; Waszek et al., 2018). While sub-
ducted MORB-like oceanic crust remains denser than PREM and pyrolite throughout the
lower mantle (Hirose et al., 2005; Ricolleau et al., 2010; Tsuchiya, 2011), sound wave ve-
locities are predicted to be fairly similar, at least down to about 2000 km depth (Tsuchiya,
2011). Shear wave velocities of basaltic rocks in the lower mantle, however, may be signif-
icantly reduced by a phase transition in the free silica phase from stishovite to a CaCl2-type
polymorph of SiO2 (Karki et al., 1997a; Carpenter et al., 2000; Lakshtanov et al., 2007;
Tsuchiya, 2011). As a consequence, seismic scatterers and reflectors in the lower man-
tle are commonly related to the presence of subducted oceanic crust (Vinnik et al., 2001;
Kaneshima and Helffrich, 2009; Kaneshima and Helffrich, 2010; Waszek et al., 2018) or
silica-rich material exsolved from Earth’s outer core (Hirose et al., 2017; Helffrich et al.,
2018). For basaltic oceanic crust, the predicted magnitude of the reduction in shear wave
velocities (Tsuchiya, 2011) is compatible with estimated velocity contrasts between seismi-
cally detected inhomogeneities and the surrounding mantle (Hedlin et al., 1997; Kaneshima
and Helffrich, 1999; Kaneshima and Helffrich, 2010).
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The comparison of seismic observables to key questions and challenges raised in section 1.1
shows that the elastic properties of wadsleyite and stishovite at conditions of the transition
zone and the lower mantle, respectively, are needed to interpret seismic observations in
terms of the hydration state of the shallow transition zone and the dispersal of subducted
oceanic crust in Earth’s lower mantle. The determination of the elastic properties of wad-
sleyite and stishovite at high pressures therefore constitutes the central aim of this study.
Both minerals will be introduced in the following with a focus on their potential stability
fields in Earth’s mantle and those crystal-chemical and physical properties that significantly
affect their elastic properties.
1.3.1 Wadsleyite
In a mantle rock of pyrolitic composition and along a typical adiabatic geotherm, olivine
transforms to wadsleyite at a pressure around 14 GPa and a temperature of about 1500◦C
(Katsura and Ito, 1989; Frost, 2003b; Frost, 2008; Katsura et al., 2010; Stixrude and
Lithgow-Bertelloni, 2011). The Fe/(Mg+Fe) ratio of wadsleyite would be close to 0.11
(Frost, 2003b; Frost, 2003a) and the wadsleyite-to-ringwoodite transition encountered
around 18 GPa at a temperature roughly 100 K hotter than the olivine-wadsleyite phase
transition (Katsura et al., 2010; Stixrude and Lithgow-Bertelloni, 2011; see also Fig. 2.1
on page 16). Between 14 and 18 GPa, wadsleyite would contribute to a pyrolitic mantle
rock with 55 to 60 vol-% (Ringwood, 1991; Frost, 2008; Stixrude and Lithgow-Bertelloni,
2011) and therefore be the mineral phase with the highest volume fraction in the shallow
transition zone.
The crystal structure of wadsleyite is shown in Figure 1.3. Anhydrous wadsleyite, β-
(Mg,Fe)2SiO4, adopts an orthorhombic crystal structure with space group Imma (Morimoto
et al., 1970; Moore and Smith, 1970; Horiuchi and Sawamoto, 1981). Mg and Fe atoms
occupy three distinct octahedral sites with iron preferring the M1 and M3 sites over the
M2 site (Sawamoto and Horiuchi, 1990; Finger et al., 1993; Hazen et al., 2000). M3
octahedra form edge-sharing double chains that extend along the a axis. The double chains
are connected by chains of alternating M1 and M2 octahedra along the b axis. Silicon
tetrahedra are paired to sorosilicate groups that fit into gaps between crossing chains of
octahedra. The oxygen atoms are organized in a distorted cubic close-packing (Horiuchi
and Sawamoto, 1981). In comparison to spinel-structured ringwoodite (Ringwood and
Major, 1966), the distortion from perfect cubic close-packing of oxygens results from the
different cationic occupation scheme of available octahedral and tetrahedral sites.
The rearrangement of cations with respect to the spinel structure and the concomitant
dimerization of [SiO4]4− tetrahedra to [Si2O7]6− sorosilicate groups has important conse-
quences for the crystal chemistry of wadsleyite. For example, wadsleyite solid solutions in
the system (Mg,Fe)2SiO4 are restricted to Fe/(Mg+Fe) ≤ 0.3 (Akaogi et al., 1989; Frost,
2003b; Stixrude and Lithgow-Bertelloni, 2011) while both olivine and ringwoodite form
complete solid solutions between magnesian and ferroan end members (Ringwood and Ma-
jor, 1970; Matsuzaka et al., 2000; Frost et al., 2001). At pressures below 9 GPa, however, the
system (Mg,Fe2+,Fe3+)2(Si,Fe
3+)O4 spans the spinelloid III solid solution that is isostructural
with wadsleyite (Woodland and Angel, 1998; Koch et al., 2004; Woodland et al., 2012). An
even more intriguing effect arises from the distribution of electrostatic potentials in the wad-
sleyite crystal structure. Smyth (1987) identified the strongly underbonded O1 position as
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Figure 1.3: Crystal structure of anhydrous (a) and hydrous (b) wadsleyite after Finger et al. (1993)
(a) and Sano-Furukawa et al. (2011) (b). M1, M2, and M3: Mg, Fe2+, and Fe3+, T : Si and Fe3+,
H1 and H2: H. Oxygen atoms sit on the corners of each polyhedron. Note that only a fraction
of available hydrogen positions (H1 and H2 in b) is occupied in hydrous wadsleyite and mainly
charge balanced by vacancies on the M3 site.
a potential site for protonation. The suggestion of Smyth (1987) was supported by a further
analysis of electrostatic potentials in wadsleyite by Downs (1989) who found that the O2
position might be a favorable site for protonation in addition to the O1 site. Infrared absorp-
tion and Raman spectra recorded on individual grains of synthetic Mg2SiO4 (McMillan et
al., 1991) and (Mg,Fe)2SiO4 wadsleyite (Young et al., 1993) indeed showed bands around
3330 cm−1 and 3600 cm−1, i. e. in the frequency range of O−H stretching vibrations, that
were attributed to structurally bonded hydroxyl groups. Subsequent experimental studies
confirmed the prediction by Smyth (1994) that nominally anhydrous wadsleyite may incor-
porate up to ∼3 wt-% H2O as hydroxyl groups in its crystal structure (Inoue et al., 1995;
Kohlstedt et al., 1996). Wadsleyite can dissolve substantial amounts of H2O even at tem-
peratures relevant for the transition zone (Bolfan-Casanova, 2005; Bolfan-Casanova et al.,
2006).
Consequently, the crystal structure of hydrous wadsleyite was the subject of numerous
studies aiming to understand the exact hydration mechanisms (e. g. Kudoh et al., 1996;
Smyth et al., 1997; Kudoh and Inoue, 1999). Smyth et al. (1997) found that hydration
results in a slight distortion of the orthorhombic unit cell to monoclinic symmetry (space
group I2/m). The main hydration mechanism maintains charge balance by creating octa-
hedral vacancies that concentrate on the M3 sites (Inoue et al., 1995; Kudoh et al., 1996;
Smyth et al., 1997; Kudoh and Inoue, 1999; Litasov et al., 2011). The locations of hydrogen
atoms were studied using polarized infrared spectroscopy (Jacobsen et al., 2005; Deon et
al., 2010) and nuclear magnetic resonance spectroscopy (Kohn et al., 2002; Stebbins et al.,
2009; Griffin et al., 2013). Figure 1.3b shows the crystal structure of hydrous wadsleyite
determined by neutron powder diffraction on deuterated Mg2SiO4 wadsleyite as reported
by Sano-Furukawa et al. (2011). The hydrogen positions found by Sano-Furukawa et al.
(2011) indicate that hydroxyl groups are located at the O1 site and point along the edges
of a vacant M3 octahedron to form hydrogen bonds O−H· · ·O with oxygen atoms at the
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O4 and O3 sites. These orientations of O−H groups are consistent with the polarization of
infrared absorption bands (Jacobsen et al., 2005; Deon et al., 2010) and energetic consid-
erations based on first-principle calculations (Tsuchiya and Tsuchiya, 2009). For Fe-bearing
wadsleyite, an additional hydration mechanism has been proposed that involves the replace-
ment of tetrahedrally coordinated Si4+ by Fe3+ and H+ (Bolfan-Casanova et al., 2012; Smyth
et al., 2014; Kawazoe et al., 2016).
Understanding the incorporation mechanism of hydrogen or H2O on the atomic level
provides the basis to understand the effect of hydration on the elastic and thermodynamic
properties of wadsleyite. An overview of available equations of state for wadsleyites with
different compositions is given in section 3.1 and chapter 4 (see also Table A.7 on page 190).
Merging isolated observations in a simple model spanned by the properties of wadsleyite
end members may not only reveal previously undetected relationships between properties
and chemical composition but also facilitate thermodynamic calculations on compositions
that have not been addressed by experiments or calculations. Therefore, we present a new
equation of state for Fe-bearing wadsleyite and construct a multi-end-member model for the
equation of state of wadsleyite solid solutions in chapter 4. As I explain in section 3.3 and
in chapter 6, currently available elasticity data on different, partly not fully characterized
wadsleyite compositions cannot reliably constrain the variation of sound wave velocities of
Fe-bearing wadsleyite as a function of hydrogen or H2O content, in particular not at high
pressures. Moreover, the elastic stiffness tensor of wadsleyite has not been determined at
simultaneously high pressures and high temperatures. In section 3.4, I present elastic stiff-
ness tensors at combined high pressures and high temperatures for a realistic wadsleyite
composition assuming a pyrolitic mantle. Chapter 6 aims at a redefinition of the seismic
signature of H2O in the shallow transition zone based on new experimental results on the
high-pressure elasticity of Fe-bearing wadsleyite single crystals. These results can be inte-
grated with a variety of seismic observables that, by their careful and accurate interpretation,
promise improvements in detecting reservoirs and tracing pathways of deep H2O cycling in
Earth’s mantle.
1.3.2 Stishovite and CaCl2-Type Silica
When compressing pure SiO2 along a typical adiabatic geotherm, coesite would transform
to stishovite at about 10 GPa and approximately 1800 K (Hemley et al., 1994; Akaogi et al.,
1995; Zhang et al., 1996). Seifertite, a high-pressure SiO2 polymorph with the α-PbO2
crystal structure (El Goresy et al., 2008), becomes stable at pressures and temperatures in
excess of 120 GPa and 2500 K (Murakami et al., 2003; Tsuchiya et al., 2004; Grocholski
et al., 2013). In a rock of basaltic (MORB) composition, the volume fraction of stishovite
increases from 0 to about 10 vol-% between 10 and 15 GPa at the expense of clinopyroxene
(Irifune et al., 1986; Irifune and Ringwood, 1987). The breakdown of garnet gives rise
to a second pulse of stishovite formation between 20 and 30 GPa that raises the volume
fraction of stishovite to 20 vol-% (Irifune and Ringwood, 1993; Ono et al., 2001; Perrillat
et al., 2006; see also Fig. 1.2c). At higher pressures, stishovite might react with the NAL
phase to form bridgmanite. This reaction would decrease the volume fraction of stishovite
to about 15 vol-% at 50 GPa where the NAL phase disappears leaving the volume fraction
of stishovite unchanged up to about 100 GPa (Perrillat et al., 2006; Ricolleau et al., 2010).
Hirose et al. (2005) found the incorporation of alumina into seifertite to stabilize seifertite
at around 110 GPa and 2500 K, i. e. at lower pressures than in the pure silica system.
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Figure 1.4: Crystal structure of stishovite (P42/mnm, a) and CaCl2-type SiO2 (Pnnm, b) viewed
along the c axis; drawn from own unpublished structural data. Si occupies the center of each
octahedron formed by oxygen atoms on the corners. Note how the phase transition from stishovite
to CaCl2-type SiO2 shears the red square in a) into a rhomb in b).
Stishovite crystallizes in the rutile structure type with tetragonal symmetry and space
group P42/mnm (Stishov and Belov, 1962; Sinclair and Ringwood, 1978). In contrast to its
adjacent low-pressure polymorph coesite, stishovite hosts silicon in octahedral coordination.
[SiO6]8− octahedra share two opposing edges with neighboring octahedra to form chains
along the c axis. Neighboring chains are rotated by 90◦ and displaced along the c axis with
respect to each other to link via corner sharing. The alignment of edge-sharing chains along
the c axis results in a strong elastic and compressional anisotropy (Ross et al., 1990; Andrault
et al., 2003; Jiang et al., 2009; see also Fig. 3.6 on page 61). Complete elastic stiffness
tensors of stishovite have been determined by Weidner et al. (1982) at ambient conditions,
by Brazhkin et al. (2005) up to a temperature of about 800 K at ambient pressure, and by
Jiang et al. (2009) up to 12 GPa at ambient temperature. The results of numerous studies
on the equation of state of stishovite have recently been compiled by Fischer et al. (2018).
When crystallized in basaltic rocks at high pressures, stishovite was found to contain up
to several weight percent Al2O3 (Irifune and Ringwood, 1993; Kesson et al., 1994; Hirose
et al., 1999). In addition to aluminum, Pawley et al. (1993) demonstrated the presence of
structurally bonded hydroxyl groups in stishovite and proposed coupled substitutions with
Si4+ being replaced by Al3+ charge balanced either by H+ or by oxygen vacancies. These in-
corporation mechanisms of aluminum and hydrogen were confirmed by later studies (Smyth
et al., 1995; Bromiley et al., 2006; Frigo et al., 2018). The alumina content in stishovite
was found to be sensitive to pressure and temperature (Ono, 1999; Liu et al., 2006) and
potentially increases upon partial melting of a basaltic rock at pressures of the lower man-
tle (Panero et al., 2003) raising the potential of stishovite to retain H2O (Chung and Kagi,
2002; Panero et al., 2003). The coupled substitution of Si4+ by Al3+ and H+ was also studied
by first-principle calculations (Gibbs et al., 2004; Panero and Stixrude, 2004) suggesting a
solubility of 0.3 wt-% H2O in stishovite at 25 GPa and 1500 K (Panero and Stixrude, 2004).
A similar H2O solubility was found experimentally by Litasov et al. (2007). Substantially
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higher water contents in excess of 1 wt-% H2O were found in Al-free stishovite crystallized
from silica glass or coesite at pressures of 10 GPa and temperatures below 820 K in the pres-
ence of free H2O (Spektor et al., 2011; Spektor et al., 2016). These very hydrous stishovites
incorporate H2O by a mechanism similar to the hydrogarnet substitution, i. e. 4 H
+ replace
Si4+ (Ackermann et al., 1983; Spektor et al., 2011; Spektor et al., 2016).
In addition to the potential to transport or retain H2O in Earth’s lower mantle, the
stishovite crystal structure provides another geophysically interesting feature. With increas-
ing pressure, the B1g optical vibrational mode softens (Kingma et al., 1995) and couples with
acoustic modes that involve shear motions in the a-b plane (Hemley et al., 2000; Carpenter
et al., 2000; and references therein). The resulting shear instability gives rise to a second-
order phase transition around 50 GPa at ambient temperature that involves a reduction in
symmetry to Pnnm and a structural distortion to a CaCl2-type structure (Kingma et al.,
1995; Karki et al., 1997b; Andrault et al., 1998). Figure 1.4 compares the crystal struc-
tures of stishovite and CaCl2-type SiO2. On the atomic level, the chains of octahedra rotate
around the c axis by a few degrees with a concomitant change of interatomic distances (An-
drault et al., 1998). As the phase transition from stishovite to CaCl2-type SiO2 involves a
spontaneous shear strain in the a-b plane, stishovite becomes infinitely soft with respect to
shear stress in this plane, i. e. (c11 − c12)→ 0, as the phase transition is approached (Karki
et al., 1997a; Carpenter et al., 2000). The elastic softening due to the ferroelastic phase
transition is predicted to substantially reduce the sound wave velocities of polycrystalline
silica aggregates as well as to increase the elastic anisotropy of silica single crystals (Karki
et al., 1997a; Carpenter et al., 2000; Yang and Wu, 2014).
Direct measurements of sound wave velocities across the stishovite–CaCl2-type SiO2
phase transition, however, have either been performed on polycrystalline silica compressed
under nonhydrostatic stress conditions (Asahara et al., 2013) or were limited to a single
direction in a hydrous Al-bearing stishovite single crystal (Lakshtanov et al., 2007). Laksh-
tanov et al. (2007) found that hydrous Al-bearing stishovite transforms to the CaCl2-type
phase at substantially lower pressures than pure SiO2. A similar reduction of the transition
pressure has been observed for Al-bearing stishovite (Bolfan-Casanova et al., 2009) and hy-
drous Al-free stishovite (Nisr et al., 2017). Nonhydrostatic stresses were shown to reduce
the transition pressure as well (Singh et al., 2012; Asahara et al., 2013). As an alternative to
direct sound wave velocity measurements, the changes in elastic properties of stishovite and
CaCl2-type SiO2 can be evaluated based on the evolution of unit cell parameters across the
phase transition using Landau theory (Carpenter and Salje, 1998; Carpenter et al., 2000).
In chapter 7, we apply this approach to compression data of sintered polycrystalline silica
across the stishovite–CaCl2-type SiO2 phase transition and show, by comparison to earlier
studies on silica powder (Andrault et al., 2003), that sintered polycrystalline silica behaves
differently. Our results emphasize how the strong elastic anisotropy of stishovite may affect
the elastic response of a sintered polycrystalline aggregate that to some extend resembles a
real rock. Combining the effects of chemical composition and temperature (Nomura et al.,
2010; Yamazaki et al., 2014; Fischer et al., 2018) on the ferroelastic phase transition with
an accurate model for the elastic properties of silica may turn silica-bearing rocks, such as
subducted oceanic crust, into sensors for the thermal and compositional structure of Earth’s
lower mantle.
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Chapter 2
Experimental
This study focuses on the characterization of elastic properties of minerals at high pressures,
and only those aspects of synthesis and characterization with a relevant contribution of the
author will be included here. Moreover, to separate the results of synthesis experiments
and chemical characterization from those of experiments aiming to determine the elastic
properties at high pressures, I will include results of synthesis and characterization in this
chapter, in particular where they aid to illustrate synthesis and characterization approaches.
A brief introduction to elastic properties of minerals at high pressures is included to provide
the theoretical background for the analysis of experimental results.
2.1 Synthesis of High-Pressure Minerals
This section describes the synthesis of high-quality single crystals free of inclusions and
cracks and of suitable size for Brillouin spectroscopy experiments at high pressures. Sintered
polycrystalline stishovite samples that were used for high-pressure experiments in the course
of this study (Chapter 7) were provided by Norimasa Nishiyama1, and their synthesis and
characterization have been published elsewhere (Nishiyama et al., 2012; Nishiyama et al.,
2014).
2.1.1 Synthesis of High-Quality Wadsleyite Single Crystals
For a composition relevant to Earth’s transition zone with Fe/(Mg+Fe) = 0.11 (Irifune and
Isshiki, 1998; Frost, 2003a), wadsleyite becomes stable at pressures in excess of 14 GPa as
can be read from the phase diagram of the (Mg,Fe)2SiO4 system (Fig. 2.1). The neces-
sary conditions of pressure and temperature can be reached with multi-anvil presses while
retaining a sample volume large enough to facilitate growth and subsequent recovery of sin-
gle crystals with dimensions of several hundred micrometers. A general introduction into
multi-anvil presses and their operation can be found in Keppler and Frost (2005).
Different strategies have been developed to synthesize wadsleyite crystals with dimen-
sions in excess of 100µm. Sawamoto (1986) and Sawamoto and Horiuchi (1990) obtained
large wadsleyite crystals when annealing mixtures of synthetic forsterite and fayalite pow-
ders at conditions close to the boundary between the stability fields of wadsleyite and ring-
woodite or the respective two-phase field, i. e. at pressures and temperatures around 20 GPa
1Laboratory for Materials and Structures, Tokyo Institute of Technology, Yokohama 226-8503, Japan, B
nishiyama.n.ae@m.titech.ac.jp
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Figure 2.1: Phase diagram of the system
(Mg,Fe)2SiO4 as a function of pressure and
Fe/(Mg+Fe) ratio. Phase boundaries at 1400◦C
and 1600◦C are from Frost (2003b) and Finger
et al. (1993), respectively. α: olivine, β : wads-
leyite, γ: ringwoodite.
Figure 2.2: Oxygen fugacity as a function
of temperature for different buffer reactions
and CO2:CO gas mixtures. FMQ: fayalite-
magnetite-quartz, WM: wüstite-magnetite, IW:
iron-wüstite. Numbers on lines indicate mo-
lar CO2:CO ratios. Curves computed based
on data given in O’Neill (1987), O’Neill and
Pownceby (1993), and Holland and Powell
(1998).
and 2000◦C. Similarly, Sinogeikin et al. (1998) used San Carlos olivine with Fe/(Mg+Fe) =
0.086 as starting material to synthesize single crystals with sizes up to 500µm at 18 GPa and
1600◦C. Shatskiy et al. (2009) grew millimeter-sized wadsleyite crystals from a carbonate
flux by imposing a thermal gradient across the sample capsule. A quantitative description
on how water and high oxygen fugacities control and enhance grain growth of wadsleyite
has been presented by Nishihara et al. (2006).
Here, all three strategies were explored experimentally by using natural and synthetic
olivine powders as starting materials and by adding liquid water or a carbonate flux (Ta-
ble 2.1). Olivine powder with Fe/(Mg+Fe) = 0.1 was synthesized from fired oxide pow-
ders (48.82(1) wt-% MgO, 10.75(1) wt-% Fe2O3, 40.43(1) wt-% SiO2) that were reacted at
1150◦C and at an oxygen fugacity2 of log f O2 = −11 or ∆FMQ = −2 (Fig. 2.2). The oxy-
gen fugacity was buffered by continuously purging the furnace with CO2 and CO gases in
a ratio of CO2:CO = 69:31. Prior to each of three consecutive redox annealing steps of
24 h duration, reactant powders were ground and homogenized under ethanol in an agate
mortar. The obtained olivine powder was verified to be pure (> 99 vol-%) by powder X-ray
diffraction and kept in a drying oven or desiccator to prevent the adsorption of moisture
from the air.
For the carbonate-based flux (Shatskiy et al., 2009), K2CO3, MgCO3, and FeCl2 pow-
ders were fired at 500◦C, 200◦C, and 500◦C, respectively, to remove any adsorbed wa-
2Oxygen fugacity f O2 is conventionally reported as the logarithm of the ratio f O2/P0 to the base of 10,
where P0 is the reference pressure that is usually set to 1 bar. In mineralogy, oxygen fugacities are commonly
reported with respect to redox reactions such as the fayalite-magnetite-quartz (FMQ) equilibrium: 2 Fe2SiO4+
O2
 2 Fe2O3 + 2 SiO2. In this case, the difference ∆ to the respective reaction is given in logarithmic units.
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Table 2.1: Wadsleyite synthesis experiments
Synthesis run #1a #2a #3 #4
BGI run number H4015 H4183 H4020 H4077
Starting materials
Olivine powder San Carlos San Carlos synthetic synthetic
Fe/(Mg+Fe) 0.1 0.1 0.1 0.1
Water/flux — liquid water — K2CO3-MgCO3-FeCl2
Pre-treatment — — firing firing
Synthesis conditions
Capsule material Re Pt Re Pt
Pressure (GPa) 16 15 16 16
Temperature (◦C) 1600 1400 1600 1600
Duration (h) 3 3 3 5
Wadsleyite crystals
Grain size (µm) < 500 < 1000 < 100 < 500
Optical clarity high high low low
Water content (wt-%)b 0.24 0.72 n.d. n.d.
aSynthesis runs prepared and conducted by Takaaki Kawazoe.
bSee section 2.2.3; n.d. not determined.
ter. The dried powders were then mixed in the molar ratios K2CO3:MgCO3:FeCl2 = 9:9:1
(58.41(1) wt-% K2CO3, 35.64(1) wt-% MgCO3, 5.95(1) wt-% FeCl2) to obtain Fe/(Mg+Fe)
= 0.1 and ground under air in an agate mortar. Subsequent storage in a drying oven aimed
at preventing hydration of the flux by adsorption of moisture from the air. San Carlos olivine
powder was provided by Takaaki Kawazoe3 and was kept at room conditions without pro-
visions to prevent the adsorption of moisture from the air.
San Carlos olivine powder (run #1), San Carlos olivine powder with added liquid water
(run #2), synthetic olivine powder (run #3), or a mixture of synthetic olivine powder and
carbonate flux (run #4) were packed into metal capsules, 2.7 mm long and 1.6 mm in di-
ameter, that were sealed either by folding the capsule walls or by welding when fabricated
from rhenium or platinum, respectively. The capsules containing the starting materials were
inserted into assemblies consisting of a resistive heater surrounded by thermal insulation
sleeves and the octahedrally shaped pressure-transmitting medium as shown in Figure 2.3b.
Annealing of ceramic parts at 1000◦C prior to their assembling removed adsorbed moisture.
Synthesis runs #1 and #2 were prepared and conducted by Takaaki Kawazoe.
All experiments were carried out with a 1000-ton hydraulic press4 using a 6/8 or Kawai-
type (Kawai and Endo, 1970) anvil arrangement compressing a 14/8 assembly5 (Keppler
and Frost, 2005). For synthesis runs #1, #3, and #4 (#2), the compressing force of the press
was linearly increased to 8 MN (7 MN) in 4 h (13 h) corresponding to a pressure of 16 GPa
(15 GPa) inside the capsule (Keppler and Frost, 2005). Subsequently, the electrical power of
the resistive heater was increased to 660 W (560 W) within 20 to 50 min to reach a temper-
3Now at: Department of Earth and Planetary Systems Science, Hiroshima University, Hiroshima 739-8526,
Japan, B kawazoe@hiroshima-u.ac.jp
4Hymag GmbH, Betzdorf, Germany
5The ratio 14/8 describes the ratio of the edge length of the octahedron containing the capsule to the edge
length of the triangular truncation of the inner anvils that press on each face of the octahedron (Keppler and
Frost, 2005; see also Fig. 2.3a).
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Figure 2.3: Drawing of anvil arrangement (a) around heater and capsule assembly (b) for a multi-
anvil experiment. A: anvils (tungsten carbide), G: gaskets (pyrophyllite), M: pressure-transmitting
medium (Cr:MgO), C: capsule (rhenium or platinum), H: heater (LaCrO3), I: thermal insulation
(ZrO2), E: electrodes (molybdenum), T: tubing (Al2O3), S: spacer (pyrophyllite).
ature of 1600◦C (1400◦C) according to a previously established temperature-power relation
for 14/8 assemblies. The uncertainty on the temperature was estimated to be ±50◦C. Pres-
sure and temperature were kept constant for 3 h and 5 h for runs #1, #2, and #3 and run
#4, respectively, before quenching by switching off the heater power. The assembly was
then slowly decompressed to ambient conditions for 12 to 15 h. The conditions of each
synthesis experiment are compiled in Table 2.1.
After recovery, synthesis products were examined with a polarizing microscope6 to iden-
tify wadsleyite crystals by their optical birefringence. In addition to dark glassy material, all
capsules contained aggregates of translucent bluish-green grains of varying sizes that were
identified as wadsleyite based in their optical properties and Raman spectra. Synthesis run
#3 yielded few wadsleyite grains with maximum sizes of 100µm. When combined with the
carbonate flux as in run #4, the synthetic olivine powder recrystallized to larger wadsleyite
grains with diameters between 100 to 500µm that were, however, flawed by pervasive de-
fects visible with the microscope (Fig. 2.4a). In runs #1 and #2, clear wadsleyite grains
with sizes in excess of 500µm were obtained (Fig. 2.4b). As indicated by their homo-
geneous extinction between crossed polarizers, most grains appeared to be single crystals
and to meet the requirements for subsequent high-pressure experiments. The successful
synthesis of high-quality wadsleyite single crystals was published by Kawazoe et al. (2015).
While synthesis runs #1, #3, and #4 aimed to synthesize wadsleyite crystals with low
concentrations of hydrogen, a minimum amount of hydrogen appeared to be essential to
grow large and clear wadsleyite crystals. During the preparation of synthetic olivine powder
and the carbonate flux for runs #3 and #4, I removed water adsorbed to powders by firing
starting materials and isolating them from moisture in the air. As a consequence, the water
activity inside the capsules of these experiments can be expected to have remained very
low. The use of San Carlos olivine powder without any firing or drying, however, resulted
in adsorbed water being introduced into the capsule in run #1. In agreement with previous
6Laborlux 12 Pol S, Leitz, Wetzlar, Germany
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Figure 2.4: Photomicrographs of wadsleyite grains synthesized in run #4 (a) and run #1 (b) viewed
between crossed polarizers (XPL).
findings (Nishihara et al., 2006), the higher water activity probably facilitated the growth
of large and clear wadsleyite crystals by accelerating diffusive transport. The recrystalliza-
tion of olivine to wadsleyite is further promoted by high temperatures (Kubo et al., 2004;
Kawazoe et al., 2015).
Most wadsleyite crystals used for the high-pressure experiments in this study came from
synthesis run #1. In addition to these slightly hydrous wadsleyite crystals, more hydrous
wadsleyite crystals from synthesis run #2 were also characterized in the course of this study
and served to independently verify the previously reported effects of hydration on the elastic
properties of wadsleyite (Mao et al., 2008b; Mao et al., 2011). Some of the wadsleyite
grains synthesized in run #2 turned out to be twinned crystals as inferred from the relation
of extinction positions between crossed polarizers (Fig. 2.14 on page 30).
2.1.2 Synthesis of Ferropericlase Single Crystals by Fe-Mg Interdiffu-
sion at High Pressure
As the second most abundant mineral in Earth’s lower mantle (Fiquet et al., 2008; Irifune et
al., 2010), ferropericlase is expected to affect seismic properties of lower mantle rocks with
potential seismic fingerprints arising from elastic softening related to the spin transition of
ferrous iron (Crowhurst et al., 2008; Marquardt et al., 2009b; Wu et al., 2013) and from
the strong elastic anisotropy of ferropericlase (Long et al., 2006; Marquardt et al., 2009a;
Immoor et al., 2018). The high-pressure high-temperature single-crystal elastic properties
of ferropericlase formed thus part of the research goals of this study as initially defined.
Accordingly, ferropericlase crystals have been successfully synthesized with Fe/(Mg+Fe) be-
tween 0.05 and 0.13 and Fe3+/ΣFe < 0.02. These compositions are close to those expected
for ferropericlase in equilibrium with bridgmanite in Earth’s lower mantle (Irifune et al.,
2010).
To synthesize ferropericlase single crystals, we followed a similar protocol as reported
by Antonangeli et al. (2011). Oriented MgO single-crystal platelets were embedded in
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Figure 2.5: Modeled Fe-Mg interdiffusion profiles between an (Mg0.85Fe0.15)O source and MgO at
different pressures. Blue shading indicates the width of the initial MgO layer.
(Mg,Fe)O powder with Fe/(Mg+Fe) = 0.15 to diffuse iron into the MgO single crystals.
Ferropericlase crystals synthesized by Fe-Mg interdiffusion at ambient pressure may contain
impurities of magnesioferrite MgFe3+2 O4 even for Fe/(Mg+Fe) around 0.15 and when syn-
thesized at an oxygen fugacity below the wüstite-magnetite (WM) equilibrium (Fig. 2.2;
Jacobsen et al., 2002; Longo et al., 2011). At the reducing conditions of the lower man-
tle (Frost and McCammon, 2008), however, ferric iron in ferropericlase is predicted to be
incorporated mainly as isolated Fe3+ point defects on tetrahedral sites rather than forming
clusters of Fe3+ occupying both tetrahedral and octahedral sites (Otsuka et al., 2010) that
resemble the cation arrangement in magnesioferrite. Since high pressures and low oxygen
fugacity suppress the formation of ferric iron Fe3+ in ferropericlase (McCammon et al., 1998;
Otsuka et al., 2010; Otsuka et al., 2013), the diffusion experiment was carried out at 1 GPa
and in an iron capsule (Antonangeli et al., 2011).
To optimize the experimental setup and conditions, the Fe-Mg interdiffusion between
a pure MgO layer of thickness L and an (Mg0.85Fe0.15)O source was modeled prior to the
experiment using the following solution for one-dimensional diffusion across opposing faces
of the layer (e. g. Philpotts and Ague, 2009):
[Fe]− [Fe]S
[Fe]L − [Fe]S =
1
2

erf

L/2− x
2
p
Dt

+ erf

L/2+ x
2
p
Dt

(2.1)
with the initial iron concentrations [Fe]S and [Fe]L in the source and in the layer, respec-
tively, and the iron concentration [Fe] after the time t and at the position x measured from
the center of the layer along the symmetric diffusion profile. The diffusion coefficient D
was calculated as a function of pressure, temperature, oxygen fugacity, and composition by
combining the pressure dependence as given by Holzapfel et al. (2003) with the remaining
dependencies given by Mackwell et al. (2005). For each time t and at each position x , the
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Figure 2.6: Drawing of the setup for Fe-Mg interdiffusion experiments between (Mg0.85Fe0.15)O
powder and MgO crystals in a piston-cylinder press. M1, M2, M3: pressure-transmitting media
(crushable Al2O3, Al2O3 powder, talk), C: capsule (iron), X1, X2, X3, X4: MgO single-crystal
platelets (150µm, 98µm, 73µm, 47µm), DS: diffusion source ((Mg0.85Fe0.15)O powder), H: heater
(graphite), I: thermal insulation (pyrex), TC: thermocouple (type B), T: tubing (Al2O3).
diffusion coefficient was approximated by taking the mean of the values calculated for the
composition of the source and the composition at the same position x from the previous
time step. The modeled effect of pressure on the diffusion profiles through an MgO layer of
100µm thickness is shown in Figure 2.5.
(Mg,Fe)O powder with Fe/(Mg+Fe) = 0.15 was synthesized from fired oxide powders
(74.10(1) wt-% MgO, 25.90(1) wt-% Fe2O3) by reacting them in two subsequent cycles of
grinding under ethanol and annealing at 1400◦C and log f O2 = −7 (∆WM = −1.5; Fig. 2.2)
for 24 h. The completeness of the reaction and the purity of the obtained (Mg,Fe)O powder
were verified by powder X-ray diffraction. MgO single crystals7 were mechanically cut and
double-sided polished parallel to the (100) crystallographic plane to circular plane-parallel
platelets with diameters of 2 mm and thicknesses of 47µm, 73µm, 98µm, and 150µm.
The MgO platelets were embedded in the (Mg,Fe)O powder inside an iron capsule as shown
in Figure 2.6. The loaded iron capsule was inserted into a standard 3/4 inch assembly for
a piston-cylinder press8 (Fig. 2.6; Keppler and Frost, 2005). Based on the modeled Fe-
Mg interdiffusion profiles, the diffusion experiment was run at a pressure of 1 GPa and
a temperature of 1400◦C for 312 h (13 days). Because the thermocouple that was used
to measure the temperature next to the capsule (Fig. 2.6) failed after the first day, the
uncertainty on the temperature was estimated to be ±100◦C.
After the experiment, the capsule was recovered and ground down from the side to
expose a cross section along the main diffusion direction. In Figure 2.10a (page 25), the
platelets are apparent as dark bars surrounded by fine-grained material. Placed at the bot-
7Sigma-Aldrich Chemie GmbH, Steinheim, Germany, www.sigmaaldrich.com
8Max Voggenreiter GmbH, Mainleus, Germany, www.voggenreiter-gmbh.de
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Figure 2.7: Photomicrographs of ferropericlase samples synthesized by Fe-Mg interdiffusion at
1 GPa and 1400◦C in an iron capsule. PPL: plane-polarized light, XPL: cross-polarized light.
tom of the capsule, the thinnest platelet could not be recovered and is therefore not visible
in Figure 2.10a. A decompression crack cut through the platelet with an initial thickness
of 98µm. Fine-grained metallic material was dispersed throughout the capsule and inter-
preted as iron that originated from the capsule and reacted with the (Mg,Fe)O powder. All
three platelets were separated from the fine-grained material and polished to expose their
faces. Figures 2.7a and 2.7c show transmitted light photomicrographs of platelets with ini-
tial thicknesses of 73µm and 150µm, respectively. Both platelets are transparent with a
vivid yellow color. When viewed between crossed polarizers (Figs. 2.7b and 2.7d), both
platelets appear to be composed of grains with diameters between 100µm and 500µm.
This size estimation was also verified by a preliminary inspection of the 73µm thin platelet
using electron back-scattered diffraction.
After fragmentation of the 73µm thin platelet, a single grain was isolated and oriented
using single-crystal X-ray diffraction. A double-sided polished, plane-parallel thin section
parallel to the (100) crystallographic plane prepared from this grain is shown in Figure
2.8. The ferropericlase singe crystal is free of inclusions and cracks. The homogeneous
yellow color indicates chemical homogeneity and low ferric iron contents as later verified
by Mössbauer spectroscopy. The synthesized ferropericlase single crystals are of suitable size
and quality for future high-pressure experiments. In contrast to the greenish color observed
on previously synthesized ferropericlase crystals with similar compositions (Keppler et al.,
2007; Antonangeli et al., 2011), the crystals synthesized in this study are yellow and highly
transparent up to thicknesses of at least 150µm (Figs. 2.7a and 2.7c). The change in color is
most probably related to slightly higher concentrations of ferric iron as compared with green
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Figure 2.8: Photomicrograph of a ferropericlase single crystal oriented parallel to the (100) crys-
tallographic plane.
ferropericlase samples. The effect of ferric iron on the optical properties of ferropericlase at
high pressures and possible implications for radiative heat transport in Earth’s lower mantle
(Goncharov et al., 2006; Keppler et al., 2007) might be another topic of interest for future
investigations on the here-synthesized ferropericlase single crystals.
2.2 Characterization of Samples for High-Pressure Experi-
ments
Many minerals form solid solutions between two or more end members. As the physical
properties of minerals change with chemical composition, chemical characterization forms
the basis to resolve the effect of a given chemical element. For the derivation of the elastic
properties from sound wave velocities, the density and hence the molar mass of the mineral
is needed. While the concentrations of most elements of interest in mantle mineralogy can
be accurately determined by electron microprobe analysis, hydrogen concentrations can be
quantified by infrared absorption spectroscopy. Given the strong effect of hydrogen incorpo-
ration on density and elastic properties, a reliable determination of hydrogen concentrations
is of particular importance for wadsleyite single crystals.
2.2.1 Chemical Characterization by Electron Microprobe Analysis
The chemical compositions of synthesized samples were determined by electron microprobe
analysis (EMPA). Here, I will focus on the sample specific analysis strategy. A general intro-
duction into the wide field of EMPA can be found, for example, in Goldstein et al. (2018).
Measurements were performed on a JEOL9 JXA-8200 electron microprobe. X-ray fluores-
9JEOL Ltd., Tokyo, Japan, www.jeol.co.jp
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Table 2.2: Parameters for electron microprobe analysis
Element Analyzed X-ray Counting time (s) Detection Standard material
line energy (keV)a line background limit (µg/g)b
Wadsleyite
Si Kα 1.740 20 2 × 10 62 (Mg,Fe)2SiO4 olivine
Al Kα 1.487 20 2 × 10 43 MgAl2O4 spinel
Fe Kα 6.404 20 2 × 10 105 (Mg,Fe)2SiO4 olivine
Mn Kα 5.899 20 2 × 10 101 MnTiO3 pyrophanite
Mg Kα 1.254 20 2 × 10 60 (Mg,Fe)2SiO4 olivine
Ca Kα 3.692 20 2 × 10 22 CaSiO3 wollastonite
Ni Kα 7.478 20 2 × 10 129 Ni elemental nickel
Ferropericlase
Si Kα 1.740 20 2 × 10 57 Mg2SiO4 forsterite
Al Kα 1.487 20 2 × 10 47 MgAl2O4 spinel
Fe Kα 6.404 20 2 × 10 100 Fe elemental iron
Mg Kα 1.254 20 2 × 10 70 Mg2SiO4 forsterite
aEnergies from Bearden (1967).
bBased on oxide mass.
cence was excited in the sample by a beam of electrons accelerated with a voltage of 15 kV
and focused to a spot size of 1 to 2µm on the sample surface. The beam current was set
to 15 nA. Element specific parameters are listed in Table 2.2 for wadsleyite and ferroperi-
clase. Detection limits and statistical errors on element concentrations were estimated for
individual measurements based on Poisson counting statistics. In this case, the estimated
standard deviation σ on the absolute photon count N is given by σ =
p
N and was propa-
gated through subsequent calculations. Stated errors reflect standard deviations for average
compositions.
For wadsleyite, chemical characterization aimed at assessing the homogeneity of the
synthesis products. Figure 2.9 shows the major element compositions of four wadsleyite
crystals. As revealed by the line scans, magnesium, silicon, and iron are homogeneously
distributed both within each crystal and across the four examined crystals. Full chemical
compositions of analyzed wadsleyite crystals including all analyzed elements and chemical
formulae have been published in Kawazoe et al. (2015) and in Buchen et al. (2017) (Chapter
4, Table A.1 on page 185).
As the ferropericlase crystals were synthesized by Fe-Mg interdiffusion (see section
2.1.2), we expect concentration gradients across the samples. Figure 2.10 shows the results
of line scans across different regions of the synthesis product in terms of the Fe/(Mg+Fe)
ratio. Although the Fe/(Mg+Fe) ratio increased from 0 to at least 0.05 even in the center
of the thickest platelet, steep concentration gradients persist across the platelets with thick-
nesses of 98µm and 150µm. These gradients are steeper than those predicted by a simple
diffusion model (see section 2.1.2 for details). Some parts of the platelets, however, show
gradients that might be negligible in view of the typical thickness of samples for diamond
anvil cell experiments, i. e. around 20µm. Moreover, the spread in compositions allows to
select crystals with different compositions for comparative studies, for example by loading
multiple crystals together inside the same diamond anvil cell (Schulze et al., 2017).
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Figure 2.9: Electron microprobe analysis of wadsleyite grains synthesized in run #1 (Table 2.1).
Compositions in b) were measured along the lines shown in a).
Figure 2.10: Electron microprobe analysis of Fe-Mg interdiffusion profiles. Fe/(Mg+Fe) ratios in b)
were measured along the lines shown in a). Black lines in b) show modeled Fe-Mg interdiffusion
profiles for the indicated diffusion times.
25
2 Experimental
Figure 2.11: Omega profiles of the 211 and 240 reflections recorded on crystals synthesized in
run #1 (a) and run #2 (b).
2.2.2 Assessment of Crystal Quality by Single-Crystal X-ray Diffraction
Wadsleyite crystals with homogeneous extinction between crossed polarizers were sepa-
rated and glued to the tip of a glass fiber. The glass fiber was mounted onto a goniometer
head that was inserted into one of the diffractometer systems described in section 2.4.1.1.
After determination of the orientation matrix using the XcaliburTM 221 diffractometer, the
HUBER22 diffractometer was used to scan ω profiles of individual reflections. Reflection
profiles of single crystals contain information about the mosaic structure and hence the
quality of the single crystal (Massa, 2011). The broader the ω profile of a given reflection,
the higher is the spread in misorientations of domains in the crystal. The widths ofω profiles
of individual reflections therefore reflect the degree of internal distortion of a crystal. Only
crystals with full widths at half heights of ω scans below 0.15◦ were retained for further
analysis and experiments. Lattice parameters were determined in air using the 8-position
centering procedure as described in section 2.4.1.1. Figure 2.11 shows representative re-
flection profiles of two wadsleyite crystals. Further results of single-crystal X-ray diffraction
experiments on wadsleyite crystals at ambient conditions have been published in Kawazoe
et al. (2015) and Buchen et al. (2017) (Chapter 4).
After the refinement of lattice parameters, the computed orientation matrix was used
to rotate the crystal on the goniometer so as to bring a selected lattice plane in a horizon-
tal position. Without changing the orientation, the crystal was immersed in a droplet of
Verifix R©10 adhesive resting on a horizontally oriented glass slide. The adhesive was cured
with UV radiation fixing the crystal with the selected lattice plane parallel to the flat sur-
faces of the glass slide. Prepared in this way, single crystals were double-sided polished to
plane-parallel thin sections by staff11 of the sample preparation laboratory at the Bayerisches
Geoinstitut. The orientation of polished crystal sections was preserved within 3◦ as verified
10Bohle AG, Haan, Germany, www.bohle-group.com
11Hubert Schulze, B hubert.schulze@uni-bayreuth.de, Raphael Njul, B raphael.njul@uni-bayreuth.de
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Figure 2.12: Schematic drawing of a Fourier-transform infrared spectrometer. L: light source
(tungsten lamp), A1: aperture, BS: beam splitter (Si-coated CaF2), M: scanning mirror, P: polarizer,
C: crystal, O: reflecting optics, A2: variable aperture, D: detector, G: pre-amplifier.
by X-ray diffraction on crystals loaded into diamond anvil cells (see section 2.4.1.1). Most
crystal sections deviated by only about 1◦ from the selected lattice plane.
2.2.3 Determination of Hydrogen Concentrations by Fourier-
Transform Infrared Absorption Spectroscopy
The detection and quantification of hydrous species in minerals by means of infrared spec-
troscopy has evolved to a standard technique in mineralogy (e. g. Rossman, 1988; Rossman,
2006). As explained in section 1.3.1, hydrogen is incorporated into the crystal structure of
wadsleyite in the form of hydroxyl groups (Smyth, 1987; McMillan et al., 1991; Young et
al., 1993; Jacobsen et al., 2005). While the strength of infrared absorption is related to
the concentration of the absorbing species through the Beer-Lambert law (Rossman, 1988;
Libowitzky and Rossman, 1997), frequency and polarization of the absorption bands reflect
the atomic environment of the absorbing species such as bond length (Nakamoto et al.,
1955; Libowitzky, 1999) and orientation (Libowitzky and Rossman, 1996; Jacobsen et al.,
2005; Libowitzky, 2006) of hydroxyl groups. Polarized infrared absorption spectra there-
fore allow discriminating between different types of structurally bonded hydroxyl groups
and to recognize hydroxyl groups that are present in phases other than the mineral of inter-
est, for example on grain boundaries or in inclusions. The ability to identify and quantify
hydrogen concentrations independently for different types of hydroxyl groups brings about
important advantages over other analytical techniques that are blind to the original state of
counted hydrogen atoms in the sample such as Secondary Ion Mass Spectrometry (SIMS)
and Elastic Recoil Detection Analysis (ERDA) (Rossman, 2006). Both SIMS (Inoue et al.,
1995; Demouchy et al., 2005; Deon et al., 2010; Bolfan-Casanova et al., 2012) and ERDA
(Bolfan-Casanova et al., 2018) have been used to quantify hydrogen contents of wadsleyite
beside numerous infrared spectroscopy studies (e. g. McMillan et al., 1991; Young et al.,
1993; Kohlstedt et al., 1996; Jacobsen et al., 2005; Deon et al., 2010).
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Figure 2.13: Photomicrographs of oriented wadsleyite single crystals (a,b) and FTIR absorption
spectra (c,d) recorded at the spots indicated in a) and b). Spectra in c) were recorded on the
crystal section shown in a); spectra in d) were recorded on the crystal section shown in b).
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Table 2.3: Hydrogen concentrations in wadsleyite crystals from FTIR spectroscopy
Crystal Number Polarized Unpolarized Ratio
orientation of spectra [H2O]P [H2O]U [H2O]P
(hkl) N (mol l−1)a (mol l−1)a [H2O]U
Synthesis run #1
(120) 1 0.51(5) 0.56(7) 0.91(14)
(120) 6 0.41(4) 0.44(6) 0.93(16)
(243) 1 0.43(4) 0.41(6) 1.05(18)
(243) 2 0.59(5) 0.50(7) 1.18(19)
Mean (mol l−1) 0.49(5) 0.48(7)
(wt-%) 0.24(2) 0.24(3)
(mpfu)b 0.0198(18) 0.0196(27)
Synthesis run #2 Mean
(120) 1 1.47 (33) 1.60(24) 0.92(15)
(243) 2 1.39(31) 1.25(18) 1.11(19)
Mean (mol l−1) 1.43(32) 1.43(21)
(wt-%) 0.72(16) 0.72(11)
(mpfu)b 0.0581(128) 0.0581(85)
Numbers in italics were calculated based on the mean ratio
[H2O]P/[H2O]U for the respective crystal orientation.
aBased on the calibration by Libowitzky and Rossman (1997).
bH2O molecules per formula unit.
Descriptions on the theory and instrumentation of Fourier-Transform Infrared Spec-
troscopy (FTIR) can be found for instance in McMillan and Hofmeister (1988) and Kuz-
many (2009). Here, I concentrate on those aspects essential for this study. Figure 2.12
shows a schematic drawing of the FTIR setup that consisted of an infrared microscope with
reflecting optics coupled to a Bruker12 IFS 120 HR FTIR spectrometer. A detailed descrip-
tion of the experimental procedure has been published in Buchen et al. (2017) (Chapter 4,
sections 4.2.4 and A.1.1). FTIR absorption spectra were recorded on plane-parallel wad-
sleyite single-crystal thin sections that were oriented parallel to the (120) or (243) crys-
tallographic planes and double-sided polished. Polarized and unpolarized spectra were
recorded in transmission covering a spectral range from 2500 to 4000 cm−1 with a reso-
lution of 4 cm−1. Immersing the single-crystal thin sections in polychlorotrifluoroethylene
oil substantially reduced interference fringes but did not suppress them completely. Intents
to reduce inference fringes by placing the thin sections above a small circular aperture in a
metal foil instead of using a CaF2 support plate were to no avail indicating that interference
originated within the sample by internal reflections on the plane-parallel polished sample
surfaces.
The quantitative analysis of recorded FTIR spectra is explained in detail in section A.1.1
including background correction, deconvolution, and integration of absorption bands aris-
ing from structurally bonded hydroxyl groups in wadsleyite. Integrated band absorbances
of polarized FTIR absorption spectra were combined and converted to hydrogen concentra-
tions according to the principles laid out by Libowitzky and Rossman (1996) and Libowitzky
12Bruker Corporation, Billerica, Massachusetts, USA, www.bruker.com
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Figure 2.14: Photomicrograph of a twinned wadsleyite crystal (a) and unpolarized FTIR absorption
spectra (b) recorded at the spots shown in a). In a), part A (pale green color) was oriented parallel
to the (120) crystallographic plane using X-ray diffraction while the tentative orientation of part B
(dark green color) was inferred from extinction positions and pleochroism.
and Rossman (1997). In Buchen et al. (2017) (Chapter 4, section 4.2.4), we applied differ-
ent calibrations to quantify hydrogen in minerals (Paterson, 1982; Libowitzky and Rossman,
1997) and wadsleyite in particular (Deon et al., 2010) by FTIR absorption spectroscopy.
Comparing the results for individual absorption bands (Table A.4 on page 186), we con-
cluded that a wave number-dependent absorption coefficient is needed to take into account
the band-specific absorption strength, in particular for iron-bearing wadsleyite.
In addition to the determination of hydrogen concentrations, I used FTIR spectroscopy
to examine the homogeneity of the synthesized wadsleyite crystals in terms of amount and
speciation of structurally bonded hydroxyl groups (see also Kawazoe et al., 2015). Fig-
ure 2.13 shows two wadsleyite single-crystal sections and the FTIR absorption spectra that
were recorded on different locations on these crystals. Although the two crystals differ
substantially in size, both are internally homogeneous in terms of hydrogen concentrations
and speciations as can be directly inferred from the similarity of polarized FTIR absorption
spectra collected on different spots on each crystal.
Figure 2.14 shows unpolarized FTIR absorption spectra recorded on a more hydrous
wadsleyite crystal (run #2 in Table 2.1). Polarized FTIR absorption spectra recorded on
this and on another crystal from the same synthesis run showed indications for total ab-
sorption of infrared radiation at wave numbers of maximum absorption. The combination
of hydrogen concentration and thickness of these crystal sections together with the addi-
tional reduction of transmitted light intensity caused by the polarizer might have pushed
the transmitted light intensity below a minimum level. When the transmitted light inten-
sity drops below this minimum level, the resulting absorption spectra might be distorted or
even cut off at a maximum threshold absorbance. Water contents of these hydrous crystals
were therefore estimated from unpolarized spectra and an empirical ratio based on water
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contents derived from unpolarized and polarized FTIR absorption spectra of less hydrous
wadsleyite crystals. As the unpolarized spectra may be affected by low transmitted light in-
tensities as well, water contents derived in this way are less reliable and best interpreted as
lower bounds. Table 2.3 summarizes the water contents determined on wadsleyite crystals
used in subsequent experiments.
2.3 High-Pressure Experiments with Diamond Anvil Cells
The transparency of diamond to visible light and X-rays allows to determine a variety of
physical properties on samples held at high pressures inside a diamond anvil cell (DAC)
(Jayaraman, 1983; Mao and Hemley, 1996). Figure 2.16 shows the essential components
of a diamond anvil cell. A comprehensive description of different types of diamond anvil
cells, their assembly, and operation can be found in Miletich et al. (2000). Depending on the
type of experiment or measurement to be performed on the sample, the components shown
in Figure 2.16a need to fulfill specific requirements such as X-ray transparency, temperature
stability, or geometric restrictions. The small sample sizes also pose challenges on sample
preparation techniques. Brillouin spectroscopy experiments, for example, require plane-
parallel and optically clear and transparent samples that are small enough to fit into the
DAC but at the same time large enough to ensure the right scattering geometry.
2.3.1 Sample Preparation for High-Pressure Experiments by Focused
Ion Beam Cutting
Wadsleyite single crystals were oriented parallel to the (120) or (243) crystallographic
planes using X-ray diffraction. Oriented grains were double-sided polished to plane-parallel
sections with final thicknesses between 10 and 20µm. After characterization by FTIR spec-
troscopy (see section 2.2.3), wadsleyite thin sections were glued onto metallic holders using
CrystalbondTM 13, nail polish, or UHU R© 14 super glue without any conductive coating. Sam-
ples were introduced into a FEI15 SciosTMdual beam device equipped with a liquid metal ion
source. A focused Ga+ ion beam was used to cut circles with diameters of 110 to 120µm
and, in a second step, semicircles out of the single-crystal thin sections. Ga+ ions were
accelerated by a voltage of 30 kV and the beam current adjusted between 7 and 30 nA de-
pending on sample thickness and available machine time. To cut wadsleyite samples with
thicknesses between 10 and 20µm, a trench width of about 5µm was found to be sufficient
to ensure clean cutting profiles. Figure 2.15 shows a wadsleyite crystal section after ion
beam cutting.
The central advantage in using ion beam cutting techniques consists in the precision
with which samples of tailored size and shape can be prepared (Marquardt and Marquardt,
2012). Optimized sample shapes allow to load multiple samples into the same high-pressure
chamber of a diamond anvil cell (see Fig. 2.17a). We showed in Schulze et al. (2017)
how loading multiple crystals into the same diamond anvil cell improves the precision and
accuracy in the determination of elastic properties of materials with low crystal symmetry
as well as in the quantification of effects of chemical composition on physical properties at
high pressures. A thin section with final thickness of 13µm was prepared from a sample
13Ted Pella Inc., Redding, California, USA, www.tedpella.com
14UHU GmbH & Co. KG, Bühl, Germany, www.uhu.de
15FEI Technologies Inc., Hillsboro, Oregon, USA, www.fei.com
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Figure 2.15: Back scatter electron image (a) and reflected light photomicrograph (b) of a wads-
leyite single crystal that has been cut into semicircles using a focused ion beam.
of sintered polycrystalline stishovite (Nishiyama et al., 2014) and circles with diameters of
40µm were cut from the thin section as explained above.
2.3.2 Assembly of the Diamond Anvil Cell
This study focuses on the characterization of elastic properties at high pressures that can
be determined using X-ray diffraction (section 2.4.1) and Brillouin spectroscopy (section
2.4.2). Both techniques require a large opening angle of the DAC, i. e. the maximum angle
up to which an X-ray or laser beam can be tilted away from the compression axis while
still passing through the sample. The BX90 diamond anvil cell (Kantor et al., 2012) was
designed with a 90◦ external opening angle and is well suited for the experiments of this
study. To maintain a large opening angle, we used type Ia conical diamond anvils of Boehler
Almax16 design (Boehler and De Hantsetters, 2004; Boehler, 2006) with a nominal opening
angle of 80◦ as constrained by the anvil height and the size of the table. For experiments up
to 20 GPa, we chose diamond anvils with culet sizes of 400 or 500µm. To reach pressures up
to about 70 GPa, the culet size was reduced to 200µm. Diamond anvils were aligned using
the optical interference fringes between the culets of opposing anvils and glued to tungsten
carbide seats with conical cut-outs using super glue or graphite-based high-temperature
glue (Graphi-BondTM 17). Rhenium foils with an initial thickness of 200µm were used as
gaskets. Depending on the culet size, gaskets were preindented to 50–60µm and to 40µm
for culets with diameters of 400–500µm and 200µm, respectively. To create the sample
chamber, a hole was drilled in the center of the indentation using either a focused Ga+ ion
beam or an infrared laser. For DACs to be loaded with two crystals, the diameter of the hole
varied between 235 and 275µm. A gasket with a hole of 330µm in diameter was prepared
for a DAC to be loaded with four wadsleyite crystals. For all high-pressure experiments,
we loaded neon as pressure-transmitting medium as it creates a quasi-hydrostatic stress
environment up to 15 GPa (Meng et al., 1993; Klotz et al., 2009). Even at higher pressures,
deviatoric stresses and pressure gradients remain small in neon (Meng et al., 1993; Klotz
et al., 2009; Buchen et al., 2017; Buchen et al., 2018a). Precompressed neon was loaded
at the gas loading facilities installed at the Bayerisches Geoinstitut (Kurnosov et al., 2008)
16Almax easyLab Inc., Cambridge, Massachusetts, USA, www.almax-easylab.com
17Aremco Products Inc., Valley Cottage, New York, USA, www.aremco.com
32
2.3 High-Pressure Experiments with Diamond Anvil Cells
Figure 2.16: Schematic drawing showing the components of a diamond anvil cell (a) and the
high-pressure chamber (b). F: metal frame, T: seats (tungsten carbide), D: diamond anvils, G:
gasket (rhenium), S: high-pressure sample chamber, H: resistive heater, TC: thermocouple (type
S), M: pressure-transmitting medium (neon), C: crystal, R: fluorescent pressure-temperature sen-
sor (ruby, Sm:YAG)
and at PETRA III at the Deutsches Elektronen-Synchrotron (DESY) in Hamburg, Germany
(Liermann et al., 2015).
To heat the sample inside the DAC at high pressures, we used a resistive heater that
consisted of a platinum wire (∅= 0.5 mm) coiled around a MACOR R© 18 ceramic ring. With
a height of 6 mm, inner and outer diameters of∼16 and∼22 mm, respectively, the heater fit
inside the BX90 metal frame and surrounded the tungsten carbide seats with the diamond
anvils at their centers. At room temperature, the heater had an electrical resistance of
∼0.4Ω and was typically powered with 30 to 115 W depending on the temperature to be
reached. By comparing the temperature measured with a thermocouple in contact with
on of the diamond anvils with the temperature inside the high-pressure chamber of the
DAC as estimated by fluorescence spectroscopy, we found that the heater design was able
to homogeneously heat the space enclosed by the heater and the tungsten carbide seats
including the high-pressure chamber of the DAC and to keep temperatures stable throughout
several days. In this study, experiments were performed at a maximum temperature of about
900 K. To prevent oxidation of the rhenium gasket, the DAC was constantly purged with a
flow of argon and hydrogen gases mixed in a ratio of Ar:H2 = 99:1.
2.3.3 Pressure and Temperature Determination by Fluorescence Spec-
troscopy
During high-pressure experiments, pressure was determined from the calibrated shift of the
ruby R1 fluorescence line to higher wavelengths with increasing pressure (Forman et al.,
1972; Mao et al., 1986). Along with the sample, a ruby sphere (∅ = 20µm) was loaded
into the high-pressure chamber of the DAC. For experiments at combined high pressures
18Corning Inc., Corning, New York, USA, www.corning.com
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Figure 2.17: a) View into a diamond anvil cell loaded with two wadsleyite single crystals, a ruby
sphere (R), and a Sm:YAG crystal (Y). The orientations of the wadsleyite crystals are indicated.
b and c) Fluorescence spectra of ruby (b) and Sm:YAG (c). In b) and c), the spectrum at higher
wave numbers was recorded at ambient conditions. Lines show peak fitting results.
and high temperatures, we also loaded a chip of a samarium-doped yttrium aluminum gar-
net (Sm:YAG) crystal with the intention to determine both pressure and temperature inside
the high-pressure chamber of the DAC by combining pressure- and temperature-induced
shifts of the fluorescence lines of both materials. Fluorescence spectra were recorded either
on a HORIBA19 Jobin Yvon spectrometer, on a Princeton Instruments20 IsoPlane-160 spec-
trometer (both at the Bayerisches Geoinstitut), on a custom-built spectrometer at PETRA
III/DESY in Hamburg (Liermann et al., 2015), or on the online spectrometer at beamline
ID15B of the European Synchrotron Radiation Facility (ESRF) in Grenoble. Typically, two
fluorescence spectra were collected through each anvil of the DAC, i. e. four in total, be-
fore and after X-ray diffraction or Brillouin spectroscopy experiments. Reference spectra of
ruby and Sm:YAG at ambient conditions were recorded for each fluorescence spectroscopy
session. The Raman spectrum of a silicon standard recorded on the respective spectrom-
eter and for each fluorescence spectroscopy session was used to correct for small shifts in
wave numbers assuming a wave number of 521 cm−1 for the Raman active mode of silicon
(Russell, 1965; Parker et al., 1967; Hart et al., 1970). During synchrotron X-ray diffraction
experiments, however, the collection of reference spectra was not possible. To extract the
central wave numbers of fluorescence lines, recorded fluorescence spectra were analyzed by
fitting Lorentzian peak functions to observed fluorescence lines of ruby and Sm:YAG. After
converting the central wave numbers of the ruby R1 fluorescence line and the Sm:YAG Y1
fluorescence lines to wavelengths, I calculated pressures according to the calibrations given
by Dewaele et al. (2008) for ruby and by Trots et al. (2013) for Sm:YAG. The wavelength
of the respective fluorescence line at ambient conditions was taken from the recorded ref-
erence spectrum if available. Errors were estimated as the standard deviation of pressures
determined before and after X-ray diffraction or Brillouin spectroscopy experiments. Figure
2.17 shows typical ruby and Sm:YAG fluorescence spectra.
In the case of experiments at combined high pressures and high temperatures, the dis-
placements of fluorescence lines from their wave numbers at ambient conditions result from
the addition of pressure- and temperature-induced shifts. For both ruby and Sm:YAG, com-
19HORIBA Ltd., Kyoto, Japan, www.horiba.com
20Princeton Instruments, Trenton, New Jersey, USA, www.princetoninstruments.com
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bined pressure- and temperature-induced shifts have been calibrated (Hess and Schiferl,
1990; Rekhi et al., 1999; Sanchez-Valle et al., 2002; Wei et al., 2011). These calibrations
can be used to derive pressure and temperature from pairs of ruby and Sm:YAG fluorescence
spectra recorded at the same pressures and temperatures. I combined the calibrations for
the pressure- and temperature-induced wavelength shifts for the ruby R1 fluorescence line
by Dewaele et al. (2008) and Wei et al. (2011), respectively, with the calibrations for the
pressure- and temperature-induced wave number shifts for the Sm:YAG Y1 fluorescence line
by Hess and Schiferl (1992) and Hess and Schiferl (1990), respectively, to numerically solve
for the pressure-temperature combinations of experiments at simultaneously high pressures
and high temperatures. As the ruby sphere and the Sm:YAG crystal were placed next to the
sample, pressures and temperatures derived in this way should reflect the conditions in-
side the high-pressure chamber of the DAC. As for pressures, errors on temperatures were
estimated from the standard deviation of several measurements at the same conditions.
Temperatures determined by fluorescence spectroscopy were identical within uncertainties
to those read from a thermocouple placed next to one of the diamond anvils. Owing to the
strong intensity reduction of the ruby and Sm:YAG fluorescence signal at high temperatures
(Hess and Schiferl, 1990; Wei et al., 2011) and the related limited temperature range of
available calibrations, the method to derive pressure and temperature from fluorescence
spectra as explained above may be applied up to about 800 K. This range coincides with
temperatures achievable with the resistive heater used in the present study.
2.4 Determination of Elastic Properties at High Pressures
Minerals and rocks behave elastically for sufficiently small strains and stresses (Karato,
2008). Within the elastic limit, the components of the stress tensor σi j are linearly related
to the components of the strain tensor "i j (Nye, 1985; Haussühl, 2007):
σi j = ci jkl"kl and "i j = si jklσkl (2.2)
The fourth-rank tensors that connect the second-rank tensors of stress and strain are the
elastic stiffness tensor with components ci jkl and its inverse, the elastic compliance tensor
with components si jkl . Although the components of the elastic stiffness and compliance ten-
sors vary with pressure and temperature, they are commonly referred to as elastic constants
and elastic coefficients, respectively (Haussühl, 2007). Consequently, I adopted the term
elastic constants for the components of the elastic stiffness tensor in chapters 4, 6, and 7.
The pressure-volume-temperature (P-V -T) relationship or the equation of state (EOS)
of a mineral illustrates how elastic properties are linked to the thermodynamic behavior of
the mineral (Eliezer et al., 1986; Poirier, 2000). The Gibbs free energy G determines the
stability of phase assemblages for example in rocks (Philpotts and Ague, 2009) and can be
decomposed into the Helmholtz free energy F and the product of pressure P and volume
V (Atkins and de Paula, 2006):
G (P, T ) =F (V, T ) + PV (2.3)
This Legendre transformation changes the natural variables of the Gibbs free energy G (P, T ),
pressure P and temperature T , to the natural variables of the Helmholtz free energy
F (V, T ), volume V and temperature T . From an experimental point of view, this has the
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advantage that volume can be measured directly, for example by X-ray diffraction (see sec-
tion 2.4.1). Pressure is defined as the derivative of the Helmholtz free energy with respect
to volume at constant temperature (Poirier, 2000):
P = −

∂F
∂ V

T
(2.4)
The Helmholtz free energy is usually assumed to follow an expansion in terms of volume
strain f of the form (Poirier, 2000; Stixrude and Lithgow-Bertelloni, 2005):
F (V, T ) =F0 +∆THF (V, T ) +
1
2
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24
b4 f
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with the Helmholtz free energy at the reference state F0 and the temperature-dependent
(thermal) contribution ∆THF (V, T ). Hydrostatic compression can cause elastic strains that
are too high to be described by a linear relation between stress and strain as suggested by
equation (2.2) because the elastic properties themselves change as a result of compression.
Equation (2.5) therefore expands the Helmholtz free energy in terms of finite volume strains
f instead of infinitesimal strains. From the Eulerian definition of finite strain (Poirier, 2000;
Stixrude and Lithgow-Bertelloni, 2005)
f = fE =
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V
2/3
− 1

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and the definition of pressure (2.4), we obtain:
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with the thermal pressure
PTH = −

∂∆THF
∂ V

T
(2.8)
Equation (2.7) relates pressure to volume and temperature, P = P(V, T ), and is called an
equation of state. The experimental task consists in determining the numerical values of the
coefficients b2, b3, b4, ... from measurements of volume, pressure, and temperature. Based
on the definition (Poirier, 2000)
K = −V

∂ P
∂ V

(2.9)
the coefficients b2, b3, and b4 can be related to the bulk modulus K0 and its first and second
pressure derivatives, K ′0 = ∂ K0/∂ P and K
′′
0 = ∂
2K0/∂ P
2, at the reference state as (Poirier,
2000; Stixrude and Lithgow-Bertelloni, 2005):
b2 = 9K0 (2.10)
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Inserting the expressions for b2 and b3 into equation (2.5) and truncating after the term in
f 3 yields the third-order Birch-Murnaghan EOS (Birch, 1947; Angel, 2000; Poirier, 2000):
P =
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The truncation to third order implies that (Angel, 2000)
K ′′0 =
K ′0(7− K ′0)− 143/9
K0
(2.14)
For second order, we find from equation (2.11) that K ′0 = 4.
The determination of the EOS parameters therefore facilitates the evaluation of the
changes in Helmholtz or Gibbs free energies that arise from compression. At pressures
of Earth’s mantle, the energetic contribution of compression is substantial and needs
to be taken into account when computing phase equilibria. Compressing forsterite at
ambient temperature to 10 GPa, for example, increases the Gibbs free energy by about
420 kJ mol−1 whereas isobaric heating to 1500◦C would decrease the Gibbs free energy by
about 390 kJ mol−1. A generalization of finite-strain theory for anisotropic materials and
strains has been presented by Stixrude and Lithgow-Bertelloni (2005). For single crystals,
a relation between the pressure and the finite strains along individual crystallographic axes
can be derived to capture the anisotropy of compressibility (Angel, 2000; Angel et al., 2014).
Elastic properties, i. e. components of the elastic stiffness tensor or combinations of
them, can be determined using static or dynamic methods (Haussühl, 2007). Static meth-
ods explore the elastic deformation of a sample as a response to a statically applied force.
In high-pressure compression experiments, for instance, the change in shape and size of a
sample is determined as a function of the applied pressure. Dynamic methods use time- and
space-dependent stress fields such as oscillations or elastic waves. Most modern experimen-
tal techniques to determine the elastic properties of minerals are based on the propagation
of sound waves (Schreuer and Haussühl, 2005; Angel et al., 2009), and some of these tech-
niques have been successfully combined with diamond anvil cells (Whitfield et al., 1976;
Zaug et al., 1993; Spetzler et al., 1996; Mao et al., 2001; Fiquet et al., 2004).
Here, I performed X-ray diffraction and Brillouin spectroscopy experiments on samples
contained in diamond anvil cells to determine their elastic properties as a function of pres-
sure. X-ray diffraction is sensitive to changes in the size and shape of the crystallographic
unit cell. From the evolution of the unit cell dimensions with pressure, volume and axial
compressibilities can be derived in addition to the pressure-volume relation known as the
equation of state. Brillouin spectroscopy of single crystals allows to determine the full elas-
tic stiffness tensor and hence provides a complete description of elastic properties. When
performed on the same sample, X-ray diffraction and Brillouin spectroscopy complement
each other as densities derived from X-ray diffraction can be combined with sound wave ve-
locities determined by Brillouin spectroscopy to directly constrain elastic properties at high
pressures and high temperatures.
2.4.1 X-Ray Diffraction at High Pressures
X-ray diffraction has evolved to a routine technique in the study of materials at high pres-
sures. A general introduction to X-ray diffraction can be found, for example, in Giacovazzo
et al. (2011). High-pressure applications of X-ray diffraction were explained, for example,
by Miletich et al. (2005), Angel et al. (2000), and by Boffa Ballaran et al. (2013). Here, I
will focus on the experimental details relevant to the present study.
For the quantification of elastic properties, the essential information provided by X-ray
diffraction is the size and shape of the unit cell. Unit cell or lattice parameters are derived
from the geometry of the diffraction pattern. In an X-ray diffraction experiment, the geom-
etry of the crystal lattice is converted into diffraction angles 2θ of diffracted X-ray beams
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Figure 2.18: Rotation axes of a four-circle Eulerian cradle and the Cartesian diffractometer coor-
dinate system as defined by Busing and Levy (1967).
hkl that are labeled according to the family of crystallographic planes (hkl) on which they
were diffracted or reflected. The diffraction angle is related to the spacing dhkl of the corre-
sponding lattice planes by Bragg’s law (Bragg, 1914):
nλ= 2dhkl sinθ (2.15)
where λ is the wavelength of the X-rays. The order of diffraction (or constructive interfer-
ence) is conventionally set to n= 1 and the indices hkl multiplied by the respective integer.
For monoclinic crystal symmetry, for example, the spacing of a given family of planes relates
to the lattice parameters as (Massa, 2011):
1
d2hkl
=
h2
a2 sin2β
+
k2
b2
+
l2
c2 sin2β
− 2hl cosβ
ac sin2β
(2.16)
with the unit cell edge lengths a, b, and c and the monoclinic angle β spanned by the a and
c axes. By measuring the diffraction angles and hence the lattice spacings of a sufficiently
large number of planes, equation (2.16) can be used to refine the lattice parameters by
means of a least-squares method. The principles summarized above hold equally true for
diffraction of X-rays by single crystals or powders.
2.4.1.1 Single-Crystal X-Ray Diffraction
Different diffractometer systems for single-crystal X-ray diffraction and their modes of oper-
ation have been discussed by Angel et al. (2000). Here, I will briefly summarize geometrical
conventions and relations relevant for the determination of the crystal orientation as this
is of particular interest for the analysis of sound wave velocities determined by Brillouin
spectroscopy. Figure 2.18 illustrates the rotation axes of a four-circle Eulerian cradle.
A fixed Cartesian coordinate system is defined following the conventions of Busing and
Levy (1967) with the Y axis along the direct X-ray beam, the Z axis vertical, and the X
axis completing the right-handed Cartesian coordinate system (Fig. 2.18; Busing and Levy,
1967; Angel et al., 2000). As explained in chapter 5, the crystal-physical coordinate system
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(eqn. (5.1) on page 115) is attached to the crystallographic axes a, b, and c of the crystal
according to the convention (Haussühl, 2007):
e1 = e2 × e3
e2 =
b∗
b∗
e3 =
c
c
(2.17)
A vector h in reciprocal space with components h, k, and l along the reciprocal axes a∗, b∗,
and c∗ is transformed into the crystal-physical coordinate system by the matrix B (Haussühl,
2007):
he = Bh with B =
c/(V b∗) 0 −a cosβ/(V b∗)a∗ cosγ∗ b∗ c∗ cosα∗
0 0 1/c
 (2.18)
where a, b, c, α, β , γ, and V are the lattice constants and unit cell volume in direct space.
Their counterparts in reciprocal space are marked with a star ∗. The orientation matrix U
transforms the vector he from the crystal-physical system to the Cartesian system of the
diffractometer with axes X, Y, and Z as defined above:
hXYZ = Uhe (2.19)
The orientation matrix U can be computed from the angle settings of the four-circle Eulerian
cradle for a minimum of two reflections with known plane normal vectors h that have been
brought into their reflection positions (Busing and Levy, 1967; Angel et al., 2000). The
combined matrix UB therefore converts the plane normal vector h from the reciprocal axis
system to the diffractometer system.
Once the matrix UB has been refined from a sufficiently large number of reflections, the
orientation of the crystal can be derived from the inverse matrix UB−1. For the determi-
nation of elastic constants by Brillouin spectroscopy, it can be an advantage to know the
normal vector of the plane defined by the probed wave vectors. In the symmetric forward
scattering geometry (see section 2.4.2.2), the plane of probed wave vectors coincides with
the orientation of the plane-parallel surfaces of the crystal section. When the parallel sur-
faces of the crystal section are oriented perpendicular to the direct X-ray beam, i. e. the Y
axis, the normal vector h of the crystal section in the reciprocal axis system can be directly
read from the inverse matrix UB−1 as the second column vector (Angel et al., 2000):
h = UB−1
01
0
 (2.20)
The unit normal vector n in the crystal-physical system as used in chapter 5 is then obtained
as:
n =
1
|h|Bh (2.21)
Similarly, the angle χ0 (see page 115) enclosed by the unit vectors g0 (eqn. (5.4)) and p is
calculated from the scalar product:
χ0 = cos
−1(p · g0) (2.22)
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with p ‖ X or p ‖ Z for a horizontal or vertical Brillouin scattering plane, respectively. The
plane-parallel surfaces of a crystal section inside a DAC are assumed to be parallel to the
culets of the diamond anvils. Aligning the DAC with the compression axis parallel to the
direct X-ray beam therefore ensures that n ‖ Y for the unit normal vector n of the crystal
section.
After loading two wadsleyite single crystals with complementary orientations into the
high-pressure chamber of the same DAC, the DAC was closed and mounted onto the Kappa
four-circle goniometer of an XcaliburTM 221 diffractometer. The DAC was aligned with the
compression axis parallel to the direct X-ray beam, and the center of the high-pressure cham-
ber was aligned with the center of rotation of the goniometer. Molybdenum Kα radiation
was generated in an X-ray tube at 40 or 50 kV and 30 or 40 mA, and diffracted X-rays were
detected with a CCD area detector. The diffraction pattern was tiled from individual diffrac-
tion images that were collected with exposure times of 40 s at diffraction angles 2θ ≤ 60◦
and taking into account the effective opening angleψ≤ 45◦ of the DAC. Using the software
package CrysAlisPro 21, the two-dimensional diffraction pattern was indexed and unit cell
parameters and orientation matrices extracted for both crystals.
For a precise determination of lattice parameters and crystal orientations, the DAC was
transferred to the four-circle Eulerian cradle of a HUBER22 diffractometer and aligned to
the center of rotation with the compression axis along the direct X-ray beam as explained
above. In contrast to the instrument described earlier, the molybdenum Kα radiation gen-
erated in an X-ray tube at 50 kV and 40 mA was detected by a scintillation point detector.
Point detectors offer advantages over area detectors in terms of signal-to-noise ratio and
accuracy of determined lattice parameters (Angel et al., 2000). Based on the lattice param-
eters and orientation matrices determined in the previous step, individual diffracted X-ray
beams or reflections were centered following an 8-position centering procedure that allows
correcting for small misalignments of the crystal and the diffractometer (King and Finger,
1979; Angel et al., 2000). Between 10 and 20 reflections were centered for each crystal.
The diffractometer was operated with the software SINGLE (Angel and Finger, 2011).
The 8 final ω scans of each centered reflection were individually inspected and refit to
Gaussian peak functions using the program WinIntegrStp (Angel, 2003). Some reflection
profiles were rejected from the analysis because their low quality did not permit a reliable
fit. Lattice parameters and crystal orientations were refined based on the refit reflection po-
sitions using the program SINGLE (Angel and Finger, 2011). Once lattice parameters and
crystal orientations had been determined inside the DAC, they served as starting parame-
ters for reflection centering after the next compression step without the need to repeat the
collection and indexation of two-dimensional diffraction patterns. A similar diffractome-
ter setup, i. e. a HUBER22 four-circle Eulerian cradle combined with a point detector, was
used for experiments at combined high pressures and high temperatures. To reduce the
scanning time of reflection profiles, however, intense X-rays were generated by a Rigaku23
FR-E+ SuperBright X-ray source with a rotating molybdenum anode operated at 45 kV and
55 mA.
21Oxford Diffraction Ltd., Yarnton, Oxfordshire, UK, www.oxford-diffraction.com
22HUBER Diffraktionstechnik GmbH & Co. KG, Rimsting, Germany, www.xhuber.de
23Rigaku Americas Holding Company Inc., The Woodlands, Texas, USA, www.rigaku.com
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Figure 2.19: Schematic drawing of the experimental setup for a synchrotron powder diffraction
experiment at high pressures. S: synchrotron radiation source, M: Si(111) monochromator crystal,
DAC: diamond anvil cell, D: area detector.
2.4.1.2 Synchrotron Powder X-Ray Diffraction
The high intensities of X-rays generated by modern synchrotron sources facilitate diffraction
experiments on small powder samples contained in DACs. Large area detectors can collect
full Debye diffraction rings in exposure times of a few seconds. Synchrotron powder X-ray
diffraction has therefore evolved to a standard technique to determine lattice constants as a
function of pressure and temperature (Norby and Schwarz, 2008). A general introduction to
powder diffraction techniques can be found, for instance, in Dinnebier and Billinge (2008).
In axial diffraction geometry, X-rays are guided through one of the diamond anvils onto
the powder sample inside the DAC, and those diffracted X-rays that exit the DAC through
the opposing diamond anvil are detected. Here, I focus on diffraction experiments on sin-
tered polycrystalline stishovite published in Buchen et al. (2018a) (Chapter 7). Figure 2.19
illustrates the setup for an axial X-ray diffraction experiment.
A circular platelet of sintered polycrystalline stishovite was loaded in the high-pressure
chamber of a DAC together with a ruby sphere for pressure determination. Sample and ruby
grain were surrounded by neon as pressure-transmitting medium. This setup intended to
compress a sintered material in a quasi-hydrostatic way and to investigate how the resulting
stresses between grains change the elastic properties of the material.
X-ray diffraction experiments were carried out at beamline ID15B of the European Syn-
chrotron Radiation Facility (ESRF) in Grenoble, France. Radiation generated in a undula-
tor was diffracted on an Si(111) monochromator to obtain X-rays with a wavelengths of
0.410768 Å that were focused down to a spot size of about 30× 30µm2. Diffracted X-rays
were detected with a mar55524 flatpanel detector with an active area of 430× 350 mm2. A
silicon powder standard was used to calibrate the diffraction geometry including the sample-
detector distance and detector tilt angles (Hinrichsen et al., 2008; Lutterotti et al., 2014)
as well as the instrumental contribution to the profile function (Caglioti et al., 1958; Le
Bail, 2008). For the sample inside the DAC, exposure times of 2 to 3 s were long enough
to collect diffraction images with complete and continuous Debye rings. Pressures inside
the DAC were derived from ruby fluorescence spectra collected with the online fluorescence
spectrometer at beamline ID15B. More details about the beamline can be found in Mer-
lini and Hanfland (2013). The FIT2D software (Hammersley, 2016) was used to integrate
two-dimensional diffraction patterns to intensity-2θ profiles. For visualization of diffraction
patterns, we used the program DIOPTAS (Prescher and Prakapenka, 2015). Lattice param-
eters were extracted by whole powder pattern decomposition (Le Bail, 2008), also referred
to as Le Bail method (Le Bail et al., 1988), using the program MAUD (Lutterotti et al., 2007;
24marXperts GmbH, Norderstedt, Germany, www.marresearch.com
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Lutterotti et al., 2014). Uncertainties on unit cell parameters derived from whole pattern
fitting techniques may be underestimated when calculated from statistics only (Bérar and
Lelann, 1991). To take into account systematic differences between observed and calculated
reflection profiles, Bérar and Lelann (1991) proposed to rescale statistical uncertainties by
assigning to each residual intensity the probability to be correlated with the residual intensi-
ties of the neighboring steps in the 2θ scan. The uncertainties on lattice parameters derived
here from whole powder pattern decomposition were rescaled accordingly. Rescaling factors
for uncertainties varied for individual diffraction patterns between 20 and 53.
2.4.2 Brillouin Spectroscopy at High Pressures
The spectroscopic analysis of light that has been inelastically scattered on thermally ex-
cited sound waves propagating in a medium allows to derive the propagation velocity of
the sound waves and is referred to as Brillouin spectroscopy (Cummins and Schoen, 1972;
Dil, 1982). Here, I focus on the principles of Brillouin scattering in crystals and describe
experimental aspects relevant for the present study. Reviews on Brillouin scattering in fluids
and solids have been presented by Cummins and Schoen (1972) and Dil (1982). A compre-
hensive introduction into the topic was also given by Speziale et al. (2014) who included a
discussion of experimental methods for Brillouin spectroscopy at high pressures and related
applications in Earth sciences.
2.4.2.1 Sound Waves and Brillouin Scattering in Crystals
In crystals, thermally excited sound waves correspond to acoustic phonons with wave-
lengths typically 100 to 1000 times longer than the dimensions of the unit cell. In the
long-wavelength approximation, acoustic phonons can be treated as waves in an elastic
continuum (Cummins and Schoen, 1972; Dil, 1982). In a non-piezoelectric crystal of den-
sity ρ, the propagation of elastic plane waves is described by the equation (Auld, 1973;
Haussühl, 2007):
(ci jkl g j gl −ρv2δik)uk = 0 (2.23)
In the most general case, the solution of this equation yields three different sound wave ve-
locities v = vg with speeds v, propagation directions g, and associated displacement vectors
u. The displacement vectors are mutually perpendicular and are used to distinguish the lon-
gitudinal wave with u ‖ g from the two transverse waves with u⊥ g. Pure longitudinal and
pure transverse waves, however, propagate only along specific directions in a crystal, and the
waves are instead classified into quasi-longitudinal and quasi-transverse waves according to
the orientation relation between u and g. In analogy to seismic waves, quasi-longitudinal
sound waves are often referred to as P waves and quasi-transverse waves as shear waves or
S waves. I adopt this notation here with the convention that vS1 ≤ vS2 < vP. A solution of
equation (2.23) in terms of velocities is presented in section 5.2.2.
Scattering of light by acoustic phonons arises from periodic perturbations in polarizabil-
ity that result from the collective displacement of atoms from their mean positions. The
space- and time-dependent polarizability of the crystal can be described by the dielectric
constant (or permittivity) tensor εi j(r, t) at location r and time t (Dil, 1982):
εi j(r, t) = εi j +∆εi j(r, t) (2.24)
with the unperturbed and perturbed contributions εi j and ∆εi j(r, t), respectively. The per-
turbation ∆εi j is related to the symmetric (strain) "kl and anti-symmetric (rotation) rkl
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Figure 2.20: Illustration of inelastic photon-phonon scattering and the scattering geometry defined
by the angle θ .
parts of the displacement gradient through the associated photoelastic tensors pmnkl and
qmnkl (Nelson and Lax, 1971; Dil, 1982):
∆εi j = −εimε jn (pmnkl"kl + qmnkl rkl) (2.25)
The interaction of the perturbation ∆εi j(q,Ω) = ∆εi j exp 2pii[q · r − Ωt] generated by an
elastic plane wave with wave vector q and frequency Ω with an electromagnetic plane wave
E(k0,ω0) = E0 exp 2pii[k0·r−ω0 t] with wave vector k0 and frequencyω0 results in an excess
polarization ∆P =∆ε(q,Ω)E(k0,ω0) (Cummins and Schoen, 1972) with components:
∆Pi =∆εi j(q,Ω)E j(k0,ω0)
=∆εi j exp 2pii[q · r−Ωt]E j0 exp 2pii[k0 · r−ω0 t]
=∆εi jE j0 exp2pii[(k0 ± q) · r− (ω0 ±Ω)t]
(2.26)
The excess polarization ∆P irradiates an electric field ES(kS,ωS) of inelastically scattered
radiation with wave vector kS = k0 ± q and frequency ωS = ω0 ±Ω. The ± sign in the last
line of equation (2.26) can be understood from a quantum mechanical point of view that
includes both the creation and annihilation of a phonon in the scattering process (Cummins
and Schoen, 1972). The spectrum of the scattered light is therefore symmetric with respect
to the incident light frequency. Energy loss, ωS =ω0−Ω, is referred to as Stokes event and
energy gain, ωS =ω0 +Ω, as anti-Stokes event.
Figure 2.20 illustrates the inelastic scattering process and geometry. Because of the small
frequencies of acoustic phonons (see below), the wavelengths of the incident and scattered
photons can be assumed to be approximately equal, i. e. |k0| = 1/λ0 ≈ 1/λS = |kS|. It
follows from the scattering geometry that (Speziale et al., 2014):
|q|= 2|k0| sin(θ/2) (2.27)
The use of visible light as incident radiation therefore restricts the phonon wave vectors q to
values below 2|k0|= 37600 cm−1 for λ0 = 532 nm with corresponding phonon wavelengths
on the order of 100 to 1000 nm. In comparison to wave vectors on the edge of the first
Brillouin zone with |q| ≈ 107 cm−1 for a crystal with unit cell dimensions on the order of
10 Å, phonon wave vectors probed by Brillouin spectroscopy stay close to the Brillouin zone
center. The relation between wave vector and frequency of acoustic phonons is illustrated
by the schematic dispersion curves shown in Figure 2.21. As most other experimental tech-
niques used to measure sound wave velocities in crystals, Brillouin spectroscopy samples the
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Figure 2.21: Schematic (sinusoidal) dispersion curves for acoustic waves traveling at 5 and 10 km
s−1 in a crystal with a 10 Å translation period. Color shadings indicate frequencies, wave vectors,
and wavelengths of acoustic waves probed with different experimental techniques and those rele-
vant for seismic waves (SW). IXS: inelastic X-ray scattering techniques, BS: Brillouin spectroscopy,
US: ultrasonic techniques.
dispersion curves of acoustic phonons in the linear regime where the sound wave velocity is
given by v = Ω/|q|. Brillouin spectroscopy bears the advantage to probe sound waves with
wavelengths short enough not to be affected by grain boundaries for crystals larger than
about 50µm. At frequencies below 1 GHz as typically employed in ultrasonic techniques
(Angel et al., 2009), the wavelength of sound waves increases to several micrometers and
might be more sensitive to grain boundary effects, in particular in the case of polycrystalline
samples with small grain sizes (Marquardt et al., 2011). The frequencies of seismic waves,
however, are on the order of 1 mHz to 1 Hz with corresponding wavelengths of several kilo-
meters (Stein and Wysession, 2003). Measurements at higher frequencies therefore neglect
contributions that may arise from processes operating at seismic frequencies such as at-
tenuation and dispersion of seismic waves by anelastic relaxation (Jackson, 2007; Karato,
2008).
2.4.2.2 Determination of Sound Wave Velocities at High Pressures
In an elastically anisotropic medium, the sound wave velocity v is defined by the unit prop-
agation vector g of the sound wave and the magnitude, i. e. the speed |v|= v = Ω/|q| with
the oscillation frequency Ω and the wave vector q ‖ g. Direction and magnitude of the wave
vector are defined by the scattering geometry according to equation (2.27) (see also Figs.
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Figure 2.22: Schematic drawing of the experimental setup for Brillouin spectroscopy at high pres-
sures. L: laser (Nd:YVO4), P: polarizer, E: beam expander, A1: aperture, L1: focusing lens, DAC:
diamond anvil cell, external scattering angle θ ∗, L2: collecting lens, A2: collecting aperture, L3:
lens, FPI: Fabry-Perot interferometer, D: detector, C: interferometer controls.
2.20 and 2.22). The oscillation frequency can be obtained from the spectroscopic analysis
of the scattered light as Ω=ωS −ω0. For the sound wave velocity, we then have:
v = gv = g
Ω
|q| = g
Ωλ0
2 sin(θ/2)
(2.28)
with the wavelength λ0 of the incident light and the scattering angle θ .
The wavelengths and wave vectors of the incident and scattered photons are modified
by the refractive index of the medium. In addition, refraction of incident and scattered
light beams at the surfaces of the sample may distort the scattering angle away from its
value inside the crystal. When the light enters and leaves the sample through opposing
plane-parallel surfaces, the scattering geometry can be adjusted to bring the surface normal
vector n into the plane spanned by the incident and scattered light beams so as to bisect the
scattering angle θ . In this forward symmetric scattering geometry, the effects of refraction
cancel out (Speziale et al., 2014). This holds true even when the crystal section resides in
a DAC as long as tables and culets of both diamond anvils are aligned to be exactly parallel
to each other and to the plane-parallel sample surfaces (Whitfield et al., 1976). In this case,
the scattering angle θ in equation (2.28) can be replaced by the external scattering angle
θ ∗ (Fig. 2.22). Systematic errors that may result from non-parallel surfaces of the sample
and diamond anvils have been analyzed by Zha et al. (1996) and by Sinogeikin and Bass
(2000) and were estimated to remain below 1 % of the derived sound wave velocities for
reasonable ranges of surface inclination angles.
Figure 2.22 shows a schematic drawing of the experimental setup used in the present
study to measure sound wave velocities at high pressures. The Brillouin spectroscopy setup
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is installed at PETRA III/DESY in Hamburg/Germany and resembles the one presented by
Speziale and Duffy (2002). The DAC was mounted onto a Eulerian cradle and aligned to
the center of rotation. The reflections of the laser beam on the tables of both diamond
anvils were used to align the DAC according to the forward symmetric scattering geometry
as explained above. The sample was aligned with the laser beam and the collecting optics
by moving the Eulerian cradle on a motorized stage. Different propagation directions g of
sound waves in the crystal were selected by rotating the DAC around the compression axis,
i. e. by changing the angle χ of the goniometer (Fig. 2.18). Coherent monochromatic light
with a wavelength of λ0 = 532 nm was generated in a Verdi25 2 W laser by doubling the
frequency of the radiation emitted from a diode-pumped neodymium-doped YVO4 crystal.
A polarizer was used to control the polarization of the laser light. The laser beam was
expanded from an initial diameter of about 3 mm to about 15 mm by sending it through a
beam expander followed by a circular aperture. A lens with 200 mm focal length focused
the light onto the sample inside the DAC. The laser output power was adjusted to keep
the effective power of the light incident onto the DAC around 190 mW and around 90 mW
for measurements without pressure-transmitting medium. Scattered light was collected by a
lens with 200 mm focal length and sent through a circular aperture with a diameter of 12 mm
to select the central part of the light cone captured by the collecting lens. The effective
external scattering angle θ ∗ was calibrated for each scattering geometry as defined by the
opening of circular apertures. I used sound wave velocities collected at ambient conditions
on an oriented MgO single crystal to refine the external scattering angle θ ∗ based on the
measured density (3.5819(1) g cm−3) of the MgO crystal and the elastic stiffness tensor of
MgO reported by Spetzler (1970). The external scattering angle was close to 50◦ but varied
by about 1◦ between different measurement sessions.
The selected part of the scattered light was focused onto the entrance pinhole (∅ =
200µm) of a multi-pass TFP-126 tandem Fabry-Perot interferometer (Lindsay et al., 1981).
Details on the working principle and operation of a tandem Fabry-Perot interferometer can
be found in Lindsay et al. (1981) and Speziale et al. (2014). The interferometer operated
with a spacing of 8.000(5)mm between the first pair of mirrors at a nominal scanning am-
plitude of 600 nm. Photons transmitted through the interferometer were detected with a
photomultiplier tube or a COUNT R©-10B27 avalanche photodiode. The recorded signal was
sent through a multi-channel analyzer that was synchronized with the scanning motion of
the mirror pairs. For wadsleyite single crystals inside the DAC, typical collection times for
individual spectra varied between 1 and 8 h depending on crystal orientation and laser polar-
ization. The use of the avalanche photodiode reduced collection times to about half of those
required with the photomultiplier tube with the disadvantage of a stronger background.
The actual scanning amplitude and frequency scale were calibrated for each spectrum
based on the separation of the inner pair of ghost peaks. The inner pair of ghost peaks
arises from interferences of orders h ± 1 of the (unchanged) laser light between the first
pair of mirrors when the hth order of interference is located at the center of the spectrum
with frequency shift ∆ω = 0. The separation between the inner ghost peaks (in channel
numbers) corresponds to twice the free spectral range 2∆FSRω (in wave numbers) with the
free spectral range defined by the mirror spacing d as ∆FSRω = 1/(2nd) and the refractive
index of air assumed to be n= 1 (Kuzmany, 2009; Speziale et al., 2014). The center of the
spectrum at which∆ω= 0 was determined by calculating the mean position of pairs of well
25Coherent Inc., Santa Clara, California, USA, www.coherent.com
26The Table Stable Ltd., Mettmenstetten, Switzerland, www.tablestable.com
27LASER COMPONENTS GmbH, Olching, Germany, www.lasercomponents.com
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Table 2.4: Components and technical parameters for Brillouin spectroscopy setups
Setup at PETRA III/DESYa BGIb
Incident beam optics
Light source Verdic 2 W laser Verdic 2 W laser
Wavelength (nm) 532 532
Polarizer polymer film polymer film
Beam expander Keplerian 10× none
Beam diameter (mm) 15 3
Focal length (mm) 200 100
Collecting optics
Scattering angle (◦) 50 80
Focal length (mm) 200 100
Beam diameter (mm) 12 7
Interferometer
Type (model) multi-pass tandem multi-pass tandem
Fabry-Perot (TFP-1d) Fabry-Perot (TFP-1d)
Mirror spacing (mm) 8.000(5) 4.000(5)
Free spectral range (cm−1) 0.6250(4) 1.250(2)
Scanning amplitude (nm) 600 600
Detector photomultiplier tube, photomultiplier tube,
avalanche photodiode avalanche photodiode
aPETRA III, Deutsches Elektronen-Synchrotron, Hamburg, Germany.
bBayerisches Geoinstitut, Universität Bayreuth, Bayreuth, Germany.
cCoherent Inc., Santa Clara, California, USA.
dThe Table Stable Ltd., Mettmenstetten, Switzerland.
resolved peaks. This internal calibration approach revealed that the true scanning amplitude
was around 593 nm, i. e. substantially smaller than the scanning amplitude suggested by the
instrument controls. Using the nominal scanning amplitude of 600 nm to convert channel
numbers to frequency shifts would result in an overestimation of sound wave velocities by
more than 1 %.
Sound wave velocity measurements at combined high pressures and high temperatures
were performed on a similar Brillouin spectroscopy setup installed at the Bayerisches Geoin-
stitut. Table 2.4 compares both setups and their technical parameters. The setup at Bay-
erisches Geoinstitut is combined with an intense X-ray source to facilitate X-ray diffraction
experiments on the sample at the same combination of pressure and temperature at which
Brillouin spectra were collected (see also section 2.4.1.1). Instead of using the reflections of
the laser beam, the DAC was aligned with the compression axis along the direct X-ray beam
using a water bubble. After taking into account calibrations of effective external scattering
angles and scanning amplitudes, both setups gave identical sound wave velocities within
uncertainties.
To extract peak positions from a recorded Brillouin spectrum, a manually adjusted base-
line was subtracted from the raw spectrum that was subsequently divided into regions. The
channel interval of each region was chosen to contain a single peak or, if close to each other,
several peaks and was linked to its symmetric counterpart on the opposite site of the strong
central peak due to elastic scattering. The intensities of peaks in symmetric pairs of regions
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Figure 2.23: Analysis of Brillouin spectra. Upper panel shows raw spectrum with baseline. Lower
panel shows rescaled intensities and peak fitting results. Color shading indicates associated scal-
ing regions. Scattered intensity arises from inelasic scattering on quasi-longitudinal (P) and quasi-
transverse (S1 and S2) acoustic waves in the sample and the pressure-transmitting medium (Ne).
R: elastic (Rayleigh) scattering, G: ghost peaks (interferometric repetitions of the central elastic
line).
were scaled by assigning a relative intensity of 100 % to the highest peak within each pair
of regions. When defining the channel intervals of scaling regions, it is important to include
sufficient channels on either side of the peaks no to distort their original signal-to-noise
ratio. All peaks in the scaled spectrum could then simultaneously be fit to Gaussian peak
functions to obtain their central positions in channel numbers. The analysis of a Brillouin
spectrum is illustrated in Figure 2.23. Based on the calibration explained above, channel
numbers were converted to frequency shifts or, via equation (2.28), to sound wave veloc-
ities. In estimating the errors on sound wave velocities, I propagated uncertainties on the
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external scattering angle, the channel number-to-frequency shift conversion, fitted peak po-
sitions, and differences in frequency shifts between Stokes and anti-Stokes components.
Estimated relative errors ∆v/v on sound wave velocities ranged between 0.1 and 4.9 %
mainly depending on the signal-to-noise ratio of individual peaks. The mean value of ∆v/v
around 0.7(5) % reflects the expected precision (∼0.5 %) and accuracy (∼1 %) of sound
wave velocities determined by Brillouin spectroscopy (Speziale and Duffy, 2002; Speziale
et al., 2014).
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Chapter 3
Results and Discussion
This chapter aims at highlighting how the findings presented in the following chapters link
to key questions defined in chapter 1. Chapters 4, 6, and 7 have been published as Buchen
et al. (2017), Buchen et al. (2018b), and Buchen et al. (2018a), respectively, and present
experimental results on the high-pressure elastic properties of wadsleyite and stishovite
together with implications for the seismic detection of water and silica-rich rocks in Earth’s
mantle. Chapter 5 has been prepared for publication and describes and compares different
approaches to derive a self-consistent description of anisotropic elastic properties at high
pressures from sound wave velocity measurements. In section 3.4, I present the results
of Brillouin spectroscopy and X-ray diffraction experiments on wadsleyite single crystals at
combined high pressures and high temperatures that include the first elastic stiffness tensors
of wadsleyite at simultaneously high pressures and high temperatures.
3.1 The Equation of State of Wadsleyite
In chapter 4, we derive the volume and axial equations of state for wadsleyite with a com-
position relevant for the transition zone. The chemical composition was characterized in
terms of the Fe/(Mg+Fe) ratio, the hydrogen content, and the Fe3+/ΣFe ratio. We mea-
sured the changes in unit cell volume and unit cell edge lengths as a function of pressure
on two wadsleyite single crystals using X-ray diffraction and, among other parameters, ex-
tracted the bulk modulus from the compression curves. The two wadsleyite crystals were
compressed together inside the same DAC but had different orientations with respect to the
compression axis. Despite the anisotropic compression behavior of wadsleyite, both crystals
followed identical compression curves indicating quasi-hydrostatic stress conditions during
compression.
Wadsleyite compositions span solid solutions between the end members Mg2SiO4,
Fe2SiO4, MgH2SiO4, and Fe3O4. However, only the magnesian end member Mg2SiO4 crys-
tallizes in the wadsleyite crystal structure as a pure compound while all other end members
are hypothetical in the sense that they do not adopt the wadsleyite crystal structure or are
not stable as pure compounds. Defined in this way, wadsleyite solid solutions include the
spinelloid III solid solution (Mg,Fe2+,Fe3+)2(Si,Fe
3+)O4 (Woodland and Angel, 1998; Wood-
land and Angel, 2000; Koch et al., 2004) even though this solid solution is stable only at
pressures below 9 GPa (Koch et al., 2004; Woodland et al., 2012). We show in chapter 4 that
ferric iron has a resolvable effect on the compressibility when dissolved into the wadsleyite
crystal structure and that this effect differs from the effect of ferrous iron.
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Figure 3.1: Isothermal bulk modulus of wadsleyite solid solutions. Chemical compositions are pro-
jected into ternary diagrams spanned by the end members Mg2SiO4-Fe2SiO4-MgH2SiO4 (a) and
Mg2SiO4-Fe2SiO4-Fe3O4 (b). The color map was generated based on the four-end-member model
reported in Buchen et al. (2017) (Table 4.3). The compositional ranges of wadsleyite and spinelloid
III solid solutions are marked. Black arrows indicate the here-studied wadsleyite composition. See
Table A.7 for references. HP-XRD: high-pressure X-ray diffraction, BS: Brillouin spectroscopy, UI:
ultrasonic interferometry, RUS: resonant ultrasound spectroscopy.
In Table A.6 (page 188), we compiled available literature data on the unit cell param-
eters for different wadsleyite compositions at ambient conditions. We inverted this data
set for the unit cell volumes of the four end members assuming an ideal mixing behavior
to describe the variation of unit cell volume with chemical composition. Table A.7 (page
190) lists equation of state parameters based on a reanalysis of available compression data
for different wadsleyite compositions together with bulk and linear moduli determined by
ultrasonic measurements and Brillouin spectroscopy. This comprehensive data set on the
compression behavior of wadsleyite solid solutions was analyzed assuming Reuss and Voigt
averaging schemes (Hill, 1963; Watt et al., 1976) to extract bulk and linear moduli for
each end member. In combination with the variation of the unit cell volume, the resulting
model allows constructing an EOS for members of wadsleyite solid solutions within the an-
alyzed composition space. Figure 3.1 shows the variation of the bulk modulus at ambient
conditions within the system Mg2SiO4-Fe2SiO4-MgH2SiO4-Fe3O4.
Via the Helmholtz and Gibbs free energies (eqns. (2.3) and (2.5)), the multi-end-
member EOS for wadsleyite solid solutions can be integrated into phase equilibria com-
putations. Our multi-end-member model bears the advantage that it includes the effect of
hydrogen and ferric iron on the EOS. Both hydrogen and ferric iron were shown to stabilize
wadsleyite to lower pressures and to expand the two-phase region defined by coexisting
olivine and wadsleyite (Chen et al., 2002; Smyth and Frost, 2002; Frost and Dolejš, 2007;
Frost and McCammon, 2009). In Earth’s mantle, this translates to a shift of the 410-km dis-
continuity to shallower depths while, at the same time, reducing the sharpness of the discon-
tinuity (Wood, 1995; Smyth and Frost, 2002; Litasov et al., 2006; Hirschmann et al., 2006;
Frost and Dolejš, 2007; Frost and McCammon, 2009). Depth and sharpness of the 410-km
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discontinuity can be derived from seismic observations (Benz and Vidale, 1993; Helffrich
and Wood, 1996; Melbourne and Helmberger, 1998; Chambers et al., 2005b; Schmerr and
Garnero, 2007; Saki et al., 2015; Houser, 2016) with the potential to detect lateral varia-
tions of the hydration and oxidation state of the deep upper mantle.
3.2 From Sound Wave Velocities to Single-Crystal Elasticity
A rock in Earth’s mantle can be thought of as an aggregate of individual crystals tightly
packed together. Each crystal has anisotropic elastic properties that change systematically
with pressure and temperature. One approach to constrain the elastic properties of the rock
consists in combining the elastic properties of individual crystals in a way that reflects the
mineralogical composition and fabric of the rock. In a deformed rock, for example, crystals
might be aligned to form a crystallographic preferred orientation. The anisotropy of the
crystals is then at least partly transferred to the rock. Knowledge of the elastic properties,
or more precisely, the elastic stiffness tensors of minerals therefore allows to assemble hypo-
thetical rocks and to derive their elastic properties. Once descriptions for the elastic stiffness
tensors of sufficient minerals are available as a function of pressure and temperature, this
single-crystal based approach to rock elasticity becomes very flexible in combining petrolog-
ical and textural constraints to explain geophysical observations such as seismic anisotropy
in Earth’s mantle. In chapter 5, we explain in detail how to derive a self-consistent descrip-
tion of the elastic stiffness tensor as a function of pressure and temperature from sound
wave velocity measurements on single crystals. Here, self-consistency refers on one hand
to the use of the thermodynamically self-consistent finite-strain approach to single-crystal
elasticity developed by Stixrude and Lithgow-Bertelloni (2005) and on the other hand to
the self-consistent calculation of pressure and aggregate elastic moduli.
In the calculation of sound wave velocities, poly-mineralic rocks are often assumed to be
isotropic aggregates of the constituent minerals. Similarly, sound wave velocities of differ-
ent minerals or minerals with different chemical compositions are best compared based on
the sound wave velocities of isotropic aggregates. The elastic properties of polycrystalline
aggregates, however, are complex and best captured by defining bounds on the bulk and
shear moduli of the aggregate (Watt et al., 1976). The Voigt and Reuss averages of com-
ponents of the elastic stiffness and compliance tensors, respectively (Voigt, 1928; Reuss,
1929), give the most extreme bounds on the bulk and shear moduli of isotropic aggregates
(Hill, 1952; Watt et al., 1976). For materials of moderate elastic anisotropy and for many
minerals in particular, the separation of the Voigt and Reuss bounds is on the order of the
uncertainties on experimentally determined moduli providing a realistic and readily acces-
sible bounding scheme (Chung and Buessem, 1967; Thomsen, 1972; Angel et al., 2009).
In deriving bounds on aggregate moduli and their pressure derivatives, we ensured that
the relations between components of the elastic stiffness and compliance tensors and the
respective bounds remain valid when computing elastic properties at high pressures based
on derived finite-strain parameters. Similarly, the coefficients of equation (2.7) can be de-
rived from the results to calculate pressure in a self-consistent way and with the possibility
to allow for assumptions on the stress conditions during compression.
As a novelty, we present and test an inversion procedure that simultaneously inverts
sound wave velocities measured at different pressures (and temperatures) directly to single-
crystal finite-strain parameters, i. e. the components of the elastic stiffness tensor and their
pressure derivatives at ambient conditions, without need to derive elastic stiffness tensors
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at individual pressure-temperature combinations. As long as each sound wave velocity is
linked to a propagation direction g in the crystal and to the conditions of the measurement
as defined by pressure P or finite strain (or volume V ) and temperature T , sound wave ve-
locities spread out in P-T -g (V -T -g) space can be jointly inverted. In reverse, the presented
formalism can be used to design the experimental strategy in order to optimize the num-
ber, directions, and conditions of sound wave velocities required to constrain a given set of
parameters. This global inversion procedure is perfectly compatible with the multi-sample
approach (Schulze et al., 2017) and was successfully applied to invert sound wave velocities
determined at high pressures on (Al,Fe)-bearing bridgmanite (Kurnosov et al., 2017) and
wadsleyite (Buchen et al., 2018b; see also chapter 6).
3.3 High-Pressure Single-Crystal Elasticity of Wadsleyite
The elastic stiffness tensor can be derived from sound wave velocities that were measured
on a single crystal at a given pressure-temperature combination and cover sufficient prop-
agation directions. As explained in section 5.2.2, sound wave velocities are conventionally
inverted to elastic stiffness tensors using equation (5.10) in a least-squares procedure. In
addition, we used the global inversion procedure explained in the previous section to derive
the components of the elastic stiffness tensor of iron-bearing wadsleyite together with their
pressure derivatives at ambient conditions (Table 6.1 on page 139). From the components
of the elastic stiffness and compliance tensors, bounds on the bulk and shear moduli for an
isotropic aggregate can be computed as described in section 5.3.4.
Elastic stiffness tensors and Voigt-Reuss-Hill averages (Hill, 1952; Watt et al., 1976) of
the bounds on bulk and shear moduli for isotropic aggregates of different wadsleyite com-
positions are compiled in Table 3.1 and arranged according to the number of H2O molecules
per formula unit in Figure 3.2. I included data from previous Brillouin spectroscopy studies
on different wadsleyite compositions as well as our own results on slightly hydrous iron-
bearing wadsleyite (Buchen et al., 2018b) and unpublished results on hydrous iron-bearing
wadsleyite with 0.7(1) wt-% H2O (see Table 2.3 on page 29). Figure 3.2 clearly shows that
the incorporation of hydrogen into iron-free and iron-bearing wadsleyite reduces both bulk
and shear moduli at ambient conditions. The elastic moduli of iron-free wadsleyite appear
to decrease linearly with the number of H2O molecules per formula unit (Mao et al., 2008b).
For iron-bearing wadsleyite, the reduction of elastic moduli upon hydrogen incorporation
is less well defined but still evident. Some spread in the data may result from the use of
different methods to quantify hydrogen contents (Chang et al., 2015; Buchen et al., 2017;
see also section A.1.1) and from differences in the way hydroxyl groups enter the crystal
structure of wadsleyite (Inoue et al., 1995; Jacobsen et al., 2005; Bolfan-Casanova et al.,
2012; Kawazoe et al., 2016).
The reduction of elastic moduli with increasing hydrogen content at ambient conditions
as observed for iron-free wadsleyite (Mao et al., 2008b) has led to the conclusion that sound
wave velocities of hydrous wadsleyite might remain lower than those of anhydrous wads-
leyite at conditions of the transition zone (Smyth and Jacobsen, 2006; Holl et al., 2008;
Mao et al., 2008b). Sound wave velocity measurements on wadsleyite single crystals and
polycrystalline wadsleyite at high pressures seemingly supported this conclusion (Mao et al.,
2008a; Liu et al., 2009; Mao et al., 2011) though experimental pressures did not reach those
of the transition zone. Moreover, supposedly anhydrous iron-bearing wadsleyite samples
were not fully characterized in terms of hydrogen and ferric iron contents (Li and Lieber-
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Figure 3.2: Bulk (K ) and shear (G) moduli of wadsleyite determined by Brillouin spectroscopy on
single crystals as a function of H2O molecular equivalents per formula unit. Open symbols indicate
compositions with unknown hydrogen, iron, or ferric iron contents. Red lines and shading show
the variation of the bulk modulus calculated from the three-end-member model reported in Buchen
et al. (2017) (Table 4.3). Mg100: Sawamoto et al. (1984), Mg100H0: Zha et al. (1997), Mg100H6:
Mao et al. (2008a), Mg100Hy : Mao et al. (2008b), Mg92: Sinogeikin et al. (1998) and Wang et al.
(2014), Mg89H2: Buchen et al. (2018b), Mg89H6: this study (unpublished), Mg89H15: Mao et al.
(2011).
mann, 2000; Liu et al., 2009; Wang et al., 2014) impeding a reliable quantification of the
effect of structurally bonded hydrogen on the elastic properties of iron-bearing wadsleyite.
The sound wave velocities of ringwoodite have also been found to decrease with increasing
hydrogen content (Jacobsen et al., 2004; Mao et al., 2012; Schulze et al., 2018). As a con-
sequence, slow seismic velocities observed in the transition zone have been related to the
presence of water dissolved in wadsleyite and ringwoodite with partly contradicting results
(Smyth and Jacobsen, 2006; Suetsugu et al., 2006; Meier et al., 2009; Houser, 2016; Thio
et al., 2016).
Based on a comparison of our results on the high-pressure elasticity of iron-bearing wad-
sleyite with literature data on strongly hydrous iron-bearing wadsleyite (Mao et al., 2011),
we argue in chapter 6 that hydration of iron-bearing wadsleyite raises the pressure deriva-
tives of bulk and shear moduli. We show that, as a consequence, P and S wave velocities of
hydrous iron-bearing wadsleyite overtake those of anhydrous wadsleyite at pressures rele-
vant for the transition zone. The idea that structural incorporation of hydroxyl groups raises
the pressure derivatives of elastic moduli of nominally anhydrous minerals, including wad-
sleyite and ringwoodite, has been discussed earlier (Jacobsen, 2006; Smyth and Jacobsen,
2006; Holl et al., 2008; Chang et al., 2015), and the effect might be related to changes in
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hydrogen bonding at high pressures (Liu et al., 1998; Kleppe et al., 2001; Kleppe et al.,
2006; Yang et al., 2014). We extrapolated the velocity cross-over points to realistic mantle
temperatures using tabulated thermoelastic parameters (Stixrude and Lithgow-Bertelloni,
2011) and conclude that the changes in seismic wave speeds induced by hydration of wad-
sleyite potentially remain too small to identify hydrated regions in the shallow transition
zone by seismic tomography.
As an alternative to seismic tomography, we assessed the seismic properties of the 410-
km discontinuity as a function of water distribution between olivine and wadsleyite. In a first
step, we combined the high-pressure elastic properties of the here-studied wadsleyite crys-
tals with those determined on complementary wadsleyite compositions (Zha et al., 1997;
Mao et al., 2011) to map the effect of chemical composition on P and S wave velocities as
well as on the density of wadsleyite. Similarly, we combined elastic properties for differ-
ent olivine compositions to span compositions relevant for Earth’s mantle (Zha et al., 1996;
Mao et al., 2010; Mao et al., 2015; Zhang and Bass, 2016). For consistency, we only in-
cluded elastic properties derived from high-pressure Brillouin spectroscopy experiments on
single crystals of wadsleyite or olivine in conjunction with tabulated thermoelastic param-
eters (Stixrude and Lithgow-Bertelloni, 2011). We then computed the contrasts in P and S
wave velocities and density between wadsleyite and olivine at pressures and temperatures
of the 410-km discontinuity. While contrasts in sound wave velocities become sensitive to
hydration only at high temperatures, combining velocity and density contrasts suggests that
acoustic impedance contrasts are significantly reduced by hydration at all relevant temper-
atures. As explained in section 1.2, the impedance contrast across a seismic discontinuity
is related to the reflectivity of the discontinuity and can be constrained from polarities and
amplitudes of seismic waves reflected at the discontinuity. Lateral variations in reflectivity
of the 410-km discontinuity can be inferred by analyzing waveforms of PP and SS precursors
(Chambers et al., 2005a) or ScS reverberations (Revenaugh and Jordan, 1991; Bagley and
Revenaugh, 2008). We therefore propose that mapping regions with a reduced reflectivity
of the 410-km discontinuity may contribute to detect hydrated regions in the deep upper
mantle and to understand cycling of water through the transition zone in Earth’s mantle.
3.4 Single-Crystal Elasticity of Wadsleyite at High Pres-
sures and High Temperatures
Brillouin spectroscopy experiments on wadsleyite were also performed at combined high
pressures and high temperatures. As explained in section 2.3.2, we used a resistive heater
placed around the diamond anvils to heat the high-pressure chamber of the DAC. As with
room temperature experiments, sound wave velocities were measured on two crystals that
were loaded together inside the high-pressure chamber of the same DAC. The orientations
of the crystals were chosen to complement each other so as to provide sufficient propaga-
tion directions of sound waves to constrain the full elastic stiffness tensor. At combined
high pressures and high temperatures, this is of great advantage as all sound wave veloci-
ties can be determined at the same conditions. Otherwise, identical conditions of pressure
and temperature would have to be inferred for separated experiments indirectly based on
measurements that might be biased, for instance, by thermal gradients. Pressure and tem-
perature were determined from fluorescence spectra of standard materials that were placed
next to the crystals inside the high-pressure chamber of the DAC (see section 2.3.3). Den-
sities of the crystals were calculated from unit cell volumes determined by X-ray diffraction
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Figure 3.3: Sound wave velocities of wadsleyite single crystals with propagation directions within
the (120) and (243) crystallographic planes. Solid circles show sound wave velocities determined
by Brillouin spectroscopy at 11.8(3) GPa and 640(25) K as a function of rotation angle. Lines show
fitted angular dispersion curves.
at the same pressures and temperatures were Brillouin spectra were recorded. While the
approach used here allows deriving complete elastic stiffness tensors at individual combina-
tions of pressure and temperature, sound wave velocities collected at various pressures and
temperatures and for different propagation directions can also be analyzed using the global
inversion procedure outlined in chapter 5. Isolated sound wave velocity measurements may
result from failure of components of the DAC during high-pressure high-temperature exper-
iments. By applying the global inversion procedure, their information can still contribute
to the description of elastic properties even though it may not be possible to derive the
complete elastic stiffness tensor directly from the sound wave velocities determined at the
respective conditions.
Figure 3.3 illustrates the analysis of sound wave velocities collected at 11.8(3) GPa and
640(25) K. Elastic stiffness tensors of iron-bearing wadsleyite determined at combined high
pressures and high temperatures are compiled in Table 3.2. Following the lines in the pre-
vious section, I calculated bulk and shear moduli of isotropic wadsleyite aggregates. Figure
3.4 compares the corresponding P and S wave velocities with velocities predicted based
on the results of chapter 6 (Buchen et al., 2018b) and tabulated thermoelastic parameters
(Stixrude and Lithgow-Bertelloni, 2011; see also Table 6.2 on page 145). While the direct
experimental results at pressures around 12 GPa indicate a reduction of sound wave veloci-
ties with increasing temperature, more measurements at combined high pressures and high
temperatures are needed to refine tabulated thermoelastic parameters. In view of the uncer-
tainties as indicated by the experimental scatter of results at room temperature, I conclude
that tabulated thermoelastic parameters are consistent with the here-presented measure-
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Figure 3.4: P wave (a) and S wave (b) velocities for isotropic aggregates of iron-bearing wadsleyite
as a function of pressure at different temperatures. Solid circles show experimental results at
ambient temperature (blue) and at high temperatures (Table 3.2). Lines were calculated based on
finite-strain parameters reported in Buchen et al. (2018b) (Table 6.1) and tabulated thermoelastic
parameters (Stixrude and Lithgow-Bertelloni, 2011).
ments at combined high pressures and high temperatures. This finding also justifies the use
of tabulated thermoelastic parameters in modeling sound wave velocities of wadsleyite at
conditions of the transition zone in chapter 6.
In addition to P and S wave velocities of isotropic aggregates, the acoustic anisotropy
of wadsleyite single crystals can be computed from elastic stiffness tensors using the solu-
tions to equation (5.10) as derived in section 5.2.2. Figure 3.5 displays the variation in
propagation velocities of quasi-longitudinal (P) waves and quasi-transverse waves (S1 and
S2) with propagation direction for a wadsleyite single crystal at ambient conditions and at
11.8(3) GPa and 640(25) K. For all three types of waves, the anisotropy of their propaga-
tion velocity decreases from ambient conditions to 11.8 GPa and 640 K as can be read from
the range of velocities covered at each set of conditions. For quasi-transverse waves, the
anisotropy can be expressed in terms of the relative difference in propagation velocities of
perpendicularly polarized waves propagating in the same direction (Mainprice, 2015) (in
%):
AS =
vS2 − vS1
vS1 + vS2
× 200 (3.1)
with the velocities vS1 and vS2 of S1 and S2 waves, respectively. The maximum anisotropy
AS decreases from about 18 % at ambient conditions to about 12 % at 11.8 GPa and 640 K.
This reduction is accompanied by a shift of the propagation direction with maximal AS from
a direction that makes nearly equal angles to all three crystallographic axes to a direction
in the a-b plane with nearly equal angles to these two crystallographic axes. These changes
in the pattern of acoustic anisotropy are similar to pressure-induced changes observed for
Mg2SiO4 wadsleyite (Zha et al., 1997).
Information on the acoustic anisotropy of single crystals can be integrated with mi-
crostructural observations on natural rocks or on synthetic polycrystalline aggregates de-
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Figure 3.5: Equal-area projections showing the sound wave velocities and acoustic anisotropy of
a wadsleyite single crystal at ambient conditions (upper row) and at 11.8(3) GPa and 640(25) K
(lower row) for quasi-longitudinal (P) waves and quasi-transverse waves (S1 and S2). The shear
wave anisotropy AS is defined in equation (3.1).
formed at high pressures and high temperatures to predict the anisotropic seismic prop-
erties of deformed rocks (Mainprice, 2015; Almqvist and Mainprice, 2017). Viscoplastic
self-consistent modeling and deformation experiments on polycrystalline wadsleyite aggre-
gates suggest that wadsleyite grains tend to align in a crystallographic preferred orientation
under shear deformation (Tommasi et al., 2004; Kawazoe et al., 2013; Ohuchi et al., 2014;
Farla et al., 2015). The orientation distribution function describing the crystallographic pre-
ferred orientation can be combined with the elastic stiffness tensor of a wadsleyite single
crystal to calculate the elastic stiffness tensor and the acoustic anisotropy of a polycrystalline
wadsleyite aggregate (Mainprice et al., 2000; Tommasi et al., 2004; Kawazoe et al., 2013;
Ohuchi et al., 2014; Mainprice, 2015).
Evidence for azimuthal and radial seismic anisotropy within the transition zone comes
from the analysis of higher mode surface waves (Trampert and van Heijst, 2002; Visser et
al., 2008). Seismic anisotropy at depths relevant to wadsleyite has also been inferred from
observations of shear wave splitting (Fouch and Fischer, 1996; Foley and Long, 2011; Long,
2013). In comparison to other transition zone minerals, wadsleyite shows the strongest
acoustic anisotropy (Mainprice, 2015) and can therefore be expected to contribute most to
seismic anisotropy in the transition zone if the observed anisotropy reflects crystallographic
preferred orientation of minerals. Since deformation and plastic flow of rock leads to the
development of crystallographic preferred orientation (Karato, 2008), seismic anisotropy
may contain information about material flow patterns in the transition zone. To translate
seismically observed anisotropy to flow patterns, however, more information about the de-
formation behavior and the elastic properties of wadsleyite at realistic pressures, temper-
atures, and time scales is needed. The elastic stiffness tensors of wadsleyite compiled in
Table 3.2 are the first ones determined at combined high pressures and high temperatures
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Figure 3.6: Perspective view of the crystal structure of stishovite (a) and the linear compression
modulus surface (b) in the same orientation. Linear compression moduli in b) were calculated
from the elastic stiffness tensor of stishovite at ambient conditions (Jiang et al., 2009). Note that
the stiffest direction points along ribbons of edge-sharing octahedra parallel to the c axis.
and may be used to improve estimates of anisotropic seismic properties of transition zone
rocks.
3.5 High-Pressure Elasticity of Stishovite
The ferroelastic phase transition from stishovite to CaCl2-type SiO2 provides another exam-
ple of how processes operating on the atomic scale may affect physical properties of minerals
and rocks in a way that is perceivable by geophysical observations on Earth’s mantle. In scal-
ing properties from a microscopic to a macroscopic scale, however, processes that operate
at intermediate scales can modify the way in which a microscopic property translates into
a macroscopic property. Considering the elastic properties of rocks, the elastic properties of
individual grains or crystals combine to the overall elastic response of the rock depending on
the geometry of the grains and how they are connected and arranged relative to each other
(Thomsen, 1972; Watt et al., 1976). In a straightforward approach, bounds on the elas-
tic moduli of the rock can be computed that reflect different assumptions about the stress
and strain states of individual grains (Voigt, 1928; Reuss, 1929; Hill, 1952; Hashin and
Shtrikman, 1962). The actual elastic response of the rock is assumed to fall between these
theoretical bounds. For monomineralic rocks or single-phase polycrystalline aggregates, the
separation of the bounds essentially reflects the magnitude of the elastic anisotropy of the
component grains or crystals.
In chapter 7, we investigate the elastic response of sintered polycrystalline stishovite
to quasi-hydrostatic compression. Stishovite displays a strong compressional anisotropy
(Ross et al., 1990; Andrault et al., 2003; Jiang et al., 2009) as illustrated by the directional
variation of the linear compression modulus shown in Figure 3.6. Table 3.3 lists linear com-
pression moduli ki along each crystallographic axis together with bulk moduli for both Voigt
and Reuss bounds calculated based on the elastic stiffness tensor of stishovite at ambient
conditions reported by Jiang et al. (2009). I also included compression moduli derived
from compression curves of a stishovite single crystal and stishovite powder (Andrault et
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Table 3.3: Compression moduli of stishovite at ambient conditions
Voigt Reuss Powder SPXc
bounda bounda & SXb
Linear moduli (GPa)
k1 = k2 846(2) 745(7) 808(10) 867(44)
k3 1146(2) 1573(2) 1459(17) 1467(15)
Bulk modulus (GPa)
K 315(1) 301(2) 320(2) 344(25)
aElastic stiffness tensor from Jiang et al. (2009).
bCompression data from Andrault et al. (2003);
SX: single-crystal data for P < 10 GPa.
cSPX: sintered polycrystalline stishovite.
al., 2003) as well as our own results on sintered polycrystalline stishovite (Buchen et al.,
2018a). The strong compressional anisotropy of stishovite enhances stresses between grains
that are expected to arise upon compression in a sintered polycrystalline material because
grain boundaries are locked to each other. Therefore, sintered polycrystalline stishovite ap-
pears to be an ideal material to study the effect of grain-grain interactions on the overall
elastic response of a polycrystalline aggregate. Moreover, the transition pressure of the fer-
roelastic phase transition shifts to lower pressures upon nonhydrostatic compression (Singh
et al., 2012; Asahara et al., 2013) providing a sensor for deviatoric stresses that arise from
nonhydrostatic compression.
By comparing the compression behavior of sintered polycrystalline stishovite and
stishovite powder (Andrault et al., 2003; Nisr et al., 2017), we found that sintered poly-
crystalline stishovite is significantly less compressible than stishovite powder, in particular
along the a axis (Fig. 7.2 on page 161). The transition pressures to CaCl2-type SiO2 are
similar for both materials when derived from an analysis of spontaneous strains (Fig. 7.3a
on page 166). After the phase transition to CaCl2-type SiO2, the compression curves suggest
similar compressibilities for the sintered polycrystalline material and silica powder (see also
Table 7.2 on page 162). These observations led us to conclude that the initial stiffening
of sintered polycrystalline stishovite is related to stresses between grains arising from the
strong compressional anisotropy of stishovite. These stresses are partially released at the
phase transition from stishovite to CaCl2-type SiO2 as the grains in the sintered material
become free to distort from tetragonal to orthorhombic symmetry.
The intersection of the equations of state of sintered polycrystalline stishovite and CaCl2-
type SiO2 at the phase transition suggests a sharp drop of the bulk modulus as both EOS
have different slopes at the transition pressure (Figs. 7.2c and 7.4c). We used a Landau
theory approach (Carpenter et al., 2000; Carpenter, 2006) to predict the changes in indi-
vidual components of the elastic stiffness tensor across the phase transition based on the
experimentally observed evolution of unit cell parameters with pressure and previously de-
termined elastic stiffness tensors at lower pressures (Jiang et al., 2009). From the predicted
elastic stiffness tensors, we calculated the shear modulus as a function of pressure and found
substantial softening of the shear modulus at pressures close to the phase transition. While
a reduction of the shear modulus has been inferred earlier (Karki et al., 1997a; Carpenter et
al., 2000; Shieh et al., 2002; Asahara et al., 2013), the sharp drop in bulk modulus appears
to be particularly pronounced in sintered polycrystalline silica (Fig. 7.4c on page 168).
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Figure 3.7: P wave (a) and S wave (b) velocities of pyrolite and a basaltic rock (MORB) along
an adiabatic geotherm. For the basaltic rock, either the EOS and elastic properties of sintered
polycrystalline silica (SiO2 spx) or of silica powder (SiO2 powder) were used to calculate sound
wave velocities. Shading indicates Voigt (upper) and Reuss (lower) bounds; central bold lines show
Voigt-Reuss-Hill averages. Red curves show the velocities of PREM (Dziewonski and Anderson,
1981). Note the sharp drop in P wave velocities of a basaltic rock (b) when computed based on
the EOS and elastic properties of sintered polycrystalline silica (SiO2 spx).
To illustrate a potential application of our results on sintered polycrystalline silica, I com-
puted sound wave velocities for simplified pyrolite and MORB compositions along a man-
tle geotherm. For pyrolite (45.53 wt-% SiO2, 4.50 wt-% Al2O3, 8.14 wt-% FeO, 38.24 wt-%
MgO, 3.59 wt-% CaO; McDonough and Sun, 1995), I used elastic and thermoelastic pa-
rameters for bridgmanite, ferropericlase, and Ca-silicate perovskite as given by Stixrude
and Lithgow-Bertelloni (2011) and Kurnosov et al. (2017). I assumed a constant Fe-Mg
partitioning coefficient of KFe/Mgbr/fp = 0.5 between bridgmanite and ferropericlase (Murakami
et al., 2005; Irifune et al., 2010; Sinmyo and Hirose, 2013) and, for simplicity, neglected
the effect of ferric iron on the sound wave velocities of bridgmanite that has been con-
strained by experiments only at pressures below 40 GPa (Kurnosov et al., 2017). For MORB
(51.62 wt-% SiO2, 15.66 wt-% Al2O3, 10.56 wt-% FeO, 7.63 wt-% MgO, 11.74 wt-% CaO,
2.7 wt-% Na2O; Anderson, 2007), I used tabulated elastic and thermoelastic parameters
for the same mineral species as for pyrolite and added the Ca-ferrite phase (Stixrude and
Lithgow-Bertelloni, 2011). The properties of stishovite and CaCl2-type SiO2 were calculated
from the EOS and the Landau theory descriptions for either sintered polycrystalline silica
or silica powder as derived in chapter 7 (Tables 7.2 and 7.3) in combination with tabulated
thermoelastic parameters (Stixrude and Lithgow-Bertelloni, 2011). I used the Clapeyron
slope of dP/dT = 15.5 MPa K−1 for the stishovite–CaCl2-type SiO2 phase transition recently
determined by Fischer et al. (2018). To compute the volume fractions of phases, I assumed
KFe/Mgbr/cf = 0.7 between bridgmanite and the Ca-ferrite phase and a stishovite volume fraction
of 15 vol-% (Ricolleau et al., 2010). For each species, physical properties were computed
as described by Stixrude and Lithgow-Bertelloni (2005). Debye functions (Ita and Stixrude,
1992) were integrated numerically for each species and the properties of all species com-
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bined after each calculation step according to either the Voigt or Reuss bound or the Voigt-
Reuss-Hill average. An adiabatic geotherm starting at 23.5 GPa and 1900 K was computed
for pyrolite and used in all subsequent calculations. The results are shown in Figure 3.7
together with P and S wave velocities of PREM (Dziewonski and Anderson, 1981).
The ferroelastic phase transition appears to perturb the elastic properties of silica strong
enough to affect the sound wave velocities of a basaltic rock in Earth’s mantle. For shear
wave velocities, the difference in using the EOS and Landau theory descriptions of sintered
polycrystalline silica or silica powder merely consists in a shift of the transition pressure.
P wave velocities based on the Voigt-Reuss-Hill average and the elastic properties of sin-
tered polycrystalline silica, however, drop abruptly at the phase transition. Based on these
preliminary modeling results, the ferroelastic phase transition in silica bears the potential
to be seismically detectable in Earth’s lower mantle, for example, by scattering of seismic
waves on kilometer-sized fragments of subducted oceanic crust. In general, S waves ap-
pear to be more affected in agreement with seismic observations of S-to-P scattered waves
(Kaneshima and Helffrich, 1998; Kaneshima and Helffrich, 2009; Kaneshima and Helffrich,
2010). Our results on sintered polycrystalline silica, however, indicate that P waves might
also be scattered, especially at conditions close to the phase transition where the P wave
velocity contrast between pyrolite or PREM and a basaltic rock is amplified by the sharp
drop in P wave velocities.
Whether the sharp drop of the bulk modulus at the phase transition from stishovite to
CaCl2-type SiO2 can affect P wave waves in Earth’s mantle depends on the extent of stresses
that can accumulate between grains during the passage of a seismic wave. At mantle tem-
peratures and low oscillation frequencies, stresses between grains can relax, and the rock
would be expected to follow the velocity curves computed based on the EOS of silica pow-
der. Oscillation frequencies that are high enough to impede complete relaxation of stresses
between grains, however, could shift the elastic response towards the behavior of sintered
polycrystalline silica. The actual response of a stishovite-bearing rock might fall in between
the completely relaxed and unrelaxed situations. The frequency range above which stresses
between grains cannot relax efficiently by anelastic processes depends on the relaxation
processes (Jackson, 2007; Karato, 2008). To constrain the elastic and anelastic response of
polycrystalline stishovite or mantle rocks in general, experiments at seismic frequencies are
required, ideally at pressures and temperatures relevant to Earth’s mantle. Recently, the spin
transition of (Mg,Fe)O ferropericlase has been probed at pressures of the lower mantle and
at seismic frequencies using a dynamically-driven diamond anvil cell (dDAC) (Marquardt
et al., 2018). The dDAC can generate pressure oscillations similar to those of a P wave
and would therefore be ideally suited to test whether the drop of the bulk modulus at the
phase transition from stishovite to CaCl2-type SiO2 shows a frequency dependence. Using
stishovite as an example, we showed that the elastic response of sintered polycrystalline
materials may be complex and deviate from powder, in particular in the vicinity of phase
transitions. Future studies might aim at constraining the elastic and anelastic properties of
polycrystalline materials composed of phases of geophysical interest at seismic frequencies
and at simultaneously high pressures and high temperatures.
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Abstract
A quantitative knowledge of the equation of state of wadsleyite solid solutions is needed
to refine thermodynamic and thermoelastic models for the transition zone in Earth’s up-
per mantle. Here we present the results of high-pressure single-crystal X-ray diffraction
experiments on two crystals of slightly hydrous iron-bearing wadsleyite with Fe/(Mg+Fe)
= 0.112(2), Fe3+/ΣFe = 0.15(3), and 0.24(2) wt-% H2O up to 20 GPa. By compressing two
wadsleyite crystal sections inside the same diamond anvil cell, we find a negligible influ-
ence of crystal orientation on the derived equation of state parameters. Volume and linear
compression curves were analyzed with finite-strain theory to demonstrate their mutual
consistency for the Reuss bound indicating quasi-hydrostatic stress conditions. The results
on the here-studied wadsleyite crystals are incorporated into a multi-end-member model to
describe the equation of state for wadsleyite solid solutions in the system Mg2SiO4-Fe2SiO4-
MgH2SiO4-Fe3O4. For the hypothetical ferrous wadsleyite end member, Fe2SiO4, we find a
substantially larger bulk modulus than expected by extrapolating currently accepted trends.
The multi-end-member equation of state model may serve as a basis for the calculation of
phase equilibria and the interpretation of seismic observations regarding the transition zone.
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4.1 Introduction
In most models for Earth’s upper mantle, wadsleyite, β-(Mg,Fe)2SiO4, is assumed to be a
major phase in the transition zone (Ringwood, 1991; Frost, 2008; Stixrude and Lithgow-
Bertelloni, 2011). The steep increase in seismic velocities around 410 km depth has been
attributed to the phase transition of olivine, α-(Mg,Fe)2SiO4, to wadsleyite (Bina and Wood,
1987; Ringwood, 1991; Agee, 1998). Seismological observables related to the 410-km dis-
continuity such as the magnitude, depth, and depth interval of the velocity and density
increase (Shearer, 2000; Houser, 2016) serve as anchor points to constrain the mineralog-
ical, chemical, and thermal state of the upper mantle (Katsura et al., 2010; Wang et al.,
2014; Chang et al., 2015; Zhang and Bass, 2016).
In addition to iron-magnesium substitution (Ringwood and Major, 1970; Frost, 2003),
nominally anhydrous wadsleyite can incorporate substantial amounts of hydrogen (Smyth,
1994; Inoue et al., 1995) in the form of hydroxyl groups (McMillan et al., 1991; Young et
al., 1993). Moreover, wadsleyites with Fe3+/ΣFe up to 96 % have been synthesized under
oxidizing conditions (Smyth et al., 1997; McCammon et al., 2004). Both hydrogen and
ferric iron expand the stability field of wadsleyite to lower pressures and affect the pressure
interval of the phase transition (Wood, 1995; Smyth and Frost, 2002; Frost and Dolejš,
2007; Frost and McCammon, 2009). To describe phase equilibria and to model seismic
properties of wadsleyite, we need to know the equation of state (EOS) for wadsleyite solid
solutions spanning the range of relevant compositions as captured by the system Mg2SiO4-
Fe2SiO4-MgH2SiO4-Fe3O4.
The variation of individual EOS parameters as a function of wadsleyite crystal chemistry
has been addressed in previous studies, and certain trends have been established. Both iron
and hydrogen incorporation expand the unit cell at ambient conditions but have opposing
effects on the density (Finger et al., 1993; Holl et al., 2008; Mao et al., 2008). While the
incorporation of hydrogen clearly enhances the compressibility of wadsleyite (Holl et al.,
2008; Mao et al., 2008; Ye et al., 2010; Chang et al., 2015), the bulk modulus appears to
be insensitive to iron-magnesium exchange when directly comparing experimental values
determined with different techniques and based on different EOS assumptions (Wang et al.,
2014; Chang et al., 2015). Only few studies addressed the combined effect of iron and
hydrogen on the EOS of wadsleyite indicating that iron slightly counteracts the reduction
of the bulk modulus due to hydrogen incorporation (Mao et al., 2011; Chang et al., 2015;
Mao and Li, 2016).
Although ferric iron was shown to stabilize wadsleyite at lower pressures and to broaden
the 410-km discontinuity (Frost and McCammon, 2009), little is known about the effect of
the Fe3+ cation on the elastic properties of wadsleyite. Hazen et al. (2000b) deduced a
negligible effect of ferric iron on the compression behavior from their high-pressure single-
crystal X-ray diffraction study on Fe2.33Si0.67O4, a member of the low-pressure spinelloid
III solid solution series (Woodland and Angel, 1998; Woodland and Angel, 2000; Koch et
al., 2004). This solid solution series is isostructural with wadsleyite and spanned by the
coupled substitution of octahedral Mg2+ and Fe2+ cations and tetrahedral Si4+ by ferric iron
(Woodland and Angel, 1998; Hazen et al., 2000b; Woodland et al., 2012). The fact that in
many studies on the EOS of iron-bearing wadsleyites the amount of ferric iron has not been
assessed could mask a potential impact of ferric iron on the elastic properties of wadsleyite
solid solutions.
In the case of orthorhombic minerals like wadsleyite, single crystals respond to com-
pression with anisotropic strain. This compressional anisotropy bears the potential to bias
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extracted equation of state parameters in the presence of deviatoric stresses (Meng et al.,
1993; Zhao et al., 2010). By comparing the compression behavior for crystals with different
orientations relative to the stress field, potential bias due to deviatoric stresses should be-
come apparent. Moreover, linear and bulk compressibilities derived from quasi-hydrostatic
compression experiments should be mutually consistent for the Reuss bound (Angel, 2000;
Angel et al., 2014).
Here we present the results of high-pressure single-crystal X-ray diffraction experiments
on slightly hydrous iron-bearing wadsleyite with Fe/(Mg+Fe) = 0.112(2), Fe3+/ΣFe =
0.15(3), and 0.24 wt-% H2O up to 20 GPa. Two crystals of the same composition were
loaded together into the same pressure chamber of a diamond anvil cell (DAC) but with
different crystallographic orientations relative to the compression axis. This setup aimed to
detect any influence of crystal orientation on the derived EOS that may result from devia-
toric stresses inside the DAC at high pressures. We analyzed volume and axial compression
curves of both crystals with finite-strain equations of state to find mutually consistent de-
scriptions of bulk and anisotropic compression. To describe anisotropic compression, we
derived a linear EOS for each crystallographic axis.
We further reanalyzed available compression data employing a consistent analysis
scheme and constructed a model for the EOS of wadsleyite solid solutions in the system
Mg2SiO4-Fe2SiO4-MgH2SiO4-Fe3O4. The model captures the variation of unit cell volume
and bulk modulus as a function of iron and hydrogen content. We extended this model
to describe the anisotropic compression behavior of wadsleyite solid solutions by including
single-crystal elasticity and anisotropic compression data.
4.2 Experimental
4.2.1 Single-Crystal Synthesis and Chemical Composition
Wadsleyite single crystals with sizes up to 500µm were synthesized from San Carlos olivine
powder in a 1000-ton multi-anvil press (run H4015). Details of the crystal synthesis have
been reported elsewhere (Kawazoe et al., 2015). Four grains were mounted in resin and
polished for subsequent electron microprobe analysis (EMPA) (15 kV, 15 nA, 1–2µm beam
diameter). Line scans indicated chemical homogeneity both for single grains and among
different grains with Fe/(Mg+Fe) = 0.112(2) and M/Si = 1.92(1) where M stands for all
analyzed metals (Mg, Fe, Ni, Ca, Al, Mn) other than silicon. Complete results of the EMPA
are summarized in Appendix Table A.11.
4.2.2 Mössbauer Spectroscopy
A mixture of fine-grained material and several coarser grains was ground to a homogeneous
powder and loaded into a hole in a 1 mm thick lead sheet with a diameter of 500µm. Based
on the physical thickness and chemical composition, we estimate the Mössbauer thickness
to be 15 mg Fe/cm2. The lead sheet containing the powder was subsequently mounted in
front of the 57Co point source (nominal activity 370 MBq over 500 × 500µm2) of a con-
stant acceleration Mössbauer spectrometer. A Mössbauer spectrum was recorded at room
1Deposit item AM-17-126162, Supplemental Materials. Deposit items are free to all readers and found on
the MSA web site, via the specific issue’s Table of Contents.
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temperature in transmission mode for 2 days. The velocity scale was calibrated using certi-
fied line positions of α-Fe (former National Bureau of Standards material no. 1541) and a
Mössbauer spectrum collected on a 25µm thick α-Fe foil.
The spectrum recorded on the wadsleyite powder was analyzed by fitting a series of
Lorentzian functions to the transmission minima using the program MossA (Prescher et al.,
2012). We applied five different fitting models based on Mössbauer spectral analyses of
wadsleyite reported by Mrosko et al. (2015) and Kawazoe et al. (2016) to explore the sen-
sitivity of the parameters to the model used. Details about the individual models can be
found in the supplemental online material1. The amount of Fe3+ as represented by the
relative area of its absorption is independent of the applied fitting model within the experi-
mental uncertainty. Our preferred fit is shown in Appendix Figure A.11 with the parameters
listed in Appendix Table A.21 and yields Fe3+/ΣFe = 0.15(3).
4.2.3 Single-Crystal X-Ray Diffraction at Ambient Conditions
Single crystals of at least 300µm in size that showed uniform extinction when viewed be-
tween crossed polarizers were selected and glued onto a glass fiber for single-crystal X-ray
diffraction. Crystal quality was assessed by scanning reflections on a Huber 4-circle Eulerian
cradle diffractometer operating with Mo-Kα radiation generated at 40 kV and 20–30 mA and
a point detector. A total of 26 reflections were collected for two wadsleyite crystals with full
widths at half peak heights of ω scans between 0.06◦ and 0.15◦ using the 8-position cen-
tering protocol (King and Finger, 1979) implemented in the SINGLE program (Angel and
Finger, 2011). Unit cell parameters were refined assuming orthorhombic and monoclinic
symmetry with space groups Imma (Horiuchi and Sawamoto, 1981) and I2/m (Smyth et al.,
1997), respectively. Since unit cell edge lengths and volumes were identical within errors
for both symmetries, only the orthorhombic values are summarized in Table 4.1 together
with further X-ray diffraction results. The crystals, however, showed monoclinic distortions,
β > 90◦, (Table 4.1) that fall in the range observed for wadsleyites of different hydration
states (Smyth et al., 1997; Kudoh and Inoue, 1999; Jacobsen et al., 2005; Holl et al., 2008;
Mao et al., 2008). After being oriented on the diffractometer as described by Jacobsen et al.
(2005), the crystals were double-sided polished to plane-parallel thin sections parallel to
either the (120) or (243) crystallographic planes, hereafter referred to as X120 and X243,
respectively, with a final thickness of 10(1)µm.
4.2.4 Fourier-Transform Infrared Absorption Spectroscopy
Polarized and unpolarized infrared absorption spectra were recorded on X120 and X243
with a Bruker IFS 120 HR Fourier-transform infrared (FTIR) spectrometer in a spectral range
from 2500 cm−1 to 4000 cm−1 (see supplemental online material1 for details). By comparing
spectra collected on at least 5 different spots on each crystal with spot diameters between
100µm and 200µm, we found the infrared absorption to be homogeneous across each
crystal section. For polarized spectra, the electric field vector E was oriented parallel to
each of the two vibration directions, n′ and n′′, as determined from the extinction positions
of the single-crystal thin sections between crossed polarizers in visible light. Representative
infrared absorption spectra for both crystal orientations, (120) and (243), are shown in
Appendix Figures A.2a1 and A.2b1.
All spectra were dominated by two absorption bands centered around 3340 cm−1 and
3600 cm−1 (Appendix Figs. A.21 and A.31). These bands correspond to the most promi-
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Table 4.1: Unit cell parameters and omega scan widths
Crystal X120 X243
cut || (hkl) (120) (243)
Unit cell parameters
a (Å) 5.7062(8) 5.7076(5)
b (Å) 11.4735(10) 11.4736(6)
c (Å) 8.2729(9) 8.2751(6)
V (Å3) 541.62(11) 541.91(7)
βa (◦) 90.044(9) 90.052(3)
b/a 2.0107(3) 2.0102(2)
Nb 26 26
FWHMc
∆ωMIN (
◦) 0.060 0.059
∆ωMAX (
◦) 0.085 0.151
<∆ω> (◦) 0.068(6) 0.091(23)
Note: Throughout this paper, standard
deviations on the last digit are given in
parentheses.
aFor monoclinic unit cell.
bNumber of centered reflections.
cFull width at half maximum.
nent absorption features attributed to structurally bonded hydroxyl groups in wadsleyite
(e. g. McMillan et al., 1991; Young et al., 1993; Jacobsen et al., 2005). To calculate to-
tal absorbances ATOT and hydrogen contents from the polarized spectra, we made use of
the principles explained by Libowitzky and Rossman (1996) and the crystal symmetry of
wadsleyite (crystal class mmm) (Appendix Fig. A.41). To facilitate comparison between
different calibrations and hydrogen contents reported in earlier work, we evaluated hydro-
gen concentrations with calibrations by Libowitzky and Rossman (1997), Paterson (1982),
and Deon et al. (2010). Band specific absorbances, mean wave numbers, and hydrogen
concentrations are summarized in Appendix Table A.41. More details can be found in the
supplemental online material1. Although we obtained identical total hydrogen concentra-
tions when applying the calibrations by Deon et al. (2010) and Libowitzky and Rossman
(1997), we emphasize that band specific hydrogen concentrations differ significantly be-
tween these calibrations (Appendix Table A.41). These differences demonstrate that the
redistribution of absorption strength among bands at different frequencies as previously
observed for iron-bearing wadsleyites (Bolfan-Casanova et al., 2012; Smyth et al., 2014)
requires a wave number-dependent molar absorption coefficient as included in the calibra-
tions by Libowitzky and Rossman (1997) and Paterson (1982). According to the calibration
of Libowitzky and Rossman (1997), we found total hydrogen contents of 0.26(2) wt-% H2O
for X120 and 0.22(2) wt-% H2O for X243. In view of the analytical uncertainties, both
hydrogen contents are identical, and we use their mean value 0.24(2) wt-% H2O for both
crystals.
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4.2.5 Sample Preparation and High-Pressure Experiments
After characterization by FTIR spectroscopy, the thin sections were glued onto metallic car-
riers and inserted into a FEI Scios dual beam device. A Ga+ ion beam operated at an accel-
eration voltage of 30 kV was used to cut circular disks with diameters of 110µm out of the
single-crystal thin sections (Marquardt and Marquardt, 2012). In a second step, the circles
were cut in half to semicircles. The ion beam current was adjusted between 7 nA and 30 nA
depending on crystal thickness and available machine time.
Two semicircles of complementary orientations, i. e. one oriented parallel to (120),
X120, and one parallel to (243), X243, were loaded together into a BX90 diamond anvil
cell (DAC) (Kantor et al., 2012; Kurnosov et al., 2017; Schulze et al., 2017) equipped with
diamond anvils of 500µm culet size and tungsten carbide seats. The compression axis of the
DAC was oriented along the plane normals, i. e. along the reciprocal lattice vectors (120)
and (243). The symmetry equivalents of these vectors form pairs of almost perpendicular
directions (Appendix Fig. A.41). The pressure chamber was formed by a circular hole with
a diameter of 275µm cut with an infrared laser in the center of the culet indentation of
a rhenium gasket preindented to a thickness of about 60µm. Neon gas precompressed to
about 1.3 kbar was loaded as a pressure transmitting medium using the gas loading system
at the Bayerisches Geoinstitut (Kurnosov et al., 2008). Solid neon was shown to create a
quasi-hydrostatic stress environment up to 15 GPa (Meng et al., 1993; Klotz et al., 2009).
For pressure determination, a ruby sphere was loaded into the DAC together with the crystal
segments.
4.2.6 High-Pressure Single-Crystal X-Ray Diffraction
At high pressures, the lattice constants of the crystals inside the DAC were determined by
single-crystal X-ray diffraction on the same diffractometer system as described above, now
operated at 50 kV and 40 mA. Before gas loading, the lattice constants were obtained at am-
bient conditions with the specimens residing inside the DAC. Final ω scans were inspected
and refit with the program WinIntegrStp (Angel, 2003). Profiles of low quality resulting in
unreliable fits were rejected. At each pressure, the lattice constants were refined assuming
first an orthorhombic and then a monoclinic unit cell. The number of reflections included
in the refinements varied as a result of rejecting poor-quality profiles. For X120, unit cell
parameters were computed using 16 to 20 reflections of the families 013, 211, 103, 141,
033, 231, 004, 240, 204, 105, 341, 244, and 271 with 15◦ < 2θ < 30◦ and, for X243, using
11 to 20 reflections of the families 013, 211, 103, 141, 033, 231, 240, 053, 204, 105, 303,
341, 244, 073, 271, 413, 305, 084, and 404 with 15◦ < 2θ < 36◦.
4.3 Results and Discussion
4.3.1 Equation of State
Since both volume and linear incompressibilities for orthorhombic and monoclinic unit cells,
including the symmetry-adapted dimensions a sinβ and c sinβ , turned out to be indistin-
guishable within their uncertainties, we restrict the following discussion to orthorhombic
symmetry. This approximation is further justified by the fact that we could not resolve a
systematic change of the monoclinic angle β with pressure. For both crystals, orthorhombic
unit cell volumes V and edge lengths a, b, and c are compiled in Appendix Table A.51 and
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Figure 4.1: Volume and linear compression curves for both crystal sections. Errors are within the
size of the symbols. Lines show third-order Birch-Murnaghan EOS curves.
plotted in Figure 4.1 as a function of pressure P. Differences in the unit cell dimensions
between the two crystals amount to less than 0.1 % at the highest pressure (Appendix Fig.
A.51) and remain on the same order of magnitude as the experimental uncertainties.
Following previous high-pressure single-crystal X-ray diffraction studies on wadsleyite
(Yusa and Inoue, 1997; Hazen et al., 2000a; Hazen et al., 2000b; Holl et al., 2008; Ye
et al., 2010; Chang et al., 2015), the volume compression was described by a third-order
Birch-Murnaghan (BM-3) EOS (Birch, 1947)
P = (1+ 2 fE)
5/2

3K0 fE +
9
2
K0
 
K ′0 − 4

f 2E

(4.1)
with the isotropic Eulerian finite strain fE =

(V0/V )
2/3 − 1/2, the unit cell volume V0, the
bulk modulus K0, and its first pressure derivative K
′
0 at ambient conditions. The variation
of normalized pressure FE with Eulerian finite strain fE indicated a third-order contribution
of the finite strain (Angel, 2000) (Appendix Fig. A.61).
To reveal any difference in compressional behavior between the two crystal sections ori-
ented differently relative to the compression axis of the DAC, each crystal was first treated
separately. The resulting unit cell volumes at ambient conditions overlap within their uncer-
tainties. Furthermore, we found identical bulk moduli and related pressure derivatives for
the two crystals (Table 4.2). These results demonstrate that both crystal sections follow a
common compression behavior irrespective of their orientation relative to the compression
axis of the DAC. We therefore combined both P-V datasets in a single EOS and obtained
V0 = 542.09(7)Å3 and K0 = 167(1)GPa with K ′0 = 4.4(2).
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Table 4.2: Refined equation of state parameters
Crystal X120 X243 Combined
Third-order Birch-Murnaghan (BM-3) EOS
V 0 (Å
3) 542.20(8) 542.05(10) 542.09(7)
K 0 (GPa) 166.7(14) 166.7(20) 166.9(13)
K ′0 4.4(2) 4.4(3) 4.4(2)
a0 (Å) 5.7086(5) 5.7071(4) 5.7075(3)
b0 (Å) 11.4765(10) 11.4765(8) 11.4765(7)
c0 (Å) 8.2762(11) 8.2759(8) 8.2760(7)
k10 (GPa) 578(10) 583(8) 583(7)
k20 (GPa) 567(10) 580(8) 575(7)
k30 (GPa) 398(7) 389(6) 393(5)
k ′10 11.4(13) 10.7(12) 10.8(10)
k ′20 15.8(15) 12.5(13) 13.9(11)
k ′30 12.4(10) 14.5(10) 13.5(8)
Second-order Birch-Murnaghan (BM-2) EOSa
V 0 (Å
3) 542.11(8) 542.00(10) 542.03(7)
K 0 (GPa) 169.5(6) 169.1(8) 169.3(5)
a0 (Å) 5.7087(5) 5.7072(4) 5.7077(3)
b0 (Å) 11.4750(9) 11.4764(8) 11.4759(6)
c0 (Å) 8.2759(10) 8.2751(8) 8.2754(7)
k10 (GPa) 574(4) 575(3) 576(3)
k20 (GPa) 592(4) 583(4) 586(3)
k30 (GPa) 401(3) 403(3) 402(2)
aK ′0 =4; k
′
10 = k
′
20 = k
′
30 =12.
4.3.2 Anisotropic Compression Behavior and the Stress State Inside
the Diamond Anvil Cell
To describe the anisotropic compression behavior, we followed the approach outlined by
Angel (2000) and Angel et al. (2014) who proposed to substitute the volume in an EOS
with the cube of a unit cell edge length. This results in the linear BM-3 EOS
P = (1− 2Ei)5/2

−ki0Ei + 12ki0
 
k′i0 − 12

E2i

(4.2)
with the linear moduli ki0, their pressure derivatives k
′
i0, and the components of the Eulerian
finite-strain tensor Ei =

1− (ai0/ai)2

/2 (i = 1, 2, or 3 for a, b, or c, respectively). Again,
each crystal was treated separately first, and the linear moduli for the two crystals overlap
within their uncertainties (Table 4.2). The linear moduli pressure derivatives differ slightly
for the two crystals but still overlap within their 2σ uncertainty intervals. In analogy to the
volume EOS, we combined both datasets in a single linear EOS for compression along each
crystallographic axis. As for volume compression, the anisotropic compression behavior
appears to be independent of how the crystal section is oriented relative to the compression
axis of the DAC.
Using the two crystal orientations as determined by X-ray diffraction and the derived
linear moduli (Table 4.2), we calculated the effect of potential deviatoric stresses on vol-
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ume strain using equation (12) of Zhao et al. (2010). Crystal X243 is oriented parallel
(243) so that the compression axis of the DAC intersects all three crystallographic axes at
nearly equal angles (Appendix Fig. A.41). In this orientation, the volume strain should be
almost insensitive to deviatoric stresses (Zhao et al., 2010). For crystal X120, in contrast,
the effect of deviatoric stresses on volume strain is predicted to be an order of magnitude
larger than for crystal X243. Since we observed only negligible differences between the unit
cell volumes of both crystals (Appendix Table A.51, Appendix Fig. A.51), we conclude that
deviatoric stresses were not large enough to significantly affect the volume strain.
For hydrostatic stress conditions (Reuss bound; Reuss, 1929; Watt et al., 1976), the
linear moduli can be expressed in terms of single-crystal compliances si j as k
R
i = 1/(si1 +
si2 + si3) (Angel et al., 2014). For isotropic strain conditions (Voigt bound; Voigt, 1928;
Watt et al., 1976), the linear moduli can be calculated from single-crystal stiffnesses ci j as
kVi = ci1 + ci2 + ci3. According to these relations, the linear moduli can be combined to the
respective bulk moduli (Watt et al., 1976; Nye, 1985; Haussühl, 2007):
Reuss bound (hydrostatic stress): KR0 = 1/
∑
i
(si10 + si20 + si30) = 1/
∑
i
kR
−1
i0 (4.3a)
Voigt bound (isotropic strain): KV0 =
∑
i
(ci10 + ci20 + ci30)/9 =
∑
i
kVi0/9 (4.3b)
To evaluate which stress state, hydrostatic stress or isotropic strain, better reflects the con-
ditions inside the DAC for the setup used in our experiments, we calculated the Reuss
and Voigt bound from the linear moduli ki0 obtained from our analysis of anisotropic
compression and compared them with the bulk modulus K0 obtained from our volume
compression data. Using the linear BM-3 EOS parameters given in Table 4.2, we obtain
KR0 = 1/
∑
i k
−1
i0 = 166.7(12)GPa (eqn. (4.3a)) and K
V
0 =
∑
i ki0/9 = 172.3(12)GPa (eqn.
(4.3b)). The fact that the bulk modulus obtained by fitting the P-V data with a BM-3 EOS
is virtually identical to the Reuss bound (Table 4.2) and coincides with the individual bulk
moduli for the two crystals attests to the quasi-hydrostatic stress field inside the pressure
chamber of the DAC. For the explored pressure range, deviatoric stresses remained too weak
to affect the compression behavior.
4.3.3 Equation of State of Wadsleyite Solid Solutions
Available compression and elasticity data on wadsleyite solid solutions cover compositions
spanned by four end members: Mg2SiO4 (mgwa), Fe2SiO4 (fewa), MgH2SiO4 (hywa), and
Fe2+Fe3+2 O4 (fe3wa). In defining these end members, we assumed that hydrogen incorpo-
ration is charge balanced by vacancies on the octahedral sites (Inoue, 1994; Smyth, 1994;
Inoue et al., 1995; Kawamoto et al., 1996; Kudoh et al., 1996; Smyth et al., 1997; Litasov
et al., 2011), i. e. by the mechanism M×M + O
×
O + H2O = V
′′
M + 2(OH)
•
O + MO, and that fer-
ric iron enters both the octahedral and tetrahedral sites by the charge coupled substitution
M×M + Si
×
Si + Fe2O3 = Fe
•
M + Fe
′
Si + MO + SiO2 (Woodland and Angel, 1998; Richmond and
Brodholt, 2000; Frost and McCammon, 2009), where M stands for Mg2+ or Fe2+ in octahe-
dral coordination. Although alternative mechanisms to incorporate hydrogen, ferric iron,
or coupled substitutions involving both of them have been proposed (Nishihara et al., 2008;
Frost and McCammon, 2009; Bolfan-Casanova et al., 2012; Smyth et al., 2014; Kawazoe
et al., 2016), the chosen end members comprise the relevant chemical variability.
We can write a general wadsleyite formula as (Mg,Fe2+,Fe3+)2−yH2y(Si,Fe3+)O4 where
y stands for the number of H2O molecular equivalents per formula unit. The iron content
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is conventionally stated as the ratio x = Fe/(Mg+Fe) without differentiating between iron
oxidation states (Fe= Fe2++Fe3+) and the ferric iron content as z = Fe3+/ΣFe. The following
relations decompose a given wadsleyite formula into molar fractions xm of the end members
m:
Mg2SiO4 (mgwa): xmgwa = (1− y/2)[1− x(2− z)/(2− xz)]− y/2 (4.4a)
Fe2SiO4 (fewa): xfewa = (1− y/2)x(2− 3z)/(2− xz) (4.4b)
MgH2SiO4 (hywa): xhywa = y (4.4c)
Fe3O4 (fe3wa): xfe3wa = (1− y/2)2xz/(2− xz) (4.4d)
For each end member species m, the EOS parameters may have different values referred
to as V0m, K0m, and K
′
0m. Assuming ideal mixing behavior, the unit cell volume of wadsleyite
solid solution members can be expressed as a function of the respective molar fractions
V =
∑
m
xmVm = xmgwaVmgwa + xfewaVfewa + xhywaVhywa + xfe3waVfe3wa (4.5)
For wadsleyite solid solutions, ideal volumes of mixing have been observed for the dry sys-
tem (y = 0) (Finger et al., 1993; Woodland et al., 2012), and the unit cell volume was
found to be a linear function of the hydrogen concentration (Holl et al., 2008; Chang et al.,
2015).
In Appendix Table A.61, we compile published unit cell parameters for wadsleyites with
different compositions. This dataset can be complemented by unit cell parameters for
magnesium-free (Woodland and Angel, 2000) and magnesium-bearing (Woodland et al.,
2012) members of the spinelloid III solid solution series to cover the relevant composition
space in the Mg2SiO4-Fe2SiO4-MgH2SiO4-Fe3O4 system (Fig. 4.2). A least squares fit of
equation (4.5) to 72 unit cell volumes yields Vmgwa0 = 538.5(2)Å3, Vfewa0 = 569.6(3)Å3,
Vhywa0 = 547.5(19)Å3, and Vfe3wa 0 = 598.5(5)Å3 (Table 4.3). These unit cell volumes agree
very well with previous estimates from solid solution analyses (Holl et al., 2008; Stixrude
and Lithgow-Bertelloni, 2011; Woodland et al., 2012; Chang et al., 2015). For example, the
unit cell volume obtained for the fictive hydrous end member MgH2SiO4 (15.2 wt-% H2O)
falls in between the values estimated using the formulas given by Holl et al. (2008) and
Chang et al. (2015), i. e. 553.1(8) Å3 and 547.4(31) Å3, respectively.
To calculate the elastic moduli of wadsleyite solid solutions, we follow previous ap-
proaches to analyze the elastic properties of solid solutions (Takahashi and Liu, 1970; Jack-
son et al., 1978; Stixrude and Lithgow-Bertelloni, 2005) that are based on the Reuss average
for the elastic properties of multi-phase aggregates. The elastic modulus M of a solid so-
lution can then be calculated from the elastic moduli Mm, the molar fractions xm, and the
unit cell volumes Vm of the relevant end members (Hill, 1963; Watt et al., 1976):
MR =
∑
m
xmVm∑
m
xmVm/Mm
(4.6)
Alternatively, the elastic modulus of a solid solution can be calculated from the end member
moduli as a Voigt average (Hill, 1963; Watt et al., 1976):
MV =
∑
m
xmVmMm∑
m
xmVm
(4.7)
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Figure 4.2: Wadsleyite compositions (end member molar fractions) of the EOS data set (Appendix
Tables A.61 and A.71) projected into the ternary diagrams a) Mg2SiO4-Fe2SiO4-MgH2SiO4 and b)
Mg2SiO4-Fe2SiO4-Fe3O4. Published EOS and elasticity data cluster around compositions relevant
for Earth’s mantle with the exception of an isolated data point for Fe2.33Si0.67O4 (Hazen et al.,
2000b). The arrows indicate the composition of the present study. HP-XRD high-pressure X-
ray diffraction, BS Brillouin spectroscopy, UI ultrasonic interferometry, RUS resonant ultrasound
spectroscopy, XRD X-ray diffraction (ambient conditions unit cells).
The choice between the two models depends on whether a single crystal of the solid solution
is characterized by a homogeneous internal stress field (Reuss model) or is internally ho-
mogeneously strained (Voigt model). Note that equations (4.6) and (4.7) average over end
members or phases with different elastic properties while equation (4.3) gives directional
averages of elastic anisotropy for a single crystal.
To generate a set of comparable EOS for wadsleyites with different chemical composi-
tions, we reanalyzed available room temperature compression data (Appendix Fig. A.71).
Since much of this data is limited to pressures below 10 GPa, we restricted our analysis of
volume and axial compression curves to second-order Birch-Murnaghan (BM-2) EOS (eqns.
(4.1) and (4.2)). The set of isothermal bulk and linear moduli can be complemented by
adiabatic moduli determined with dynamic methods such as Brillouin spectroscopy, ultra-
sonic interferometry, and resonant ultrasound spectroscopy by converting adiabatic moduli
to isothermal moduli. The resulting dataset is compiled in Appendix Table A.71 together
with the respective references. Details about the procedures to reanalyze and convert previ-
ously published EOS and elasticity data can be found in the supplemental online material1.
Figure 4.2 projects the wadsleyite compositions listed in Appendix Table A.71 into ternary
diagrams. Each ternary represents a projection from either the Fe3O4 end member (Fig.
4.2a) or the MgH2SiO4 end member (Fig. 4.2b) onto the opposite face of a fictitious tetra-
hedron spanned by the four end members at the corners. The compositions reported in
previous EOS and elasticity studies cluster around the Mg2SiO4 end member and along the
binary branches Mg2SiO4-Fe2SiO4 and Mg2SiO4-MgH2SiO4. Including that of the present
study, only few compositions represent complex solid solutions that plot within the wads-
leyite fields shown in Figure 4.2 rather than on the binary axes of the diagram. The wads-
leyite fields cover the relevant compositional space as inferred from the reported maximum
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Table 4.3: Calculated second-order Birch-Murnaghan equation of state parameters for wadsleyite
end members (Reuss model)
End member Volume Isothermal bulk and linear moduli
V 0 (Å
3) K 0 (GPa) k10 (GPa) k20 (GPa) k30 (GPa) K
R a
0 (GPa)
Three-end-member model
Mg2SiO4 538.5(2) 169(2) 578(10) 598(9) 404(7) 170(2)
Fe2SiO4 569.6(3) 195(22) 718(112) 689(80) 478(79) 203(18)
MgH2SiO4 547.5(19) 92(6) 327(35) 242(15) 210(21) 84(4)
Four-end-member model
Mg2SiO4 538.5(2) 170(2) 580(10) 598(8) 405(7) 170(2)
Fe2SiO4 569.6(3) 201(38) 861(246) 780(151) 460(113) 217(32)
MgH2SiO4 547.5(19) 92(6) 326(35) 243(15) 209(21) 84(4)
Fe3O4 598.5(5) 145(49) 279(65) 405(98) 613(464) 130(27)
aK R0 = 1/(1/k10 + 1/k20 + 1/k30).
values xhywa = 0.25 (Smyth, 1994; Inoue et al., 1995) and xfewa = 0.3 (Akaogi et al., 1989;
Frost, 2003; Stixrude and Lithgow-Bertelloni, 2011) for wadsleyite solid solutions.
We derived end member bulk moduli Km by fitting equations (4.6) and (4.7) to the bulk
moduli reported for different compositions (Appendix Table A.71) and using the end mem-
ber unit cell volumes Vm given in Table 4.3. We used the Reuss bounds for bulk and linear
moduli as calculated from single-crystal elastic constants that were determined by Brillouin
spectroscopy and employed the BM-2 bulk and linear moduli from compression curves for
which the bulk modulus K0 obtained from volume compression is close to the Reuss bound
KR0 calculated from the linear moduli (eqn. (4.3), Appendix Table A.7
1). Results reused
in successive studies (Sinogeikin et al., 1998; Wang et al., 2014) were included only once.
We found that both Reuss and Voigt models describe the wadsleyite bulk and linear moduli
equally well and, within errors, give identical results for intermediate compositions as well
as for end members. The moduli for the hydrous end member MgH2SiO4 are the only excep-
tions with the Voigt model moduli being significantly smaller than the Reuss model moduli
(Table 4.3 and Appendix Table A.31). Since both models predict virtually identical moduli
for intermediate compositions, we focus the following discussion on the Reuss model for
clarity.
Table 4.3 lists the results of least squares fits of equation (4.6) (Reuss model) to 21
compositions and the corresponding bulk and linear moduli for the ternary system Mg2SiO4-
Fe2SiO4-MgH2SiO4. The resulting bulk modulus for the Mg2SiO4 end member agrees with
those reported in previous solid solution analyses (Jeanloz and Hazen, 1991; Holl et al.,
2008; Mao et al., 2008; Stixrude and Lithgow-Bertelloni, 2011; Chang et al., 2015; Mao
and Li, 2016). The incorporation of hydrogen into wadsleyite reduces the bulk modulus as
reported in earlier studies (Holl et al., 2008; Mao et al., 2008; Tsuchiya and Tsuchiya, 2009;
Ye et al., 2010; Mao et al., 2011; Chang et al., 2015; Mao and Li, 2016). Moreover, hydrogen
weakens the structure along all three crystallographic axes with the strongest reduction of
the linear modulus along b (Table 4.3).
The compression behavior of the Mg2SiO4-Fe2SiO4 solid solution is not tightly con-
strained by the available studies. As a result, the bulk modulus for the ferrous iron-bearing
end member Fe2SiO4 has large uncertainties. In contrast to earlier studies concluding that
iron has a small or negligible effect on the bulk modulus (Stixrude and Lithgow-Bertelloni,
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2011; Wang et al., 2014; Chang et al., 2015; Mao and Li, 2016), however, the combination
of our new data with a careful reanalysis of previous studies indicates that the substitu-
tion of Mg2+ by Fe2+ increases the incompressibility of wadsleyite by about 14 %. Ferrous
iron appears to stiffen the crystal structure along all three crystallographic axes with the
strongest stiffening along a (Table 4.3).
A similar increase in bulk modulus with iron content has been observed for ringwoodite
(Rigden and Jackson, 1991; Jackson et al., 2000; Higo et al., 2006) and olivine (Sumino,
1979; Zha et al., 1996; Speziale et al., 2004). These experimental observations are con-
sistent with first-principle calculations based on density functional theory (DFT) suggesting
that the bulk moduli increase with increasing iron content for all three (Mg,Fe)2SiO4 poly-
morphs (Núñez-Valdez et al., 2011; Núñez-Valdez et al., 2013). In the case of wadsleyite, the
DFT calculations predict the absolute difference in bulk modulus between the magnesium
and iron end members to be 22 GPa (Núñez-Valdez et al., 2011) and 42 GPa (Núñez-Valdez
et al., 2013). These values are similar in magnitude to the difference of 25 GPa observed in
our analysis.
For the quaternary system Mg2SiO4-Fe2SiO4-MgH2SiO4-Fe3O4, we also included the
moduli for the member of the spinelloid III solid solution (Hazen et al., 2000b). The ef-
fect of Fe3+ is weakly constrained leading to large uncertainties on the moduli for the iron-
bearing end members (Table 4.3). However, the trends observed for the ternary system
remained unchanged. In contrast to the stiffening of the crystal structure by ferrous iron,
ferric iron appears to soften the crystal structure on compression, especially along the a axis
(Table 4.3). This behavior differs from the situation in the spinel-structured solid solution,
in which the bulk moduli for magnetite (186 GPa; Finger et al., 1986; Reichmann and Ja-
cobsen, 2004) and for Mg2SiO4 ringwoodite (185 GPa; Jackson et al., 2000; Higo et al.,
2006) are essentially identical.
Most iron-bearing wadsleyites can be expected to contain some ferric iron (O’Neill et al.,
1993; McCammon et al., 2004; Frost and McCammon, 2009; Bolfan-Casanova et al., 2012)
even though the amount of ferric iron has not always been stated for the samples described in
the literature. The competing effects of ferrous and ferric iron on the volume and anisotropic
compression of wadsleyite could have masked each other in previous attempts to resolve the
effect of iron-magnesium substitution on the compression behavior compelling to conclude
this effect to be negligible for wadsleyite (Wang et al., 2014; Chang et al., 2015; Mao and
Li, 2016).
The bulk moduli compiled in Appendix Table A.71 are plotted as a function of
Fe/(Mg+Fe) and the number of H2O molecular equivalents in Figures 4.3a and 4.3b, respec-
tively (for linear moduli see Appendix Fig. A.81). For each composition listed in Appendix
Table A.71, the modulus as calculated from the end member models (Table 4.3) is shown for
comparison. The models reasonably capture the competing effects arising from the different
cation substitutions even though several experimental data clearly deviate from the calcu-
lated values. Deviations may arise from the presence of hydrogen and ferric iron, whose
concentrations have not been accurately determined in several studies, or from systematic
errors in the compression studies. For example, the bulk moduli in excess of 180 GPa at
Fe/(Mg+Fe) ratios of 0 and 0.25 (Fig. 4.3a, Appendix Table A.71) were both obtained from
refitting the compression data of Hazen et al. (2000a). Even though the bulk modulus val-
ues are much larger than any other values obtained from compression data, they still display
the trend of increasing bulk moduli with increasing Fe/(Mg+Fe) ratio. Moreover, both data
points have counterparts with fairly low bulk modulus values for identical compositions
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Figure 4.3: Isothermal bulk moduli for wadsleyite as a function of a) Fe/(Mg+Fe) and b) H2O
molecular equivalents per formula unit. See Appendix Table A.71 for references. Contours were
calculated from the three-end-member model (Table 4.3). In a), compositions spread vertically for
different hydrogen and ferric iron contents. In b), compositions spread vertically for different iron
(ferrous and ferric) contents. Solid arrows indicate the composition of the present study. Data
points with open symbols were not included in the multi-end-member analysis. HP-XRD high-
pressure X-ray diffraction, BS Brillouin spectroscopy, UI ultrasonic interferometry, RUS resonant
ultrasound spectroscopy.
(Fig. 4.3a, Appendix Table A.71; Hazen et al., 1990) that again follow the trend of our
model.
4.3.4 Relationship of Compression Behavior to Crystal Chemistry
In the wadsleyite crystal structure, iron preferentially enters the M3 and M1 octahedral sites
(Sawamoto and Horiuchi, 1990; Finger et al., 1993; Hazen et al., 2000a). While the M3
octahedra form edge-sharing double chains along the a axis, the M1 octahedra interconnect
these chains along the c axis by sharing edges with octahedra belonging to two double
chains. In contrast to bulk modulus-volume systematics for coordination polyhedra (Hazen
and Finger, 1979), the M1 and M3 octahedra stiffen along with the expansion arising from
the replacement of Mg2+ by the larger Fe2+ cation (Finger et al., 1993; Hazen et al., 2000a).
As a consequence, we found that the wadsleyite crystal structure becomes less compressible
when Mg2+ is replaced by Fe2+. The stiffening of coordination polyhedra by incorporation
of iron may be caused by geometrical constraints imposed by the rigid sorosilicate group
(Hazen et al., 2000a) in addition to changes in the chemical bonding character.
For ringwoodite, the increase of the bulk modulus with iron content has been related to d
electron interactions between iron cations occupying edge-sharing coordination octahedra
(Hazen, 1993). Indeed, d electron interactions have been observed for both iron-bearing
ringwoodite and wadsleyite in the form of Fe2+→ Fe3+ intervalence charge transfer between
edge-sharing octahedra by Mössbauer spectroscopy (McCammon et al., 2004; Mrosko et al.,
2015) and optical absorption spectroscopy (Ross, 1997; Keppler and Smyth, 2005). The
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fact that Mg-Fe solid solutions of both ringwoodite and wadsleyite appear to contradict
bulk modulus-volume systematics, which are essentially based on ionic bonding models
(Anderson and Anderson, 1970; Chung, 1972), suggests a change in bonding character and
crystal-chemical behavior of the Fe2+ cation at high pressure (Hazen, 1993).
Required to charge balance structurally bound hydroxyl groups in wadsleyite (Smyth,
1994; Inoue et al., 1995; Kudoh et al., 1996; Smyth et al., 1997; Demouchy et al., 2005;
Jacobsen et al., 2005; Litasov et al., 2011), octahedral vacancies are probably responsible for
the enhanced compressibility of the wadsleyite structure with increasing degree of hydration
(Holl et al., 2008; Tsuchiya and Tsuchiya, 2009; Ye et al., 2010). On one hand, octahedral
vacancies disrupt the polyhedral framework of the crystal structure and allow the structure
to relax into the created voids. On the other hand, hydroxyl groups and accompanying
hydrogen bonds counteract the repulsive forces between neighboring oxygen anions (Kleppe
et al., 2001; Kleppe et al., 2006; Jacobsen et al., 2005). Both vacancies and hydrogen bonds
can therefore be expected to reduce the bulk modulus of wadsleyite.
The incorporation of Fe3+ into the wadsleyite structure follows a coupled substitution
with Si4+ and M2+ (M2+ = Mg2+ or Fe2+) being replaced by two Fe3+, one at a tetrahedral
and one at an octahedral site (Woodland and Angel, 1998; Richmond and Brodholt, 2000).
The presence of ferric iron in the tetrahedron was confirmed by the single-crystal X-ray
diffraction study of Smyth et al. (2014). However, using chemical compositional trends,
Frost and McCammon (2009) showed that a substantial fraction of the ferric iron substitutes
for octahedral cations only, following the reaction 3M×M + Fe2O3 = 2Fe
•
M + V
′′
M + 3MO with
M = Mg2+ or Fe2+. The created vacancies V ′′M will enhance the compressibility with respect
to the Mg2SiO4 end member as might be reflected in the low value estimated for the bulk
modulus of the Fe3O4 end member (Table 4.3).
4.3.5 Bulk Modulus Systematics
We visualize the variation of volume and bulk modulus across the wadsleyite solid solutions
using a diagram relating the product of the bulk modulus K and the mean atomic volume
VA, KVA, to the mean atomic mass MA (Chung, 1972), where VA = V/(ZN) and MA = M/N
with the unit cell volume V , the formula mass M , the number of formula units per unit
cell Z , and the number of atoms per formula N . Based on a theoretical model for ionic
bonding and an empirical analysis of isostructural compounds, the product KVA was shown
to remain constant for isostructural and isovalent exchange, i. e. when cations of equal
charges substitute in the same crystal structure (Anderson and Anderson, 1970; Chung,
1972).
In Figure 4.4, we plot the data of Appendix Table A.71 together with the trends calculated
using the four-end-member EOS model (eqns. (4.4), (4.5), and (4.6), Table 4.3) into a KVA-
MA diagram. In cases where unit cell volumes are not reported in the original publications,
we calculated unit cell volumes according to our model. The MA axis splits up the trends of
iron-magnesium substitution and hydration since they increase or decrease the mean atomic
mass, respectively. In general, the experimental data follow the trends predicted by the EOS
model. In addition to measurement uncertainties, scatter results from solid solutions in the
ternary or quaternary system that should fall between the lines calculated for the binary
systems.
From a purely ionic perspective, replacing Mg2+ by Fe2+ should spread the data along
a horizontal line of constant KVA extending from the Mg2SiO4 end member towards higher
mean atomic masses. Based on the EOS model, however, the product KVA increases with in-
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Figure 4.4: The product of bulk modulus K and mean atomic volume V A as a function of mean
atomic mass MA for wadsleyites (see Appendix Table A.7
1 for references), forsterite (Isaak et al.,
1989; Yoneda and Morioka, 1992; Zha et al., 1996), fayalite (Sumino, 1979; Speziale et al., 2004),
Mg-ringwoodite (Weidner et al., 1984; Jackson et al., 2000; Higo et al., 2006), Fe-ringwoodite
(Rigden and Jackson, 1991), magnetite (Finger et al., 1986; Reichmann and Jacobsen, 2004),
hydroxylclinohumite, and hydroxylchondrodite (Ross and Crichton, 2001). Bold lines were calcu-
lated from the four-end-member model (Table 4.3). Shaded areas depict uncertainties. Contours
in the background show the variation of the bulk sound velocity vΦ. HP-XRD high-pressure X-
ray diffraction, BS Brillouin spectroscopy, UI ultrasonic interferometry, RUS resonant ultrasound
spectroscopy.
creasing ferrous iron content, supporting the conclusion above that an assumption of purely
ionic bonding is not valid for iron-bearing wadsleyites. A change in bonding character away
from predominantly ionic Mg−O bonds in Mg2SiO4 towards an increasing contribution of
more covalent Fe2+−O bonds, on the other hand, may explain the deviation from constant
KVA. The incorporation of Fe
3+, in contrast, decreases the product KVA. Most of the data
plot between the two opposing trends further suggesting that ferric iron is present in many
wadsleyite samples.
In the case of hydration, both experimental data and the EOS model define a clear
trend towards lower products KVA with decreasing mean atomic mass. The steep slope
of this trend again contradicts the simple picture of ionic bonding and isostructural cation
exchange. In wadsleyite, hydration goes along with creation of vacancies (Smyth, 1994; In-
oue et al., 1995; Kudoh et al., 1996) and formation of hydrogen bonds (Kleppe et al., 2001;
Kleppe et al., 2006). Exchanging a divalent octahedral cation for two protons results in
local structural rearrangements (Jacobsen et al., 2005; Tsuchiya and Tsuchiya, 2009; Deon
et al., 2010; Griffin et al., 2013). These fundamental rearrangements are not captured by a
simple ionic model based on isostructural cation exchange.
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In addition to the wadsleyite data, Figure 4.4 includes information about the
(Mg,Fe)2SiO4 polymorphs olivine and ringwoodite. For these structures, the magnesian
and ferrous end members exist as stable compounds, and their properties can be measured
directly. For both polymorphs, the product KVA increases with increasing Fe
2+ content, and
the differences between the two end members are similar to the difference calculated using
our EOS model for wadsleyite. This parallelism between the (Mg,Fe)2SiO4 polymorphs not
only points to the importance of covalent bonding in mineral structures but also supports
the validity of our multi-end-member EOS model for wadsleyite solid solutions.
4.4 Implications
Contradicting previous inferences (Wang et al., 2014; Chang et al., 2015; Mao and Li,
2016), the combination of our new data with a careful reanalysis of previously published
work suggests that the incorporation of ferrous iron into wadsleyite increases its bulk mod-
ulus. In many mantle minerals including the (Mg,Fe)2SiO4 polymorphs and ferropericlase,
(Mg,Fe)O, as an adequate standard material for the behavior of M−O bonds (M = Mg2+,
Fe2+), substitution of Mg2+ by Fe2+ stiffens the crystal structure (Jackson et al., 1978; Hazen,
1993; Stixrude and Lithgow-Bertelloni, 2011) in response to the related gain in covalent
bonding. These findings are important for the modelling of seismic wave velocities in po-
tentially iron-enriched mantle regions in Earth’s transition zone. Since the Martian mantle
likely contains at least twice the amount of iron as compared to Earth’s mantle (McGetchin
and Smith, 1978), our model for wadsleyite (Mg,Fe)2SiO4 solid solutions will also facilitate
the interpretation of future seismic data of the deep Martian mantle provided by the InSight
space mission.
For example, the bulk sound velocity vΦ = (KVA/MA)1/2 can be directly obtained from
our model neglecting the small (∼1 %) isothermal to adiabatic conversion for the bulk mod-
ulus. The contours in Figure 4.4 show lines of constant bulk sound velocity. Changing the
wadsleyite composition away from pure Mg2SiO4 and along the trends between the end
members reduces the bulk sound velocity as contour lines are crossed. Increasing pressure
to 15 GPa shifts the trends between the end members of our model (dotted lines in Fig.
4.4) to higher bulk sound velocities. However, the mutual differences in bulk sound ve-
locity among the end members are retained with Mg2SiO4 being the fastest and Fe3O4 the
slowest. This conclusion, however, only holds for K ′0 = 4 for every end member. Our P-V
data clearly show that K ′0 > 4 for iron-bearing wadsleyite (Table 4.2) while the values for
K ′0 reported in the literature not only cover a wide range but also contradict each other for
specific compositions (Mao et al., 2011; Chang et al., 2015). Future studies are needed
to accurately determine the pressure derivative of the bulk modulus and to clarify whether
changes in composition may lead to velocity crossovers for specific wadsleyite compositions
at high pressures as observed for forsterite (Mao et al., 2010).
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Abstract
The elastic properties of crystalline materials at high pressures are needed to address a va-
riety of technological and geophysical problems including acoustic and seismic anisotropy.
Here we introduce self-consistent strategies for the inversion of single-crystal sound wave
velocities determined at high pressures to finite-strain equations that capture the changes
in the components of the elastic stiffness tensor as a function of volume and pressure. In
comparison to conventional inversion strategies, we found improvements in both preci-
sion and accuracy of retrieved elastic stiffness tensors when simultaneously inverting sound
wave velocities at all sampled pressures. We compare different inversion strategies and
discuss correlations between extracted finite-strain parameters and their systematic errors.
The introduced inversion scheme is modular and applicable to any crystal symmetry. The
presented solutions for sound wave velocities in elastically anisotropic media can be read-
ily adopted to analyze single-crystal sound wave velocities at a given pressure-temperature
combination for any crystal symmetry. Similarly, the finite-strain part can be used to analyze
the evolution of the elastic stiffness tensor with pressure without being linked to sound wave
velocities. Depending on experimental strategy, sound wave velocities can be inverted in
combination with determined unit cell volumes or pressures. The isotropic generalization
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may be used to invert sound wave velocities of polycrystalline samples determined at high
pressures and high temperatures.
5.1 Introduction
The elastic properties of materials reflect their interatomic forces. High pressures substan-
tially change interatomic distances and therefore the shape of the interatomic potential that
ultimately determines the elastic properties. For this reason, the high-pressure elastic be-
havior of technologically relevant materials receives increasing attention, for example in the
field of relaxor ferroelectrics (Ahart et al., 2009; Marquardt et al., 2013) and semiconduc-
tors (Decremps et al., 2010). A more intuitive application of high-pressure elasticity arises in
the field of geophysics, and in particular seismology, where the elastic properties of minerals
and rocks in Earth’s interior govern the propagation of seismic waves (Duffy and Anderson,
1989; Stixrude and Lithgow-Bertelloni, 2005; Almqvist and Mainprice, 2017) and influence
other processes such as deformation (Karato, 2008) and trace element partitioning (Blundy
and Wood, 2003).
At high pressures, elastic properties are commonly derived from the analysis of exper-
imentally determined sound wave velocities (Angel et al., 2009). In particular, complete
elastic stiffness tensors of single crystals can be obtained from sound wave velocity mea-
surements on samples compressed in diamond anvil cells using light scattering techniques
such as Brillouin spectroscopy (Marquardt et al., 2009; Speziale et al., 2014; Kurnosov et
al., 2017) and Impulsively Stimulated Light Scattering (ISLS) (Zaug et al., 1993; Yang et
al., 2015) or recently developed phonon imaging methods (Decremps et al., 2010). Con-
ventionally, a set of sound wave velocities determined at a given pressure (or a pressure-
temperature combination) is inverted to obtain the elastic stiffness tensor at the respective
conditions, and in a second step, the pressure evolution of individual components ci jkl of the
elastic stiffness tensor is analyzed by combining results obtained at different pressures (Zha
et al., 1998; Sinogeikin and Bass, 2000; Speziale and Duffy, 2002; Speziale et al., 2004;
Mao et al., 2011).
As an alternative to the conventional inversion strategy, we introduce and test an in-
version procedure that inverts sound wave velocities determined on single crystals along
a compression path directly to a set of self-consistent finite-strain equations. Instead of
inverting sound wave velocities to elastic stiffness tensors at each experimental pressure,
the components ci jkl are replaced by finite-strain expressions, and sound wave velocities at
all pressures are jointly inverted to obtain the elastic stiffness tensor at ambient conditions
together with the pressure derivatives of its components. This global inversion procedure
reduces the number of refined parameters and improves both accuracy and precision in the
retrieved elastic stiffness tensors.
5.2 Outline of the Inversion Procedure
The here-discussed inversion procedures can be divided into the description of sound wave
velocities in anisotropic media and the finite-strain formalism. Each of these two parts can
be used separately to analyze single-crystal sound wave velocities or the pressure evolution
of the elastic stiffness tensor, respectively. However, we show in section 5.3 that the linkage
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of both parts yields the best results in terms of reproducing the pressure evolution of the
elastic stiffness tensor.
5.2.1 Coordinate Systems
All tensor properties and vectors are described in the crystal-physical coordinate system ei.
This Cartesian reference system is related to the crystallographic system according to the
convention (Haussühl, 2007):
e1 = e2 × e3
e2 =
b∗
b∗
e3 =
c
c
(5.1)
with the crystallographic c axis and the reciprocal b∗ axis of lengths c and b∗, respectively.
In the case of high-pressure Brillouin spectroscopy experiments, the wave vectors k of
acoustic phonons or sound waves probed in a single crystal typically lie within the same
crystallographic plane with unit normal vector n:
n =
n1 = cosϕ sinθn2 = sinϕ sinθ
n3 = cosθ
 (5.2)
where θ is the angle between e3 and n, and ϕ is the angle between e1 and the projection
of n into the plane perpendicular to e3. For the unit propagation vector g = k/k, we then
have:
g · n = 0 (5.3)
To describe a rotation of g around n by an angle ϕ′, we fix the unit propagation vector g0
for ϕ′ = 0 to:
g0 =
e3 × n
|e3 × n| (5.4)
From the components of the unit normal vector (eqn. (5.2)), we obtain from (5.4):
g0 =
g01 = −n2/ sin(cos−1 n3)g02 = n1/ sin(cos−1 n3)
g03 = 0
 (5.5)
Now, we can define the following rotation system e′i:
e′1 = g0
e′2 = e
′
3 × e′1 = n× g0
e′3 = n
(5.6)
The rotation angle ϕ′ can be linked to an experimental rotation of the crystal, for example
with a goniometer, about an angle χ by setting ϕ′ = χ−χ0 when a rotation to χ0 rotates the
crystal to g0. Any propagation vector in the plane perpendicular to n can then be expressed
in the rotation system as:
g′ =
g ′1 = cosϕ′ = cos(χ −χ0)g ′2 = sinϕ′ = sin(χ −χ0)
g ′3 = 0
 (5.7)
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For the transformation of the unit propagation vector from the rotation system e′i to the
crystal-physical system ei, i. e. g
′→ g, we find:
g = Ag′ (5.8)
with the transformation matrix:
A =
g01 n2g03 − n3g02 n1g02 n3g01 − n1g03 n2
g03 n1g02 − n2g01 n3
 (5.9)
5.2.2 Sound Wave Velocities in Anisotropic Media
In this section, we focus on sound wave velocities. More complete treatments of sound
wave propagation in anisotropic media can be found elsewhere (Auld, 1973; Every, 1980;
Jaeken and Cottenier, 2016). The propagation velocities v of acoustic plane waves in an
elastically anisotropic medium of density ρ can be obtained by solving the characteristic
equation (Nye, 1985; Haussühl, 2007):
ci jkl g j gl −ρv2δik=

c1 j1l g j gl −ρv2 c1 j2l g j gl c1 j3l g j gl
c2 j1l g j gl c2 j2l g j gl −ρv2 c2 j3l g j gl
c3 j1l g j gl c3 j2l g j gl c3 j3l g j gl −ρv2
 = |Aik|= 0
(5.10)
where Aik = Bik + xδik with Bik = ci jkl g j gl and x = −ρv2. The Bik are sums over indices
j and l of combinations of components of the adiabatic elastic stiffness tensor ci jkl and
components of the unit propagation vector g (see section 5.2.1).
Writing out the determinant in equation (5.10), we obtain:
|Aik|= 0 = x3 + x2(B11 + B22 + B33)
+ x(B11B22 + B22B33 + B11B33 − B13B31 − B12B21 − B23B32)
+ B11B22B33 + B12B23B31 + B13B32B21
− B13B31B22 − B12B21B33 − B23B32B11
(5.11)
with x = −ρv2. Equation (5.11) resembles a general cubic equation of the form:
A3x
3 + A2x
2 + A1x + A0 = 0 (5.12)
From a comparison of (5.11) and (5.12), we find:
A3 = 1
A2 = B11 + B22 + B33
A1 = B11B22 + B22B33 + B11B33 − B13B31 − B12B21 − B23B32
A0 = B11B22B33 + B12B23B31 + B13B32B21 − B13B31B22 − B12B21B33 − B23B32B11
(5.13)
To use Cardano’s solution for cubic equations, we define the following auxiliary parameters:
p =
9A3A1 − 3A22
9A23
q =
2A32 − 9A3A2A1 + 27A23A0
27A33
(5.14)
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The three solutions of equation (5.10) can then be written in terms of the velocities for
two quasi-transversely polarized (shear) waves vS1 and vS2 and for one quasi-longitudinally
polarized (compressional) wave vP:
ρv2S1 = −
√√−4
3
p cos

1
3
cos−1

−q
2
√√−27
p3

+
A2
3A3
(5.15)
ρv2S2 =
√√−4
3
p cos

1
3
cos−1

−q
2
√√−27
p3

+
pi
3

+
A2
3A3
(5.16)
ρv2P =
√√−4
3
p cos

1
3
cos−1

−q
2
√√−27
p3

− pi
3

+
A2
3A3
(5.17)
where vS1 < vS2 < vP.
Together with section 5.2.1, the preceding relations offer a compact way to compute
sound wave velocities for any symmetry of the medium, i. e. crystal symmetry, and for any
propagation direction. To extract the elastic stiffness tensor from a set of sound wave ve-
locities, the above relations can be used in a least-squares procedure that minimizes the
differences between observed and calculated sound wave velocities and treats the compo-
nents ci jkl of the elastic stiffness tensor as adjustable parameters. Propagation directions
can either be described by individual g vectors or, if coplanar, by a combination of the an-
gles θ , ϕ, χ0, and χ. Depending on the redundancy and spatial distribution of sound wave
velocities and their propagation vectors, the orientation of the plane containing coplanar
propagation vectors might also be obtained by refining the angles θ , ϕ, and χ0.
5.2.3 Finite-Strain Formulation of High-Pressure Elastic Properties
We follow the self-consistent finite-strain formalism as developed by Stixrude and Lithgow-
Bertelloni (2005) but restrict the discussion to those relations relevant for the inversion
procedure. Accordingly, we use the Eulerian definition of the finite-strain tensor Ei j and
assume the finite strain that results from hydrostatic compression to be isotropic, i. e. Ei j =
− fEδi j with fE =

(V0/V )2/3 − 1

/2 and the unit cell volumes V in the strained state and V0
at ambient conditions. For a truncation of the Helmholtz free energy expansion after the
fourth-order term in finite strain (Stixrude and Lithgow-Bertelloni, 2005), the components
of the adiabatic elastic stiffness tensor vary with finite strain and temperature as (Stixrude
and Lithgow-Bertelloni, 2005):
ci jkl =(1+ 2 fE)
5/2

ci jkl0 +

3K0c
′
i jkl0 − 5ci jkl0

fE (5.18)
+

6K0c
′
i jkl0 − 14ci jkl0 − 32K0δ
i j
kl
 
3K ′0 − 16

f 2E (5.19)
+
1
2

9K20 c
′′
i jkl0 + 3K0

c′i jkl0 +δ
i j
kl
 
3K ′0 − 16

+ 63ci jkl0

(1+ 2 fE) f
2
E
− 9
2
K0δ
i j
kl

K0K
′′
0 + K
′
0
 
K ′0 − 7

+
143
9

f 3E
 (5.20)
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+

γi jγkl +
1
2
 
γi jδkl + γklδi j
−ηi jkl∆UQHV
− γi jγkl∆ (CV T )V
(5.21)
+ γi jγkl
CV T
V
(5.22)
with the components ci jkl0 of the isothermal elastic stiffness tensor and the isothermal bulk
modulus K0 at ambient conditions. Primed (double-primed) symbols refer to the first (sec-
ond) pressure derivatives of the respective parameters and δi jkl = −δi jδkl − δilδ jk − δ jlδik.
The components of the Grüneisen tensor γi j and their strain derivatives ηi jkl are themselves
functions of finite strain (Stixrude and Lithgow-Bertelloni, 2005). The thermal part of the
internal energy UQH and the isochoric heat capacity CV are computed from a quasi-harmonic
Debye model (Ita and Stixrude, 1992) with a finite-strain-dependent Debye temperature (Ita
and Stixrude, 1992; Stixrude and Lithgow-Bertelloni, 2005). At a given finite strain, ∆UQH
and∆ (CV T ) are the changes in the thermal part of the internal energy UQH and in the prod-
uct of isochoric heat capacity CV and temperature T , CV T , respectively, with respect to the
reference temperature.
Expressions (5.18) to (5.20) give the second-order (5.18), third-order (5.19), and
fourth-order (5.20) contributions of finite strain to the cold part of the respective compo-
nent of the elastic stiffness tensor. As we assumed the finite strain to be isotropic, the bulk
modulus in expressions (5.18) to (5.20) is calculated from the components of the isother-
mal elastic stiffness tensor according to the Voigt bound (Watt et al., 1976; Stixrude and
Lithgow-Bertelloni, 2005):
K0 = ci jkl0δi jδkl /9 (5.23)
Analogous expressions can be written down for the pressure derivatives K ′0 and K
′′
0 by replac-
ing the components of the elastic stiffness tensor with their respective pressure derivatives
c′i jkl0 and c
′′
i jkl0. Expression (5.21) gives the thermal contribution and expression (5.22)
the isothermal-to-adiabatic conversion (Wehner and Klein, 1971; Davies, 1974). In the
following, we will mainly focus on the cold part of the ci jkl . More details on the thermal
contributions can be found in Stixrude and Lithgow-Bertelloni (2005).
Based on expressions (5.18) to (5.22), the components of the adiabatic elastic stiffness
tensor at any finite strain and temperature can be combined to the adiabatic bulk modulus
KS and the shear modulus G. For the Voigt bound, this yields the equations for the bulk
and shear modulus as a function of finite strain and temperature given by Stixrude and
Lithgow-Bertelloni (2005):
KS =(1+ 2 fE)
5/2

K0 +
 
3K0K
′
0 − 5K0

fE (5.24)
+
27
2
 
K0K
′
0 − 4K0

f 2E (5.25)
+
3
2
K0

K0K
′′
0 + K
′
0
 
K ′0 − 7

+
143
9

(3+ 11 fE) f
2
E

(5.26)
+
 
γ2 + γ−ηB
∆UQH
V
− γ2∆ (CV T )
V
(5.27)
+ γ2
CV T
V
(5.28)
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G =(1+ 2 fE)
5/2

G0 +
 
3K0G
′
0 − 5G0

fE (5.29)
+

6K0G
′
0 − 24K0 − 14G0 − 92K0K
′
0

f 2E (5.30)
+
1
2

9K20G
′′
0 + 3K0
 
G′0 − 1
  
3K ′0 − 16

+ 63G0

(1+ 2 fE) f
2
E
+
9
2
K0

K0K
′′
0 + K
′
0
 
K ′0 − 7

+
143
9

f 3E
 (5.31)
−ηS∆UQHV (5.32)
with the respective (isothermal) moduli K0 and G0 at ambient conditions and their first
(primed) and second (double-primed) pressure derivatives. The isotropic Grüneisen param-
eter is related to the Grüneisen tensor by γ = γi jδi j /3. The derivatives of the Grüneisen
parameter with respect to compressional and shear strain, ηB and ηS, are computed from
the components ηi jkl in the same way as the bulk and shear moduli, respectively, from the
components ci jkl of the elastic stiffness tensor (Watt et al., 1976).
The pressure P can be linked to finite strain and temperature by the corresponding equa-
tion of state (EOS) (Stixrude and Lithgow-Bertelloni, 2005):
P =
1
3
(1+ 2 fE)
5/2

9K0 fE +
27
2
K0
 
K ′0 − 4

f 2E (5.33)
+
27
2
K0

K0K
′′
0 + K
′
0
 
K ′0 − 7

+
143
9

f 3E

(5.34)
+ γ
∆UQH
V
(5.35)
with up to third-order finite-strain contributions in expression (5.33), fourth-order contri-
butions in (5.34), and the thermal contribution in (5.35). Note that the EOS (5.33)–(5.34)
uses the isothermal bulk modulus K0 = KT0 at ambient conditions. At given temperature
and finite strain, adiabatic and isothermal bulk moduli are related by (Wehner and Klein,
1971; Davies, 1974):
KS − KT = γ2CV TV (5.36)
i. e. by subtracting the term (5.28) from the adiabatic bulk modulus. Since the differences
between the pressure derivatives of the components of the isothermal and adiabatic elastic
stiffness tensors and between the pressure derivatives of the isothermal and adiabatic bulk
moduli are typically smaller than experimental uncertainties, we will neglect these differ-
ences. As a consequence, adiabatic elastic properties can be analyzed along an isotherm
using only the (isothermal) cold parts of the ci jkl and the bulk modulus KS, i. e. with re-
lations (5.18)–(5.20) and (5.24)–(5.26). For pressure calculations, however, the obtained
adiabatic bulk modulus at ambient conditions (K0 in expressions (5.24)–(5.26)) has to be
converted to the isothermal modulus before being used in the EOS (5.33)–(5.34).
Expressions (5.18) to (5.22) describe the variation of the components of the elastic stiff-
ness tensor ci jkl with finite strain and temperature and can be inserted into equation (5.10)
to compute anisotropic sound wave velocities at a given combination of finite strain and
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temperature. In reverse, sets of sound wave velocities determined at different compression
states, i. e. at different finite strains or pressures, and temperatures can be used to con-
strain the parameters in expressions (5.18) to (5.22) by refining them in a least-squares
procedure that simultaneously involves all sets of sound wave velocities. The differences
between observed and calculated sound wave velocities will then be minimized by adjusting
the finite-strain parameters in expressions (5.18) to (5.22) (ci jkl0, c
′
i jkl0, c
′′
i jkl0, etc.) rather
than adjusting the ci jkl at each pressure-temperature combination. In such a global inver-
sion of sound wave velocities, the total number of adjusted parameters will be reduced with
respect to the conventional approach where all ci jkl are refined at each pressure-temperature
combination.
Finite strains (and densities in eqn. (5.10)) can be directly determined from measure-
ments of the unit cell volume at the same set of conditions where sound wave velocities are
determined. Alternatively, unit cell volumes (or densities) can be indirectly constrained by
pressure measurements via the EOS (5.33)–(5.35). In this case, the unit cell volumes (or
densities) at all pressure-temperature combinations are treated as adjustable parameters
that simultaneously have to satisfy equations (5.10) and (5.33)–(5.35).
The evolution of the elastic stiffness tensor with finite strain and temperature can also
be analyzed with expressions (5.18) to (5.22) without linking them to sound wave veloci-
ties. Note that individual components of the elastic stiffness tensor are linked to each other
through the bulk modulus at ambient conditions (eqn. (5.23)). To maintain self-consistency,
the variation of individual ci jkl with pressure and temperature should always be analyzed
taking into account expressions (5.18)–(5.22) for all other ci jkl at the same time. For ex-
ample, individually adjusting ci jkl0 and c
′
i jkl0 for each ci jkl and calculating the bulk modulus
and its pressure derivative at ambient conditions with equation (5.23) using the results for
all ci jkl may result in values for the bulk modulus and its pressure derivative that differ from
those initially inserted into expressions (5.18)–(5.22) during the refinement.
Although we focus here on the analysis of single-crystal sound wave velocities, relations
(5.24)–(5.28) and (5.29)–(5.32) can be coupled to aggregate sound wave velocities in an
analogous way with:
vP =
√√√KS + 43G
ρ
(5.37)
vS =
√√G
ρ
(5.38)
Instead of inverting single-crystal sound wave velocities to single-crystal finite-strain pa-
rameters (ci jkl0, c
′
i jkl0, c
′′
i jkl0, etc.), aggregate sound wave velocities can be self-consistently
inverted to aggregate finite-strain parameters, i. e. K0, K
′
0, G0, G
′
0, etc..
5.3 Testing Inversion Strategies
To test and compare different inversion strategies, we first generated synthetic sets of single-
crystal sound wave velocities at different pressures using known finite-strain parameters.
These sets of sound wave velocities were then analyzed using the conventional and global
inversion procedures. In contrast to experimental data, analyzing synthetic data allows to
assess both accuracy and precision of the results since the initial (or true) finite-strain pa-
rameters (marked with an asterisk∗) are known. Although we focus here on the analysis of
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Figure 5.1: Equal-area projections showing sound wave velocities of a wadsleyite single crystal at
ambient conditions. Solid black circles indicate propagation directions along which the respective
velocities were sampled to generate the synthetic data set.
(synthetic) high-pressure data at ambient temperature, the procedure can be readily mod-
ified to include thermal parameters as introduced in section 5.2.3 by taking into account
their finite-strain dependencies given by Stixrude and Lithgow-Bertelloni (2005).
5.3.1 Synthetic Data Set
To generate a synthetic data set of single-crystal sound wave velocities, we used a recent
experimental data set of sound wave velocities determined on wadsleyite single crystals by
Brillouin spectroscopy (Buchen et al., 2018) as template in terms of number and propagation
directions of sampled sound wave velocities. As an orthorhombic high-pressure mineral,
wadsleyite is well suited to test anisotropic inversion procedures as it involves both relatively
low symmetry and the concomitant limitations in determining sound wave velocities, for
example due to orientation-dependent photon-phonon scattering efficiency.
Accordingly, we used the third-order finite-strain parameters given by Buchen et al.
(2018) to compute sound wave velocities at 11 pressures equally spaced between 0 and
20 GPa, i. e. at pressure steps of 2 GPa. At each pressure, 26 propagation directions were
sampled as a function of the rotation angle χ (see section 5.2.1): 13 in the crystallographic
(120) plane and 13 in the (243) plane. Individual propagation vectors were separated by
a 15◦ rotation around the plane normal to span an arc of 180◦ within the respective plane.
For the (120) plane, we only retained S1 and P wave velocities, i. e. vS1 and vP. For the
(243) plane, the sampling of velocities varied as a function of rotation angle. Figure 5.1
displays the spatial sampling pattern.
In the case of Brillouin spectroscopy on samples inside a diamond anvil cell, sound wave
velocities can be typically determined with an accuracy of about 1 % and a precision around
0.5 % (Speziale et al., 2014). Each sampled sound wave velocity v was assigned an absolute
synthetic error∆v that was estimated based on a relative error∆v/v of random magnitude
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between 0.25 % and 0.75 % representing a mean relative precision σP of 0.5 %. Assuming
a mean relative accuracy σA of 1 %, we perturbed each individual sampled sound wave
velocity to a random value between
v −∆v ×σA /σP < v < v +∆v ×σA /σP (5.39)
The statistical contribution to the deviation of each perturbed sound wave velocity from
its unperturbed value therefore depends on the assigned error ∆v and the ratio between
accuracy and precision.
In addition to statistical deviations, misalignments of diamond anvils or sample surfaces
as well as uncertainties in calibrations of the scattering angle and frequency shifts might
contribute to systematic errors (Zha et al., 1996; Sinogeikin and Bass, 2000). We modeled
such systematic errors by shifting the entire set of randomly perturbed S1, S2, and P wave
velocities at a given pressure. This systematic perturbation δ varied in magnitude randomly
from pressure to pressure between −1 % < δ < 1 %. δ was scaled with the respective mean
velocity v for each type of wave and added as δ × v to all velocities sampled at a given
pressure.
In addition to sound wave velocities, unit cell volumes or pressures are needed to extract
finite-strain parameters. We computed unit cell volumes V at each sampled pressure and
randomly perturbed their values to
V −∆V ×σA /σP < V < V +∆V ×σA /σP (5.40)
with a mean relative precision of σP = 0.03 % and a mean relative accuracy of σA = 0.1
%. Individual unit cell volumes were assigned random relative errors ∆V/V between 0.01
% and 0.05 % in magnitude. In analogy, random errors on pressures P were estimated
assuming relative errors ∆P/P between 0.5 % and 1 % with σP = 0.75 %. Pressures were
then randomly perturbed to
P −∆P ×σA /σP < P < P +∆P ×σA /σP (5.41)
with σA = 3 % (Mao et al., 1986). While the perturbation of absolute values intended to
resemble scatter in experimentally determined quantities, assigned errors served as weights
during least-squares minimization procedures (Angel, 2000).
5.3.2 Inversion Strategies
We analyzed the synthetic data set with three different inversion strategies. In accordance
with the initial model, we restricted the analysis to third order in finite strain. For all three in-
version strategies, initial guesses of adjustable parameters were refined using a least-squares
procedure. The unit cell volume at ambient conditions was fixed to the mean value of both
sampled (and perturbed) volumes at 0 GPa, V0 = 542.53 Å3. Sound wave velocities and
pressures were assigned weights w based on their estimated errors ∆ following the scheme
w = ∆−2 (Angel, 2000). Further details about least-squares refinement procedures can be
found elsewhere (Press et al., 2007). The angles θ , ϕ, and χ0 were fixed in all three in-
versions strategies considered here. When varied within reasonable uncertainties of few
degrees, θ , ϕ, and χ0 are not expected to change the results significantly.
The first (1st) or conventional strategy involved the inversion of single-crystal sound
wave velocities at a given pressure to elastic stiffness tensors at each pressure. During the
122
5.3 Testing Inversion Strategies
inversion procedure, densities (or unit cell volumes) and orientation parameters were fixed
to the synthetic values in the data set. Experimentally, this situation corresponds to either
directly determining these quantities by X-ray diffraction, for instance, or estimating the
densities from a previously known EOS and the angles θ , ϕ, and χ0 from X-ray diffraction at
ambient conditions or other observations. The pressure evolution of individual components
of the elastic stiffness tensor was subsequently analyzed using the self-consistent formalism
described in section 5.2.3 to extract finite-strain parameters.
For the second (2nd) or global inversion strategy, the components ci jkl of the elastic stiff-
ness tensor in equation (5.10) were replaced by expressions (5.18)–(5.19) to link the finite-
strain parameters directly to sampled sound wave velocities without explicitly computing
elasticity tensors at each pressure. Again, unit cell volumes and orientation parameters were
fixed to the synthetic values. Similarly to the 1st inversion strategy, the 2nd strategy does
not require to experimentally determine pressures as long as unit cell volumes are directly
determined by X-ray diffraction. After the inversion, the components of the elastic stiffness
tensor at each sampled pressure can be computed from the retrieved finite-strain parame-
ters using expressions (5.18)–(5.19) for comparison with the results of the first inversion
strategy.
As a third (3rd) inversion strategy, we applied the global inversion procedure in com-
bination with sampled pressures instead of unit cell volumes. While finite strains can be
directly calculated from sampled unit cell volumes, they have to be indirectly inferred from
sampled pressures by including the EOS (5.33) in the inversion procedure. In addition to
sound wave velocities, pressures were treated as observations while the unit cell volumes at
each pressure were treated as adjustable parameters. Experimentally, this situation corre-
sponds to the determination of sound wave velocities together with pressure as for instance
by Brillouin spectroscopy combined with pressure measurements using the ruby fluores-
cence method.
5.3.3 Inversion Results: Elastic Stiffness Tensors
The adiabatic elastic stiffness tensors at ambient conditions and their pressure derivatives
are listed in Table 5.1 as obtained from each inversion strategy. For the components of
the elastic stiffness tensor ci jkl0, mean estimated standard deviations (MESD) σ and mean
absolute deviations (MAD) from the initial values |ci jkl0 − c∗i jkl0| are smallest for the 2nd
inversion strategy. For the pressure derivatives c′i jkl0, however, MESDs are still smallest for
the 2nd inversion strategy but MADs are slightly smaller for the 1st inversion strategy.
Estimated standard deviations (ESD) σ and absolute deviations (AD) |ci jkl0 − c∗i jkl0| for
individual components and their pressure derivatives are compared in Figures 5.2a and
5.2b, respectively. The results for all inversion strategies fall beneath the |ci jkl0− c∗i jkl0|= 2σ
line indicating that doubled ESDs are always larger than ADs from the initial values, i. e.
2σ > |ci jkl0 − c∗i jkl0|. Moreover, the 2nd inversion strategy tends to have lower ESDs while
ADs are similar between all inversion strategies with few exceptions for pressure derivatives
c′i jkl0. We therefore conclude that the global inversion strategies correctly reproduce initial
finite-strain parameters within 2σ uncertainty limits. Note that this also holds for the 3rd
inversion strategy even though unit cell volumes were not constrained to sampled values
but self-consistently refined.
Figure 5.3 shows the components of the elastic stiffness tensors at each sampled pressure
for all three inversion strategies. In more than 80 % of direct comparisons, individual ci jkl
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Figure 5.2: Comparison of absolute deviations and estimated standard deviations for the com-
ponents of the elastic stiffness tensor at ambient conditions (a), for their pressure derivatives (b),
and for the components of the elastic stiffness tensor at high pressures (c). Blue squares: 1st
inversion strategy; green circles: 2nd inversion strategy; yellow triangles: 3rd inversion strategy.
as obtained with the global inversion strategies are closer to the values of individual ci jkl
computed using the initial finite-strain parameters than those obtained from inversions at
each pressure, i. e. by the 1st inversion procedure. In more than 90 %, doubled ESDs on
individual ci jkl as obtained with the global inversion strategies are smaller than ADs from
values computed using the initial finite-strain parameters as opposed to less than 73 % for
the 1st or conventional inversion strategy. This improvement in accuracy becomes apparent
in Figure 5.2c where the spread in ESDs and ADs of components ci jkl obtained with the 1st
inversion strategy by far exceeds the spread produced by global inversion strategies and
extends substantially beyond the |ci jkl0 − c∗i jkl0|= 2σ line.
With the 1st inversion strategy, we obtained 0.44 as the root of the mean squared cor-
relation coefficient (RMSC) of all 11 individually inverted elastic stiffness tensors. In com-
parison, the RMSC of the elastic stiffness tensor at ambient conditions as obtained by the
2nd and 3rd inversion strategy amounts to 0.45. For the overall RMSC including all 117
parameters (9 ci jkl at 11 pressures + 9 ci jkl0 + 9 c′i jkl0 for finite-strain equations) refined
with the 1st inversion strategy, we obtain 0.41 as compared to 0.40 and 0.36 using the 2nd
and 3rd inversion strategy, respectively, and refining 18 (2nd strategy: 9 ci jkl0 + 9 c′i jkl0 for
finite-strain equations) and 38 parameters (3rd strategy: 10 unit cell volumes for P > 0 GPa
+ 9 ci jkl0 + 9 c′i jkl0 for finite-strain equations). Even though the total number of refined pa-
rameters is substantially reduced using the global inversion procedures, overall correlations
between refined parameters are not increased.
In the case of global inversion strategies, reduced ESDs and ADs of individual ci jkl reflect
the fact that ci jkl are computed from the refined finite-strain parameters rather than from a
direct fit to sound wave velocities. In this way, the impact of systematic errors that bias sam-
pled sound wave velocities at each pressure differently is substantially suppressed. When
sound wave velocities are directly inverted to elastic stiffness tensors at each pressure as in
the 1st inversion strategy, the self-consistent formalism described in section 5.2.3 provides
an alternative way to compensate for systematic errors in tensor components that were in-
herited from systematic errors in sound wave velocities. Since all inversion strategies yield
very similar finite-strain parameters, the simultaneous refinement of all components ci jkl0
and their pressure derivatives c′i jkl0, linked to each other through K0 and K
′
0 (eqns. (5.18)–
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Figure 5.3: Components of the elastic stiffness tensor (contracted index notation; see Table 5.1) at
high pressures. Solid symbols: absolute values; open symbols: deviations from initial finite-strain
curves (thick black curves); blue squares: 1st inversion strategy; green circles: 2nd inversion
strategy; yellow triangles: 3rd inversion strategy.
(5.20) and (5.23)), allows to extract correct finite-strain parameters even from stiffness
tensors that are biased by systematic errors.
5.3.4 Inversion Results: Aggregate Elastic Moduli
From the elastic stiffness tensor and the complementary elastic compliance tensor, bounds
on the elastic bulk and shear moduli of an isotropic aggregate composed of anisotropic single
crystals can be computed (Watt et al., 1976). Here, we focus on the Voigt (V) and Reuss
(R) bounds for homogeneous strain and stress throughout the aggregate, respectively, and
their arithmetic mean known as the Voigt-Reuss-Hill (VRH) average (Hill, 1952; Watt et al.,
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1976). As mentioned in section 5.2.3, the Voigt bounds can be directly computed from the
components of the elastic stiffness tensor (Hill, 1952; Watt et al., 1976):
KV =

c1111 + c2222 + c3333 + 2 (c1122 + c1133 + c2233)

9 (5.42)
GV =

c1111 + c2222 + c3333 + 3 (c2323 + c1313 + c1212)− (c1122 + c1133 + c2233)

15 (5.43)
Hence for the Voigt bounds, the finite-strain parameters K0 and G0 of expressions (5.24)–
(5.26) and (5.29)–(5.31) can be directly calculated from the components of the elastic stiff-
ness tensor at ambient conditions ci jkl0 and the corresponding pressure derivatives K
′
0 and
G′0 (K
′′
0 and G
′′
0 ) by replacing the ci jkl0 in equations (5.42) and (5.43) by the respective
pressure derivatives c′i jkl0 (and c
′′
i jkl0 for fourth-order terms).
While the Voigt bounds are provided by the inversion procedure as a byproduct, the
Reuss bounds in general require the calculation of the elastic compliance tensor by ma-
trix inversion from the elastic stiffness tensor. The Reuss bounds are calculated from the
components of the elastic compliance tensor si jkl as (Hill, 1952; Watt et al., 1976):
KR =1

s1111 + s2222 + s3333 + 2 (s1122 + s1133 + s2233)

(5.44)
GR =15

4 (s1111 + s2222 + s3333) + 3 (s2323 + s1313 + s1212)− 4 (s1122 + s1133 + s2233)

(5.45)
To describe the pressure evolution of the Reuss bounds on the bulk and shear moduli with
expressions (5.24)–(5.26) and (5.29)–(5.31), we need the bounds at ambient conditions,
i. e. KR0 and G
R
0 , and their pressure derivatives.
At ambient conditions and at each sampled pressure, KR and GR can be computed from
the ci jkl as explained above. Their pressure derivatives, however, are not readily calcu-
lated from available results of the inversion procedures. Therefore, we computed the Reuss
bounds at each sampled pressure (or unit cell volume) and fit expressions (5.24)–(5.25) and
(5.29)–(5.30) to the finite-strain dependencies of KR and GR. To maintain self-consistency,
KR0 and G
R
0 were fixed to their values calculated from the components of the elastic com-
pliance tensor si jkl0 at ambient conditions, and only their pressure derivatives were treated
as adjustable parameters. Since both expressions (5.24)–(5.26) and (5.29)–(5.31) contain
the pressure derivatives of the bulk modulus K ′0 (and K
′′
0 ), K
′
0 and G
′
0 (and K
′′
0 and G
′′
0 for
fourth-order terms) are correlated and have to be refined simultaneously.
For the Voigt-Reuss-Hill averages, elastic moduli were computed at ambient conditions
and at each sampled pressure as:
KVRH =
 
KV + KR

/2 (5.46)
GVRH =
 
GV + GR

/2 (5.47)
and analyzed in a analogous way to the Reuss bounds to obtain corresponding pressure
derivatives K ′0 and G
′
0. The results for all inversion strategies are collected in Table 5.2, and
ADs are plotted versus ESDs in Figure 5.4.
ESDs of aggregate moduli at ambient conditions were calculated by propagating the
ESDs of individual components of the elastic stiffness tensor at ambient conditions through
equations (5.42)–(5.43), (5.44)–(5.45), and (5.46)–(5.47) for each inversion strategy.
ESDs of the pressure derivatives K ′0 and G
′
0 (and K
′′
0 and G
′′
0 ) can be obtained by fitting
expressions (5.24)–(5.26) and (5.29)–(5.31) to the finite-strain dependencies of K and G
and refining the moduli at ambient conditions together with their pressure derivatives to
capture mutual correlations between parameters. This approach, however, is appropriate
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Figure 5.4: Comparison of absolute deviations and estimated standard deviations for elastic mod-
uli at ambient conditions (a) and their pressure derivatives (b). For each modulus, the results for
Voigt and Reuss bounds as well as for the Voigt-Reuss-Hill average are shown. Blue squares: 1st
inversion strategy; green circles: 2nd inversion strategy; yellow triangles: 3rd inversion strategy.
only for the results of the 1st inversion strategy because in this case the original scatter
in sound wave velocities translates into scatter in aggregate moduli via individual elasticity
tensors. For the 2nd and 3rd inversion strategies, ESDs of pressure derivatives of the moduli
would be underestimated by combined refinements of aggregate moduli and their pressure
derivatives at ambient conditions since the aggregate moduli at high pressures were com-
puted using the derived single-crystal finite-strain equations and therefore do not anymore
represent the scatter of the original data. Instead, we computed the ESDs for the pressure
derivatives of aggregate moduli of the 2nd and 3rd inversion strategy by propagating the
ESDs of pressure derivatives of components of the elastic stiffness tensor through equations
(5.42) and (5.43).
While the results for K0 and G0 and for all bounds and inversion strategies comply with
the condition 2σ > |M0 − M ∗0 | (Fig. 5.4a), only the 1st inversion strategy yields ESDs for
pressure derivatives K ′0 and G
′
0 that fulfill the analogous condition 2σ > |M ′0 − M ′∗0 | (Fig.
5.4b). ADs from the initial values, however, have similar magnitudes for all three inversion
strategies implying similar accuracy. Since the ESDs represent statistical uncertainties only,
their underestimation with respect to ADs points to systematical bias.
5.4 Discussion of Correlations and Systematic Errors
In sections 5.3.3 and 5.3.4, we found all inversion strategies to correctly reproduce the ini-
tial components ci jkl0 of the elastic stiffness tensor and their pressure derivatives c
′
i jkl0 within
2σ uncertainties. For elastic moduli, however, the global inversion procedures appear to be
affected by systematic errors. In Figure 5.5, the differences between retrieved and intial
finite-strain parameters are plotted together for components of the elastic stiffness tensor
(Fig. 5.5a), for bulk moduli (Fig. 5.5b), and for shear moduli (Fig. 5.5c). For both, com-
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Figure 5.5: Correlation between deviations of finite-strain parameters and their pressure deriva-
tives from the initial values for the components of the elastic stiffness tensor (a), bulk moduli (b),
and shear moduli (c). Mean confidence ellipses (95.4 % confidence level) were drawn from av-
eraged variances and covariances for each inversion strategy. Blue ellipses and squares: 1st
inversion strategy; green ellipses and circles: 2nd inversion strategy; yellow ellipses and triangles:
3rd inversion strategy.
ponents of the elastic stiffness tensor and elastic moduli, pressure derivatives are always
underestimated while the components ci jkl0 and the moduli K0 and G0 themselves tend to
be slightly overestimated. This correlation clearly reveals a systematic bias present in all
three tested inversion strategies.
Figure 5.5 also shows confidence ellipses (95.4 % (2σ) confidence level) for correla-
tions between ci jkl0 and c
′
i jkl0 (Fig. 5.5a), K0 and K
′
0 (Fig. 5.5b), and G0 and G
′
0 (Fig.
5.5c). To display correlations between ci jkl0 and c
′
i jkl0, we plotted the mean confidence el-
lipse while the ellipses for pairwise correlations between K0 and K
′
0 and G0 and G
′
0 were
computed from the covariance matrices between ci jkl0 and c
′
i jkl0 based on equations (5.42)
and (5.43) (Angel, 2000). As indicated by the systematic differences between retrieved
and initial finite-strain parameters, negative correlations between each parameter and its
pressure derivative become apparent from the negative slopes of the ellipses. In the case
of single-crystal finite-strain parameters (Fig. 5.5a), the confidence ellipses for all three in-
version strategies include the origin of the diagrams, i. e. the initial values of finite-strain
parameters fall within the uncertainties of the solutions found. For aggregate elastic moduli,
however, only the ellipse for correlations between G0 and G
′
0 of the 1st inversion strategy
barely reaches the origin.
Taking into account correlations between finite-strain parameters substantially expands
their uncertainty limits and explains the directions of systematic errors. Correlations alone,
however, cannot explain the full extent of systematic errors and why components of the
elastic stiffness tensor and elastic moduli at ambient conditions tend to be overestimated
while their pressure derivatives are underestimated. This systematic bias might be imposed
by the employed finite-strain formalism itself or simply reflect a peculiarity of the simulated
synthetic data set.
Relations (5.18)–(5.20) are derived based on the assumption of isotropic finite strain
(Stixrude and Lithgow-Bertelloni, 2005), i. e. conditions that correspond to the Voigt bound.
For this reason and to maintain self-consistency, the bulk modulus K0 and its pressure deriva-
tive K ′0 in expressions (5.18)–(5.19) were computed from the components of the elastic
stiffness tensor ci jkl0 and their pressure derivatives c
′
i jkl0 according to the Voigt bound (eqns.
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(5.23) and (5.42)). The Voigt bound, however, gives the uppermost bound on the bulk
modulus (Watt et al., 1976) that might not be appropriate for quasi-hydrostatic compression
experiments. The synthetic data set analyzed here, however, was generated using exactly
the same formalism that was used for the analysis. In the case of the synthetic data set, the
Voigt bound should therefore not overestimate the bulk modulus.
In expressions (5.18)–(5.20), the bulk modulus K0 is multiplied with the pressure deriva-
tives c′i jkl0 (and c
′′
i jkl0 for fourth-order terms). Overestimation of the bulk modulus, due to
an inappropriate bounding scheme or due to the nature of the analyzed data set, will de-
crease the values of the pressure derivatives c′i jkl0 via multiplication. Following the chain of
correlations, the components ci jkl0 of the elastic stiffness tensor at ambient conditions will
be overestimated. Indeed, Figure 5.3 reveals subtle trends in individual components ci jkl to
slightly decrease along the compression path as a result of overestimating ci jkl0 and under-
estimating c′i jkl0. These systematic deviations will then propagate to affect elastic moduli
and their pressure derivatives.
5.5 Conclusions
We introduced and compared self-consistent strategies to analyze the high-pressure elastic
properties of single crystals in the realm of finite-strain theory. Reflecting common exper-
imental practice, the presented inversion strategies are based on observations of single-
crystal sound wave velocities and unit cell volumes at high pressures. By testing three in-
version strategies, we showed that inversion strategies involving the simultaneous or global
inversion of observations at all sampled pressures reduce the estimated standard deviations,
i. e. increase the precision, of retrieved single-crystal finite-strain parameters (ci jkl0 and
c′i jkl0) and better reproduce the elastic stiffness tensors at high pressures when compared to
inversions of sound wave velocities at individual pressures. All tested inversion procedures,
however, yield correct single-crystal finite-strain parameters within their 2σ uncertainties.
For aggregate elastic moduli, we found that correlations between finite-strain param-
eters and their pressure derivatives in combination with systematic errors might result in
an underestimation of pressure derivatives beyond their estimated standard deviations. In
the case of real experimental data, systematic errors might arise from the assumption of
isotropic finite strain and the concomitant usage of the Voigt bound in the employed finite-
strain formalism. We note that finite-strain expressions for components of the elastic stiff-
ness tensor of the form of expressions (5.18)–(5.20) are widely used to analyze changes in
the elastic properties along compression paths. When used in a self-consistent way, how-
ever, the finite-strain formalism based on isotropic finite strain may induce systematic errors
in finite-strain parameters retrieved from single-crystal sound wave velocities at high pres-
sures. Future developments might involve the derivation of a complementary formalism
based on the assumption of isotropic stress instead of isotropic finite strain.
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Abstract
Earth’s transition zone at depths between 410 km and 660 km plays a key role in Earth’s deep
water cycle since large amounts of hydrogen can be stored in the nominally anhydrous min-
erals wadsleyite and ringwoodite, (Mg,Fe)2SiO4. Previous mineral physics experiments on
iron-free wadsleyite proposed low seismic velocities as an indicative feature for hydration in
the transition zone. Here we report simultaneous sound wave velocity and density measure-
ments on iron-bearing wadsleyite single crystals with 0.24 wt-% H2O. By comparison with
earlier studies, we show that pressure suppresses the velocity reduction caused by higher
degrees of hydration in iron-bearing wadsleyite, ultimately leading to a velocity cross-over
for both P waves and S waves. Modeling based on our experimental results shows that wave
speed variations within the transition zone as well as velocity jumps at the 410-km seismic
discontinuity, both of which have been used in previous work to detect mantle hydration,
are poor water sensors. Instead, the impedance contrast across the 410-km seismic discon-
tinuity that is reduced in the presence of water can serve as a more robust indicator for
hydrated parts of the transition zone.
1Now at: Department of Earth and Planetary Systems Science, Hiroshima University, Hiroshima 739-8526,
Japan
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6.1 Introduction
Water strongly affects physical and chemical properties of rocks in Earth’s mantle in-
cluding viscosity (Hirth and Kohlstedt, 1996; Fei et al., 2017) and melting temperatures
(Hirschmann, 2006). Tracing the deep hydrogen or H2O (“water”) cycle through Earth’s
interior thus remains a key challenge in understanding global geodynamic processes and
their surface expressions. Several studies have argued that Earth’s transition zone, at depths
between 410 km and 660 km, might act as a deep water reservoir that remains stable for
geological timescales (Bercovici and Karato, 2003; Kuritani et al., 2011) and plays a key
role in the dynamic and geochemical evolution of the entire mantle (Bercovici and Karato,
2003). Aqueous fluids released by dehydration reactions may cause melting atop (Song
et al., 2004) and below the transition zone (Schmandt et al., 2014) as well as trigger deep
earthquakes (Richard et al., 2007). Furthermore, it has been proposed that a hydrous tran-
sition zone might be the source of continental flood basalts (Wang et al., 2015).
The hypothesis of the transition zone being a deep water reservoir is motivated by high-
pressure high-temperature experiments showing that the nominally anhydrous minerals
wadsleyite and ringwoodite, (Mg,Fe)2SiO4, that constitute up to 60 vol-% of transition zone
rocks (Frost, 2008), can incorporate significant amounts of H2O equivalents as point defects
into their crystal structures (Inoue et al., 1995; Kohlstedt et al., 1996). The recent discovery
of a hydrous ringwoodite inclusion in a natural diamond (Pearson et al., 2014) confirms the
experimental predictions and strengthens the hypothesis of a (at least partly) hydrated tran-
sition zone. Further direct evidence for water in Earth’s transition zone comes from ice-VII
inclusions in diamonds that were interpreted to represent former aqueous fluids entrapped
at pressures of the transition zone (Tschauner et al., 2018). However, the actual amount of
water stored in the transition zone on a global scale cannot be constrained by these isolated
observations.
Instead, global-scale three-dimensional mapping of the water content in the transition
zone requires geophysical remote sensing. Electrical conductivity and seismic wave propa-
gation are both sensitive to water incorporation and have thus been proposed as promising
geophysical observables to quantify hydration (Huang et al., 2005; Smyth and Jacobsen,
2006; Yoshino et al., 2008; Mao et al., 2008a; Kelbert et al., 2009; Meier et al., 2009;
Houser, 2016). Unfortunately, attempts to map hydration within the transition zone using
electrical conductivity variations are hampered by contradicting experimental determina-
tions on the quantitative effects of hydration on mineral electrical conductivity (Huang et
al., 2005; Yoshino et al., 2008) as well as the limited spatial resolution in electrical induction
measurements (Kelbert et al., 2009).
In contrast, seismological methods provide higher three-dimensional resolution and of-
fer a variety of observables that have been proposed to be sensitive to hydration, including
lateral wave speed variations as depicted by seismic tomography and the characteristics of
seismic discontinuities (Chambers et al., 2005; Meier et al., 2009; Thio et al., 2016; Houser,
2016). Previous attempts to map the water distribution using seismic data found the tran-
sition zone to be strongly hydrated (Mao et al., 2008a), essentially dry (Houser, 2016), or
partly hydrated away from subducting slabs (Meier et al., 2009), a conclusion that opposes
the common assumption of water being carried into the mantle through subduction pro-
cesses (Thompson, 1992; Ohtani et al., 2004). In addition to discrepancies arising from
the use of different seismic data and their uncertainties, it remains difficult to unravel the
competing effects of hydration, temperature, and possible changes in iron content on the
seismic signature. Here we show that the disagreement among previous conclusions is in
134
6.2 Experimental
part caused by incomplete information on the expected effects of hydration on the seismic
signal at conditions of the Earth’s transition zone.
Earlier studies have shown that, at pressures close to the top of the transition zone
(∼14 GPa), hydration of Mg2SiO4 wadsleyite with 0.84 wt-% H2O lowers P wave and S wave
velocities by 2.7 % and 3.6 %, respectively (Zha et al., 1997; Mao et al., 2008a). Changing
the Fe/(Mg+Fe) ratio from 0 to 0.08 has a similar effect (Zha et al., 1997; Wang et al.,
2014). The combined effect of iron and hydrogen on seismic velocities, however, remains
unclear at high pressure due to the lack of elasticity data for iron-bearing compositions with
different hydrogen contents but equal Fe/(Mg+Fe) ratios (Mao et al., 2011). In particular, to
separate the effects of iron and hydrogen, elasticity data on iron-bearing wadsleyite with an
as small as possible but well characterized hydrogen content (< 0.5 wt-% H2O) is required.
Since water fugacity strongly affects wadsleyite grain growth (Nishihara et al., 2006), a
small hydrogen content in wadsleyite is unavoidable in order to synthesize single crystals
of suitable size and quality (Kawazoe et al., 2015).
We performed simultaneous high-pressure Brillouin spectroscopy and X-ray diffraction
experiments on wadsleyite single crystals with Fe/(Mg+Fe) = 0.112(2), an iron-content ex-
pected for mantle wadsleyite (Irifune and Isshiki, 1998; Frost, 2003a), and 0.24(2) wt-%
H2O up to a pressure of 19.7 GPa. From our data, the effect of water on the high-pressure
sound wave velocities can be directly inferred by comparison to previous experimental re-
sults on wadsleyite with the same iron content, but 1.93 wt-% H2O (Mao et al., 2011).
In contrast to previous studies on the high-pressure elasticity of supposedly anhydrous
iron-bearing wadsleyite (Li and Liebermann, 2000; Liu et al., 2009; Wang et al., 2014),
we determined the hydrogen concentrations of the wadsleyite crystals used in our high-
pressure experiments. Any quantitative assessment of the effect of hydration on the elastic
properties of wadsleyite requires a reliable determination of hydrogen concentrations. Since
water enhances the crystal growth of wadsleyite (Nishihara et al., 2006), the determination
of hydrogen concentration is especially important in single-crystal studies. The here-studied
wadsleyite crystals complement existing elasticity data by providing the first iron-bearing
composition with low but known hydrogen concentration. A comprehensive review of avail-
able equation of state parameters for different wadsleyite compositions has been reported
in Buchen et al. (2017).
6.2 Experimental
6.2.1 Sample Synthesis and Characterization
Large single crystals of iron-bearing wadsleyite were synthesized from San Carlos olivine
powder in a multi-anvil press as previously reported (Kawazoe et al., 2015). Electron mi-
croprobe analyses on four grains showed homogeneous compositions with Fe/(Mg+Fe) =
0.112(2). Hydrogen concentrations were determined by Fourier transform infrared (FTIR)
spectroscopy on the same oriented single-crystal sections used for subsequent high-pressure
experiments. Polarized infrared absorption spectra were recorded at 10 different spots dis-
tributed over 4 crystals. Absorption bands attributed to structurally bonded hydroxyl groups
in wadsleyite (Jacobsen et al., 2005) were decomposed into individual peaks and the total
integrated absorbances (Libowitzky and Rossman, 1996) converted to H2O concentrations
(Libowitzky and Rossman, 1997). The average of all four crystal sections yields 0.24(2) wt-
% H2O. Mössbauer spectroscopy on a powder sample prepared from the same experimental
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Figure 6.1: High-pressure elasticity measurements. a) View into the diamond anvil cell at
16.1 GPa showing two wadsleyite crystals with indicated orientations, a ruby sphere (R), and a
Sm:YAG crystal (Y). b) Brillouin spectrum recorded at 19.7 GPa (black line) showing signals of
quasi-transverse (S1 and S2) and longitudinal (P) acoustic waves in the sample as well as scatter-
ing by diamond anvils (D) and elastic (Rayleigh) scattering (R). Orange, red, and violet lines show
peak-fitting results.
run (H4015) as the crystals gave Fe3+/ΣFe = 0.15(3). The fraction of hydroxyl groups that
combine with Fe3+ to substitute for tetrahedral Si4+ can be estimated from the deconvolu-
tion of FTIR spectra (Kawazoe et al., 2016) and is minor in our samples. More details on
sample characterization can be found in Buchen et al. (2017). All chemical information was
combined to calculate the molar mass and densities of the wadsleyite crystals.
6.2.2 High-Pressure Experiments
Oriented, double-sided polished single-crystal thin sections were prepared parallel to either
the (120) or the (243) crystallographic planes with final thicknesses of 19µm for exper-
iments below 17 GPa and 10µm for higher pressures. Semicircular disks were cut out of
these thin sections using a focused ion beam (Marquardt and Marquardt, 2012). Two disks
of complementary orientations were loaded together into a BX90 (Kantor et al., 2012) di-
amond anvil cell (DAC) along with a ruby sphere for provisional pressure determination
(Mao et al., 1986; Dewaele et al., 2008). Precompressed neon was loaded as pressure-
transmitting medium (Kurnosov et al., 2008). The two-crystal approach (Fig. 6.1a) facili-
tates sound wave velocity measurements in sufficient crystallographic directions to obtain
all nine orthorhombic single-crystal elastic constants at consistent stress conditions while,
at the same time, reducing the correlations between individual constants (Mao et al., 2015;
Schulze et al., 2017; Kurnosov et al., 2017).
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6.2.3 Brillouin Spectroscopy and X-Ray Diffraction
At 8 pressures up to 19.7 GPa, sound wave velocities were determined by Brillouin spec-
troscopy (Speziale et al., 2014) for at least 13 different wave vectors within the plane of
each platelet. Individual wave vectors were typically spaced by a 15◦ rotation around the
DAC compression axis. Brillouin spectra were recorded at DESY Hamburg in forward sym-
metric scattering geometry with a scattering angle close to 50◦. The actual scattering angle
was calibrated with an oriented MgO single crystal using known elastic constants (Spetzler,
1970). The scattered light was analyzed for frequency shifts with a six-pass tandem Fabry-
Perot interferometer. A Brillouin spectrum recorded at 19.7 GPa is shown in Figure 6.1b. At
each pressure, single-crystal X-ray diffraction experiments were performed on an Eulerian
4-circle diffractometer at BGI Bayreuth to obtain the unit cell volume and crystal orientation
for each crystal section. The diffractometer operated with Mo-Kα radiation generated by an
X-ray tube at 50 kV and 40 mA and detected by a point detector. We followed the 8-position
centering protocol (King and Finger, 1979) as implemented in the SINGLE program (Angel
and Finger, 2011) and manually rejected poor-quality reflection profiles from the refine-
ment of unit cell parameters. For every crystal, unit cell parameters were also determined
at ambient pressure inside the DAC before gas loading.
6.3 Results and Discussion
6.3.1 High-Pressure Elasticity
To find an internally consistent description for the high-pressure elasticity, we jointly in-
verted single-crystal sound wave velocities v and unit cell volumes V (or densities ρ) at
all pressures by tying the Christoffel equation |ci jkl g j gl − ρv2δik| = 0 to third-order finite-
strain equations for individual elastic constants ci j (contracted index notation) of the form
ci j = ci j(V ) (Stixrude and Lithgow-Bertelloni, 2005; Kurnosov et al., 2017) (Fig. 6.2, Ta-
ble 6.1). In addition to this global inversion strategy, we inverted sound wave velocities
to elastic constants at each pressure and, in a second step, analyzed the evolution of elas-
tic constants along the compression path with third-order finite-strain equations (Fig. 6.2,
Table A.8). During the inversions, densities and crystal orientations were fixed to those
derived from single-crystal X-ray diffraction for each crystal section and at each pressure.
Within mutual uncertainties, both inversion strategies gave identical results in terms of re-
trieved single-crystal finite-strain parameters with comparable overall correlations between
refined parameters (Tables A.8 and A.9). Based on the smaller number N of refined param-
eters, we chose the results of the global inversion with N = 18 as compared to N = 90 for
the conventional inversion strategy. The pressure evolution of individual elastic constants
is compared to results of previous studies on wadsleyite single crystals in Figure 6.2.
From the single-crystal elastic constants and unit cell volumes at high pressures, we de-
rived bounds on the bulk K and shear G moduli (Watt et al., 1976) as well as their respective
pressure derivatives K ′ and G′ (Tables 6.1 and A.8). Using available thermodynamic param-
eters (Stixrude and Lithgow-Bertelloni, 2011), the adiabatic bulk moduli as obtained from
the global inversion procedure were converted to isothermal bulk moduli as required for
the isothermal equation of state (EOS). Assuming a quasi-hydrostatic stress environment
inside the DAC (Buchen et al., 2017), we calculated experimental pressures with the Reuss
isothermal EOS (Table 6.1) by inserting the average unit cell volumes of both crystals at
every pressure (Table A.8).
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Figure 6.2: High-pressure single-crystal elastic constants of different wadsleyite compositions.
Mg100: Mg2SiO4 (Zha et al., 1997), Mg100H6: Mg1.94H0.12SiO4 (0.84 wt-% H2O) (Mao et al.,
2008a), Mg92: (Mg0.92Fe0.08)2SiO4 (Wang et al., 2014), Mg89H2i: (Mg0.89Fe0.11)1.98H0.04SiO4
(0.24 wt-% H2O) this study (individual inversions), Mg89H2g: (Mg0.89Fe0.11)1.98H0.04SiO4 (0.24 wt-
% H2O) this study (global inversion), Mg89H15: (Mg0.89Fe0.11)1.85H0.30SiO4 (1.92 wt-% H2O) (Mao
et al., 2011).
From the Voigt-Reuss-Hill averages (Watt et al., 1976), we obtained the adiabatic bulk
modulus KS0 = 168.0(9)GPa and the shear modulus G0 = 104.3(5)GPa at ambient con-
ditions with the pressure derivatives K ′S0 = 4.13(8) and G
′
0 = 1.64(4). Compared to
our results, the bulk and shear moduli of hydrous iron-bearing wadsleyite with the same
Fe/(Mg+Fe) ratio of 0.11 (Mao et al., 2011) (Table 6.2) are lower at ambient conditions
while their pressure derivatives, K ′0 = 4.8(1) and G
′
0 = 1.9(1), are significantly higher, par-
alleling observations for iron-bearing ringwoodite (Schulze et al., 2018). The ferric iron
contents of both samples, i.e. Fe3+/ΣFe = 0.15(3) in this study and Fe3+/ΣFe = 0.11(6)
for the sample of Mao et al. (2011), are indistinguishable within their uncertainties. Differ-
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Table 6.1: Third-order finite-strain parameters for iron-bearing wadsleyite
ij c ij0/GPa c
′
ij0 M0/GPa M
′
0
11 356(2) 5.5(2) Voigt bound
22 357(2) 5.2(2) K VS 0 169.2(8) 4.05(7)
33 256(1) 7.3(1) K VT 0 167.9(8) 4.05(7 )
44 107(1) 0.9(1) GV0 106.1(5) 1.56(4)
55 108(1) 1.3(1) Reuss bound
66 85(1) 2.7(1) K RS 0 166.7(11) 4.22(9)
12 77(2) 3.1(1) K RT 0 165.4(11) 4.22(9)
13 107(2) 2.7(2) GR0 102.6(4) 1.72(4)
23 94(2) 3.5(1) Voigt-Reuss-Hill average
V 0/Å
3 542.12(3) — K VRHS 0 168.0(9) 4.13(8)
ρ0/g cm
−3 3.598(11) — K VRHT 0 166.7(10) 4.13(8)
M/g mol−1 146.81(43) — GVRH0 104.3(5) 1.64(4)
Italic numbers assume that K ′T 0≈K ′S 0.
ences in elastic properties between both studies are therefore best explained in terms of the
substantially different hydrogen contents. Accordingly, we attribute the observed reduction
of the moduli at ambient conditions to the effect of hydration (Mao et al., 2008b; Buchen
et al., 2017).
6.3.2 Aggregate Sound Wave Velocities
From the elastic properties, we calculated P wave and S wave velocities of an isotropic ag-
gregate and compare them with sound wave velocities of hydrous iron-bearing wadsleyite
(Fe/(Mg+Fe) = 0.11, 1.93 wt-% H2O; Mao et al., 2011) (Figs. 6.3a and 6.3b). In agree-
ment with previous findings, hydration of iron-bearing wadsleyite reduces the sound wave
velocities at ambient conditions (Mao et al., 2011). The sound wave velocities of hydrous
iron-bearing wadsleyite, however, rise faster with increasing pressure and approach those
of our less hydrous composition. When extrapolating the experimental results of Mao et al.
(2011) by about 3 GPa along their finite-strain curves, we found that both P wave and S
wave velocities of hydrous and less hydrous iron-bearing wadsleyite cross over at pressures
close to or within the transition zone. Combining the results on hydrous iron-bearing wad-
sleyite (Mao et al., 2011) with those of the present study on slightly hydrous iron-bearing
wadsleyite allows for the first time to directly quantify the effect of hydrogen on the single-
crystal sound wave velocities of iron-bearing wadsleyite at high pressures. For all hydrogen
concentrations between 0 and 3 wt-% H2O, a velocity cross-over with anhydrous wadsleyite
takes place at pressures relevant to the transition zone.
Previous attempts to compare sound wave velocities of anhydrous and hydrous wad-
sleyite compositions did not reveal velocity cross-overs up to about 14 GPa (Mao et al.,
2008a; Mao et al., 2011). In addition to the limited pressure range covered by previous ex-
periments, these comparisons were either based on iron-free wadsleyite (Mao et al., 2008a)
or on wadsleyite compositions with slightly different iron contents (Mao et al., 2011) and
unknown concentrations of hydrogen and ferric iron (Liu et al., 2009). For iron-bearing
wadsleyite, sound wave velocities have been determined on single crystals using Brillouin
spectroscopy (Mao et al., 2011; Wang et al., 2014) and on polycrystalline samples using
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Figure 6.3: Sound wave velocities for isotropic aggregates and densities of iron-bearing wadsleyite
with Fe/(Mg+Fe) = 0.11. a) P wave velocities, b) S wave velocities, and c) densities of iron-bearing
wadsleyite as a function of pressure at different temperatures. Black arrows mark the velocity
cross-over points between less hydrous (0.24 wt-% H2O; this study) and strongly hydrous (1.93 wt-
% H2O; Mao et al., 2011) iron-bearing wadsleyite at the indicated temperatures. Note the shift of
velocity cross-over points to higher pressures with increasing temperature. Orange shading in a)
and b) indicates the Voigt and Reuss bounds on the results of the present study. Green shaded
regions mark the pressure range of wadsleyite stability in the transition zone.
ultrasonic interferometry (Li and Liebermann, 2000; Liu et al., 2009). Sound wave ve-
locities determined on polycrystalline wadsleyite samples by ultrasonic techniques (Li and
Liebermann, 2000; Liu et al., 2009) are systematically higher than those determined here
but similar to those determined by Wang et al. (2014) on single crystals by Brillouin spec-
troscopy even though iron contents were higher in the polycrystalline samples (Fig. A.9).
To avoid potential inconsistencies, we based our comparison in Figure 6.3 on sound wave
velocities that were determined by Brillouin spectroscopy and on wadsleyite single crystals
with known contents of hydrogen and ferric iron.
By comparing elastic moduli and densities for different wadsleyite compositions at high
pressures (Fig. 6.4), the elevated pressure derivatives of hydrous iron-bearing wadsleyite
(Mao et al., 2011) with K ′0 = 4.8 and G
′
0 = 1.9 can be identified as the main cause for the
enhanced pressure dependence of its sound wave velocities. The densities of anhydrous and
hydrous iron-bearing wadsleyite differ clearly throughout the relevant pressure range (Fig.
6.3c). Our results are supported by first-principles calculations that indicate an increase
in the pressure derivatives of elastic moduli on hydration of Mg2SiO4 wadsleyite (Tsuchiya
and Tsuchiya, 2009; Liu et al., 2012). In contrast, a systematic change in the pressure
derivatives could not be confirmed by an experimental study on hydrous (0.84 wt-% H2O)
Mg2SiO4 wadsleyite (Mao et al., 2008a) (Fig. 6.4b). Possible explanations for these con-
tradicting results include a threshold hydrogen concentration necessary to measurably alter
the high-pressure elastic properties and a minimum experimental pressure range to resolve
the changes in pressure derivatives caused by hydration.
In the case of olivine, a velocity cross-over was observed between anhydrous and hydrous
forsterite, Mg2SiO4, even though at considerably lower pressures (Zha et al., 1996; Mao et
al., 2010). Given the similar incorporation mechanisms for hydrogen in both phases (Inoue
et al., 1995; Smyth et al., 2006; Jacobsen et al., 2005), M -site vacancies possibly give
rise to the elevated pressure derivatives of elastic moduli observed for hydrous olivine and
hydrous wadsleyite. On compression, vacancies relax more than intact crystal structural
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Figure 6.4: Comparison of high-pressure single-crystal elasticity studies on different wadsleyite
compositions. a) Densities, b) adiabatic bulk moduli K S and shear moduli G, and c) P wave to
S wave velocity ratios vP/vS as a function of pressure at ambient temperature. Orange shad-
ing in b) indicates the Voigt and Reuss bounds on the results of the present study. Mg100:
Mg2SiO4 (Zha et al., 1997), Mg100H6: Mg1.94H0.12SiO4 (0.84 wt-% H2O) (Mao et al., 2008a),
Mg92: (Mg0.92Fe0.08)2SiO4 (Wang et al., 2014), Mg89H2i: (Mg0.89Fe0.11)1.98H0.04SiO4 (0.24 wt-%
H2O) this study (individual inversions), Mg89H2g: (Mg0.89Fe0.11)1.98H0.04SiO4 (0.24 wt-% H2O) this
study (global inversion), Mg89H15: (Mg0.89Fe0.11)1.85H0.30SiO4 (1.92 wt-% H2O) (Mao et al., 2011).
units and partly collapse as reflected in reduced O−H· · ·O distances (Kleppe et al., 2006).
With increasing pressure, repulsive O−O interactions take over, and the weakening effect of
vacancies declines leading to high pressure derivatives of bulk (Holl et al., 2008) and shear
moduli. As a result, the elastic moduli of anhydrous and hydrous iron-bearing wadsleyite
converge at high pressures (Fig. 6.4b). For sound wave velocities to cross over, however,
the related difference in density is essential (Figs. 6.3c and 6.4a). The reduction in density
caused by the incorporation of a given amount of hydrogen increases with the Fe/(Mg+Fe)
ratio as more heavier Fe atoms are replaced by protons.
We modeled the high-pressure high-temperature sound wave velocities of nearly anhy-
drous and hydrous iron-bearing wadsleyite (see section 6.3.3) and predict the velocity cross-
over points to shift to higher pressures with increasing temperature (Fig. 6.3). In relatively
cold regions (1273 K) of the transition zone, where hydration is most likely (Thompson,
1992; Ohtani et al., 2004), the relative differences in P wave and S wave velocities between
anhydrous (0 wt-% H2O) and hydrous (1 wt-% H2O) wadsleyite range from∆vP/vP = 0.6 %
and ∆vS/vS = 0.8 % to ∆vP/vP = 0.1 % and ∆vS/vS = 0.3 % for pressures of 12 GPa and
18 GPa, respectively, bracketing the expected pressure range of the wadsleyite stability field
(Ohtani et al., 2004; Stixrude and Lithgow-Bertelloni, 2011). Even in high-temperature
regions (1773 K) and the uppermost transition zone (14 GPa), i.e. furthest away from the
cross-over points, the estimated relative differences in P wave and S wave velocities remain
below 0.8 % and 1.1 %, respectively, for hydration with 0 to 1 wt-% H2O.
The calculations above were performed for single-phase wadsleyite, which is expected
to contribute with less than 60 vol-% to a polymineralic transition zone rock. Therefore, we
expect the effects of hydration on average wave velocities to be further reduced by almost
50 % possibly pushing them below the detection limit of seismic tomography (∆v/v ∼ 1 %;
de Wit et al., 2012). We emphasize that the here-found differences between anhydrous and
hydrous iron-bearing wadsleyites are significantly smaller than those inferred at the same
conditions from previous results on iron-free wadsleyites (∆vP/vP ≈ 3.0 %,∆vS/vS ≈ 4.6 %;
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Zha et al., 1997; Mao et al., 2008a). For very hydrous compositions and at temperatures
below 1273 K, wadsleyite may coexist with hydrous phases such as phase E and superhy-
drous phase B (Ohtani et al., 2004). The modal proportions of these phases, however, are
predicted to remain low when compared to the abundance of wadsleyite in a hydrous peri-
dotitic rock (Ohtani et al., 2004).
6.3.3 Modeling of Sound Wave Velocities
We combined the results of the present study on slightly hydrous iron-bearing wadsleyite
with high-pressure single-crystal data on iron-free wadsleyite (Zha et al., 1997), hydrous
iron-bearing wadsleyite (Mao et al., 2011), forsterite (Zha et al., 1996), hydrous forsterite
(Mao et al., 2010), and San Carlos olivine (Mao et al., 2015; Zhang and Bass, 2016) (Ta-
ble 6.2). To accurately capture the effect of hydration on the properties of wadsleyite,
we only included results on samples with known H2O contents. Since there are no high-
temperature elasticity data available for either hydrous wadsleyite or hydrous olivine, we
used the same high-temperature formalism and thermoelastic parameters (Stixrude and
Lithgow-Bertelloni, 2005; Stixrude and Lithgow-Bertelloni, 2011) for both anhydrous and
hydrous wadsleyite and anhydrous and hydrous forsterite, respectively. We relied on elastic
moduli and their pressure derivatives as reported in the respective publication while using
compiled thermoelastic parameters (Stixrude and Lithgow-Bertelloni, 2011) for extrapola-
tion to high temperatures (Table 6.2). For San Carlos olivine, however, we obtained elas-
tic moduli, pressure derivatives, and thermoelastic parameters by combining recent high-
pressure high-temperature single-crystal elasticity datasets (Mao et al., 2015; Zhang and
Bass, 2016) and analyzing the merged dataset with the zero-pressure Debye temperature
θ0 = 790 K and the zero-pressure (isotropic) Grüneisen parameter γi j0 = δi jγ0 = 1 fixed
to reported values (Stixrude and Lithgow-Bertelloni, 2011). To calculate the sound wave
velocities for a given phase and chemical composition, bulk and shear moduli as well as
the density of the mentioned species were calculated at the desired pressure and tempera-
ture and their compositions mixed to yield the required composition. Sound wave velocities
were then calculated from the moduli and densities according to a Voigt-Reuss-Hill scheme
(Watt et al., 1976).
6.3.4 Sound Wave Velocities of Wadsleyite
To resolve the competing effects of hydrogen, iron, and temperature on the sound wave
velocities of wadsleyite, we mapped P wave and S wave velocities at 16 GPa and varying
temperatures over the relevant compositional space in terms of iron (Frost, 2003b) and hy-
drogen (Inoue et al., 1995) by complementing our data with previous results on wadsleyite
(Zha et al., 1997; Mao et al., 2011) as described in section 6.3.3 (Fig. 6.5). At 16 GPa
and room temperature, hydrogen does not change the sound wave velocities significantly.
At temperatures relevant to subduction environments (e.g. ∼1273 K; Thompson, 1992),
where highest water contents are expected in the transition zone, P wave and S wave ve-
locities of wadsleyite remain virtually insensitive to hydration. A low sensitivity of seismic
wave velocities to hydration has previously been proposed for hydrogen contents below
0.1 wt-% H2O (Karato, 2011). In contrast, our conclusions apply to a significantly wider
range of hydrogen contents in wadsleyite (Fig. 6.5). We note that a similar insensitivity to
hydration has recently been reported for ringwoodite at mantle transition zone pressures
(Schulze et al., 2018).
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Figure 6.5: Maps of P wave and S wave velocity variations spanning relevant wadsleyite compo-
sitions. a,b) 16 GPa, 298 K, c,d) 16 GPa, 1273 K, e,f) 16 GPa, 1773 K. Note the low sensitivity of
sound wave velocities to H2O content as opposed to the Fe/(Mg+Fe) ratio.
As an alternative to absolute velocities, elevated P wave to S wave velocity ratios vP/vS
have been invoked as a characteristic feature for hydrated regions within the transition zone
(Smyth and Jacobsen, 2006; Thio et al., 2016). Our data, however, show vP/vS ratios indis-
tinguishable from those of hydrous iron-bearing wadsleyite (Mao et al., 2011) (Fig. 6.4c).
Li et al. (2011) suggested the seismic ratio R= d ln vS/d ln vP derived from lateral variations
in seismic velocities to be sensitive to hydration. We mapped the ratio R of wadsleyite for
variations in sound wave velocities induced by hydration (0–1 wt-% H2O, RH2O), by changing
the iron content (Fe/(Mg+Fe) of 0–0.2, RFe), and by temperature variations (1273–1773 K,
RT) as a function of pressure and temperature (RH2O and RFe) and of hydrogen and iron
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Figure 6.6: The seismic ratio R = d lnvS/d lnvP of wadsleyite for sound wave velocity variations
induced by a) hydration (0–1 wt-% H2O), b) changes in iron content (Fe/(Mg+Fe) of 0–0.2), and
c) temperature variations (1273–1773 K). In the lower right corner of a), relative differences in P
wave velocities d lnvP become too small to compute meaningful values of RH2O.
content (RT), respectively (Fig. 6.6). While RT and RFe vary in rather narrow ranges of 1.4
to 1.5 and 1.3 to 1.6, respectively, RH2O might exceed 2 at pressures above 16 GPa and tem-
peratures around 1273 K indicating an increasing sensitivity to hydration with depth (Fig.
6.6a). At lower temperatures or higher pressures, relative differences in P wave velocities
d ln vP between hydrous and anhydrous wadsleyite drop below 0.3 % due to the proximity
to the velocity cross-over. In view of the uncertainties on sound wave velocities extrapolated
in pressure and temperature, the calculation of RH2O becomes inappropriate for such small
differences in sound wave velocities.
Albeit in qualitative agreement with the findings of Li et al. (2011), our results indi-
cate that at typical temperatures and pressures the seismic ratios R would be very similar
regardless whether lateral variations in seismic velocities are caused by temperature gra-
dients or by variations in hydrogen or iron content, in particular in the shallowest part of
the transition zone. As a consequence, we conclude that lateral variations in seismic wave
speeds within the upper part of the transition zone cannot directly be used to map hydra-
tion. By raising the pressure dependence of sound wave velocities, however, hydration may
contribute to steep seismic gradients as observed in the transition zone (Dziewonski and
Anderson, 1981; Kennett et al., 1995). In the absence of quantitative data on anelastic
effects related to wadsleyite, we note that anelastic behavior may enhance the hydration
sensitivity of seismic wave velocities and impose a frequency dependence (Karato, 2011).
Recent results, however, suggest that structurally bonded hydroxyl groups do not enhance
seismic wave attenuation in olivine (Cline II et al., 2018).
6.3.5 Seismic Contrasts across the 410-km Discontinuity
The 410-km seismic discontinuity is thought to arise from the olivine-wadsleyite phase tran-
sition (Frost, 2008). Attempts to constrain mantle mineralogy by comparing sound wave
velocity contrasts calculated from mineral physics information to seismically observed ve-
locity contrasts at the 410-km discontinuity concluded that a pyrolitic mantle composition
with 55–60 vol-% of (Mg,Fe)2SiO4 polymorphs cannot explain the detected velocity jumps
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Table 6.2: Olivine and wadsleyite species used to model densities and sound wave velocities
Olivine Wadsleyite
Species Mg100 Mg90 Mg100H7 Mg100 Mg89H2 Mg89H15
Chemical composition
Fe/(Mg+Fe) 0 0.1 0 0 0.112(2) 0.11(1)
[H2O]/wt-% 0 0 0.9(1) 0 0.24(2) 1.93(22)
Physical propertiesa
V 0/Å
3 289.6(4) 291.63(19) 290.50(3) 535.8(2) 542.12(3) 542.23(12)
ρ0/g cm
−3 3.227(4) 3.341(3) 3.180(3) 3.488(1) 3.598(11) 3.513(7)
K T 0/GPa 128.0(5) 130.5(5) 124.6(2) 169(2) 166.7(10) 154.9(6)
K S 0/GPa 128.8(5) 131.3(5) 125.4(2) 170(2) 168.0(9) 156.2(5)
K ′0 4.2(2) 4.24(4) 4.50(5) 4.3(2) 4.13(8) 4.8(1)
K ′′0 /GPa
−1 −0.032 −0.032 −0.037 −0.025 −0.024 −0.034
G0/GPa 81.6(2) 78.2(2) 79.6(1) 115(2) 104.3(5) 98.0(3)
G′0 1.42(3) 1.71(6) 1.75(5) 1.4(2) 1.64(4) 1.9(1)
G′′0 /GPa
−1 −0.031 −0.085(10) −0.030 −0.025 −0.021 −0.025
θ0/K
b 809(1) 790(1) 809(7) 844(7) 825(8) 827(22)
γ0
b 0.99(3) 1.00(3) 0.99(3) 1.21(9) 1.21(8) 1.21(8)
q0
b 2.1(2) 3.2(3) 2.1(2) 2.0(10) 2.0(9) 2.0(8)
ηS 0
b 2.30(10) 1.39(13) 2.30(10) 2.60(40) 2.43(36) 2.45(32)
Italic numbers are values implied by third-order finite-strain equations.
We assume that K ′T 0≈K ′S 0 and K ′′T 0≈K ′′S 0.
aSee Stixrude and Lithgow-Bertelloni (2005) for definitions and formalism.
bThermoelastic parameters from Stixrude and Lithgow-Bertelloni (2011).
References for olivine: Mg100: Zha et al. (1996), Mg90: Mao et al. (2015),
Zhang and Bass (2016), Mg100H7: Mao et al. (2010)
References for wadsleyite: Mg100: Zha et al. (1997), Mg89H2: this study,
Mg89H15: Mao et al. (2011)
(Cammarano and Romanowicz, 2007; Wang et al., 2014; Thio et al., 2016). Based on the
previously assumed water-induced reduction of wadsleyite sound wave velocities (Mao et
al., 2008a; Mao et al., 2008b; Mao et al., 2011), a hydrated transition zone has been in-
voked to reconcile the pyrolite model with seismological observations (Mao et al., 2008a;
Mao et al., 2010).
To explore the seismic sensitivity of the 410-km discontinuity to hydration, we calculated
the relative changes (in %) d lnX = 200 × (XWA − XOL)/(XOL + XWA), where XOL and XWA
are the velocity v, density ρ, or acoustic impedance Z = vρ of olivine and wadsleyite,
respectively. We accounted for iron partitioning between olivine, wadsleyite, and mainly
garnet assuming Fe/(Mg+Fe) = 0.08 for olivine and Fe/(Mg+Fe) = 0.11 for wadsleyite
(Irifune and Isshiki, 1998; Frost, 2003a). At high temperatures, we also included the effect
of latent heat associated with the phase transition by raising the temperature of wadsleyite
by 60 K with respect to olivine (Katsura et al., 2010). We mapped the velocity, density, and
impedance contrasts across the olivine-wadsleyite phase transition as functions of water
content in both minerals (Fig. 6.7). Our calculations show that the velocity contrasts depend
only slightly on the water content of wadsleyite (Figs. 6.7a and 6.7b) suggesting that the
velocity cross-over in wadsleyite not only masks water within the transition zone from being
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Figure 6.7: Velocity, impedance, and density contrasts across the olivine-wadsleyite phase tran-
sition. a) P wave velocity, b) S wave velocity, c) P wave impedance, d) S wave impedance, and
e) density contrast as a function of olivine and wadsleyite H2O contents at 14 GPa and 298 K.
Note the low sensitivity of velocity contrasts and the high sensitivity of impedance contrasts to the
H2O content of wadsleyite. f) Range of observed H2O partition coefficients between olivine and
wadsleyite (Thio et al., 2016). Note that water preferentially partitions into wadsleyite relative to
olivine.
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detected by seismic tomography but also significantly reduces the sensitivity of the velocity
contrasts at the 410-km discontinuity to hydration.
In contrast to the behavior of seismic wave velocities, impedance contrasts across the
410-km seismic discontinuity depend strongly on the water content of wadsleyite (Figs. 6.7c
and 6.7d). We predict the impedance contrasts of P waves and S waves to become even more
sensitive to hydration at high temperatures (Fig. A.10). This enhanced sensitivity at high
temperatures results from the shift of the cross-over points to higher pressures (Fig. 6.3).
While an increase in temperature by 100 K decreases the P wave and S wave impedance
contrasts by only 0.04 % and 0.22 %, respectively, hydration of wadsleyite with 1 wt-% H2O
at 1273 K and 12 GPa leads to a reduction by 2.0 % and 2.2 %, respectively.
The actual sensitivity of the impedance contrasts depends on the H2O partitioning be-
tween olivine and wadsleyite (Fig. 6.7f). The range of reported partition coefficients
(Thio et al., 2016) suggests that water preferentially accumulates in wadsleyite and that
the impedance contrasts are sensitive to hydration regardless of the assumed partitioning
behavior. Even for a fairly low water partition coefficient between wadsleyite and olivine of
DWA/OL = 2 and assuming 1 wt-% H2O in wadsleyite, the impedance contrasts for P waves
and S waves at 1273 K and 12 GPa are reduced by 1.6 % and 2.0 % compared to the an-
hydrous system. Lateral variations in the impedance contrasts of the 410-km discontinuity
might therefore serve to map hydrous regions in the deep upper mantle.
Experiments have shown that the pressure interval of the olivine-wadsleyite phase tran-
sition widens in the presence of water (Frost and Dolejš, 2007). Such broadening of the
phase transition will decrease seismic gradients across the 410-km discontinuity, especially
at lower temperatures (Frost and Dolejš, 2007). Decreased seismic gradients, in turn, reduce
the effective reflectivity of the discontinuity in addition to the hydration-induced reduction
of the impedance contrast. Broadening of the 410-km discontinuity in the presence of wa-
ter will therefore amplify the impedance-based seismic sensitivity to hydration by further
reducing the amplitudes of reflected seismic waves.
Only few observations of local variations in impedance contrasts of the 410-km discon-
tinuity are available to date (Chambers et al., 2005; Bagley and Revenaugh, 2008; Thio
et al., 2016). Assuming a pyrolitic mantle rock with 55 vol-% olivine and wadsleyite above
and below the 410-km discontinuity, respectively (Frost, 2008), we can scale the impedance
contrasts reported by Chambers et al. (2005) and compare them with impedance contrasts
predicted by our comparison of olivine and wadsleyite properties at 14 GPa and 1773 K (Fig.
A.10). While the scaled P wave impedance contrasts spread over a range of 8 % < d ln ZP <
16 %, S wave impedance contrasts cluster between 13 % < d ln ZS < 18 % and fall in the
upper quarter or outside of the range predicted by our model. Such high S wave impedance
contrasts would be compatible with water contents below 0.5 wt-% H2O in wadsleyite (Fig.
A.10). Taking into account uncertainties on seismically observed impedance contrasts, how-
ever, would raise this upper limit in water content substantially. While the observations of
Chambers et al. (2005) appear to be representative for impedance contrasts at the 410-km
discontinuity (Thio et al., 2016), P wave and S wave impedance contrasts show poor con-
sistency in terms of inferred water contents. This inconsistency might arise from averaging
over geodynamically heterogeneous regions or be related to a complex interplay of other
parameters that affect the observed impedance contrasts.
For example, dehydration melting in a layer atop the transition zone (Bercovici and
Karato, 2003; Song et al., 2004; Schmerr and Garnero, 2007; Freitas et al., 2017) would
not only disturb the detected impedance contrasts at the 410-km discontinuity but also result
in chemical exchange and redistribution of chemical elements across the olivine-wadsleyite
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phase transition (Bercovici and Karato, 2003; Schmerr and Garnero, 2007; Freitas et al.,
2017). In the above calculations, we did not consider the effects of anelasticity or anisotropy,
which may be expected to have stronger impact on S waves (Karato, 1993; Chambers et al.,
2005). While for olivine anelastic relaxation appears to be independent of hydrogen content
(Cline II et al., 2018), the anelastic behavior of wadsleyite remains poorly constrained.
Seismically observed impedance contrasts most probably reflect a superposition of contrasts
in mineral physical properties and dynamic processes across the 410-km discontinuity.
6.4 Conclusion
Our modeling, which is based on our experimental results and previous studies, clearly
shows that wave speed variations for P waves and S waves within the transition zone as
reported by seismic tomography and velocity contrasts at the 410-km seismic discontinuity
show a very small sensitivity to the hydration state of the transition zone. At mantle tem-
peratures (∼1773 K), the reduction in sound wave velocities of pyrolite brought about by
hydration of wadsleyite with 1 wt-% H2O is equivalent to a temperature increase of less than
100 K. Temperatures are expected to vary by more than 500 K across different geodynamic
settings (Thompson, 1992; Ohtani et al., 2004). We therefore predict that thermal effects
will dominate variations in wave speeds masking the comparatively small contribution of
hydration. Instead, we argue that the impedance contrast across the 410-km discontinu-
ity, which can be inferred from seismic reflectivity studies (Chambers et al., 2005; Bagley
and Revenaugh, 2008), is a more robust indicator for the hydration state of the mantle.
Direct determinations of sound wave velocities of hydrous olivine and hydrous wadsleyite
at combined high pressures and high temperatures as well as a quantification of anelas-
tic contributions are needed to refine the extrapolation of our findings to realistic mantle
temperatures. Combining our results with future seismic studies dedicated to map the re-
flectivity of the 410-km discontinuity may contribute to detect reservoirs and pathways of
deep water cycling in Earth’s mantle.
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Abstract
High-pressure silica polymorphs may contribute to lithologies in Earth’s lower mantle.
Stishovite, the tetragonal rutile-type polymorph of SiO2, distorts to an orthorhombic CaCl2-
type structure at pressures and temperatures of the lower mantle. We compressed sintered
polycrystalline stishovite and determined the unit cell parameters as a function of pressure
using synchrotron X-ray diffraction. The compression behavior of sintered polycrystalline
stishovite deviates systematically from previous results on stishovite powder and single crys-
tals. Following an initial stiffening, the bulk modulus of sintered polycrystalline stishovite
drops at the ferroelastic phase transition. We analyzed the observed spontaneous strains us-
ing Landau theory to predict the complete elastic behavior of sintered polycrystalline silica
across the phase transition. The reduction in bulk modulus at the phase transition as derived
1Now at: Laboratory for Materials and Structures, Tokyo Institute of Technology, Yokohama 226-8503,
Japan
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here from the compression curve of sintered polycrystalline silica may have implications for
the seismic detection of silica-rich materials in Earth’s lower mantle.
7.1 Introduction
The physical properties of crystalline high-pressure phases of silica, SiO2, are of importance
for geophysics and material sciences (e.g. Hemley et al., 1994). Along a typical geotherm,
stishovite would be the stable SiO2 polymorph at pressures above 10 GPa (Zhang et al.,
1996). At pressures above 120 GPa and temperatures around 2500 K, SiO2 crystallizes in
the α-PbO2 crystal structure as seifertite (Murakami et al., 2003; Tsuchiya et al., 2004; El
Goresy et al., 2008; Grocholski et al., 2013). Both diamond inclusions and high-pressure
high-temperature experiments indicate that stishovite contributes to basaltic lithologies at
conditions of Earth’s lower mantle (Joswig et al., 1999; Hirose et al., 1999). The re-
sults of recent experiments and calculations suggest that silica might exsolve from Earth’s
outer core (Hirose et al., 2017) and be dispersed throughout the lower mantle (Helffrich
et al., 2018). Besides its relevance to geophysics, polycrystalline stishovite is considered
the hardest known oxide that remains metastable at ambient conditions (Léger et al., 1996;
Nishiyama et al., 2014).
At ambient temperature and around 50 GPa, stishovite (space group P42/mnm; Stishov
and Belov, 1962) undergoes a ferroelastic phase transition from the tetragonal rutile crystal
structure to an orthorhombic phase with CaCl2-type structure (space group Pnnm; Kingma
et al., 1995; Karki et al., 1997b; Andrault et al., 1998), hereafter referred to as CaCl2-
type SiO2. This phase transition has received considerable attention as it possibly entails
a strong reduction of the shear modulus at or close to the transition pressure (Karki et
al., 1997a; Karki et al., 1997b; Carpenter et al., 2000; Shieh et al., 2002; Asahara et al.,
2013). Consequently, the presence of stishovite-bearing rocks such as subducted oceanic
crust in Earth’s lower mantle has been inferred from seismic observations of low shear wave
velocities (Niu et al., 2003; Kaneshima and Helffrich, 2010; Helffrich et al., 2018). Previous
experimental work on the elastic properties of stishovite and CaCl2-type SiO2 was either
limited to low pressures (Jiang et al., 2009) or focused on the equation of state (EOS) of
single crystals (Hemley et al., 2000) and powders (Andrault et al., 1998; Andrault et al.,
2003; Grocholski et al., 2013; Nisr et al., 2017). The effect of nonhydrostatic compression
on the phase transition from stishovite to CaCl2-type SiO2 has been investigated on powders
(Shieh et al., 2002; Singh et al., 2012) and on sintered polycrystalline material (Asahara
et al., 2013). In the absence of direct measurements of elastic constants of stishovite to
relevant pressures, the elastic properties can be estimated by analyzing the evolution of
unit cell parameters across the ferroelastic phase transition using Landau theory (Carpenter
et al., 2000).
In contrast to single crystals or unconsolidated powders, compression of a sintered poly-
crystalline material composed of elastically anisotropic crystals may give rise to considerable
internal stresses between grains. The complex stress field may alter the elastic response of
the polycrystal and, in the case of stishovite, interact with the ferroelastic phase transition.
For example, deviatoric stresses were shown to shift the transition from stishovite to CaCl2-
type SiO2 to lower pressures (Shieh et al., 2002; Singh et al., 2012; Asahara et al., 2013).
We compressed sintered polycrystalline stishovite using neon as quasi-hydrostatic pressure-
transmitting medium to investigate the effect of internal stresses arising from grain-grain
interactions on the elastic response and the ferroelastic phase transition of stishovite. Based
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on the results of our X-ray diffraction experiments, we derive EOS for stishovite and CaCl2-
type SiO2 as well as a Landau theory description for the arising spontaneous strains. We
further use Landau theory to evaluate the changes in elastic properties of polycrystalline sil-
ica across the ferroelastic phase transition and discuss potential consequences for the seismic
detection of stishovite-bearing materials in Earth’s lower mantle.
7.2 Experimental
Sintered polycrystalline stishovite was synthesized from a pure silica glass rod at 15 GPa and
1573 K using a Kawai-type multi-anvil apparatus. After annealing the silica rod for 30 min,
the temperature was decreased to around 723 K and the sample decompressed at this tem-
perature to prevent cracking of the sintered polycrystalline product. Purity and crystallinity
of the synthesized stishovite were verified using synchrotron X-ray diffraction at beamline
P02.1 at PETRA III/DESY in Hamburg and electron microscopy. Details of sample synthe-
sis and characterization have been reported elsewhere (Nishiyama et al., 2014). A plane-
parallel double-sided polished thin section with a final thickness of 13(1)µm was prepared
from the synthesis product by mechanical polishing. Circles with diameters of 40µm were
cut from the thin section using a focused beam of Ga+ ions (Marquardt and Marquardt,
2012; Schulze et al., 2017). A sintered polycrystalline stishovite platelet was loaded in a
BX90 diamond anvil cell (Kantor et al., 2012) along with a ruby sphere for pressure determi-
nation (Dewaele et al., 2008). We used diamond anvils with 200µm culets that were glued
to tungsten carbide seats and a rhenium foil as gasket after preindenting it to a thickness
of about 40µm and cutting a hole with 120µm diameter in the center of the indentation
using an infrared laser. Precompressed neon was loaded as pressure-transmitting medium
(Kurnosov et al., 2008) to create a quasi-hydrostatic stress environment upon compression.
X-ray diffraction patterns were recorded at beamline ID15B of the European Synchrotron
Radiation Facility (ESRF) at 30 pressures between 9 and 73 GPa and at ambient tempera-
ture. Monochromatic X-rays with a wavelength of 0.410768 Å were focused on the sample
and the diffracted radiation detected by an Mar555 image plate in transmission geometry.
The exact diffraction geometry was calibrated using a powdered Si standard. Exposure
times were 2 to 3 s. Two-dimensional diffraction patterns were integrated to intensity-2θ
profiles using the FIT2D software (Hammersley, 2016). Lattice parameters of stishovite and
CaCl2-type SiO2 were extracted from Le Bail refinements performed with the program MAUD
(Lutterotti et al., 2007). We used the structural model for stishovite reported by Ross et al.
(1990) and refined lattice parameters and microstrains at every pressure after adjusting a
polynomial baseline to account for background intensity. Uncertainties on lattice parame-
ters were rescaled as proposed by Bérar and Lelann (1991). At the lowest pressure, we also
refined the average crystallite size of the sintered polycrystalline stishovite. The result of
165 nm agrees with estimates based on electron microscopy (Nishiyama et al., 2014). At
pressures clearly above the phase transition, the crystal symmetry was reduced accordingly
and the appropriate parameters added to the refinement procedure. For pressures close to
the phase transition, we performed two separate refinements assuming first tetragonal and
then orthorhombic symmetry.
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Figure 7.1: Segments of two-dimensional diffraction patterns (a) and integrated diffraction pat-
terns (b) of sintered polycrystalline stishovite (P42/mnm) and CaCl2-type SiO2 (Pnnm). In b),
solid circles show background-corrected observed diffracted intensities; red lines show refined in-
tensities; black lines show residuals; black bars indicate refined diffraction angles. Black arrows
indicate splitting of the tetragonal 011 and 121 reflections into the pairs of orthorhombic 011 and
101 and 121 and 211 reflections. Note the initial broadening of these reflections close to the phase
transition around 45 GPa. D marks reflections from diamond anvils.
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Table 7.1: Refined unit cell parameters of sintered polycrystalline stishovite and CaCl2-type SiO2
at high pressures
Pressure Unit cell parameters
P (GPa) a (Å) b (Å) c (Å) V (Å3) wR (%)a
Stishovite – P42/mnm
9.67(48) 4.1319(4) 4.1319(4) 2.6501(7) 45.24(1) 1.08
11.38(10) 4.1251(7) 4.1251(7) 2.6468(11) 45.04(2) 1.27
13.99(70) 4.1156(9) 4.1156(9) 2.6422(15) 44.75(3) 1.50
15.77(79) 4.1093(8) 4.1093(8) 2.6395(13) 44.57(3) 1.63
17.74(4) 4.1030(7) 4.1030(7) 2.6365(11) 44.38(2) 1.47
19.59(98) 4.0961(4) 4.0961(4) 2.6340(6) 44.19(1) 1.14
21.40(10) 4.0910(4) 4.0910(4) 2.6307(6) 44.03(1) 1.06
23.15(3) 4.0848(4) 4.0848(4) 2.6288(7) 43.86(1) 1.07
24.99(9) 4.0794(4) 4.0794(4) 2.6257(6) 43.70(1) 1.10
27.16(41) 4.0738(4) 4.0738(4) 2.6229(7) 43.53(1) 1.11
30.45(152) 4.0685(3) 4.0685(3) 2.6203(5) 43.37(1) 1.11
31.02(3) 4.0615(4) 4.0615(4) 2.6168(7) 43.17(1) 1.10
33.27(9) 4.0559(5) 4.0559(5) 2.6135(9) 42.99(2) 1.17
35.70(3) 4.0494(5) 4.0494(5) 2.6101(10) 42.80(2) 1.15
38.05(8) 4.0433(6) 4.0433(6) 2.6071(11) 42.62(2) 1.17
40.39(5) 4.0365(6) 4.0365(6) 2.6031(12) 42.41(2) 1.15
42.89(8) 4.0303(7) 4.0303(7) 2.5982(14) 42.20(3) 1.27
45.27(1) 4.0241(8) 4.0241(8) 2.5943(15) 42.01(3) 1.26
47.59(6) 4.0169(7) 4.0169(7) 2.5903(14) 41.79(3) 1.23
49.87(13) 4.0117(6) 4.0117(6) 2.5872(11) 41.64(2) 1.31
CaCl2-type SiO2 – Pnnm
45.27(1) 3.9973(19) 4.0510(19) 2.5946(9) 42.01(3) 0.96
47.59(6) 3.9884(23) 4.0458(23) 2.5905(11) 41.80(4) 0.94
49.87(13) 3.9824(24) 4.0417(25) 2.5874(12) 41.65(4) 1.05
52.16(12) 3.9712(22) 4.0406(22) 2.5834(12) 41.45(4) 1.03
54.38(10) 3.9629(24) 4.0362(25) 2.5801(12) 41.27(4) 1.00
56.40(6) 3.9530(28) 4.0345(29) 2.5763(14) 41.09(5) 0.97
58.51(301) 3.9444(27) 4.0331(28) 2.5727(15) 40.93(5) 0.97
62.63(12) 3.9267(24) 4.0282(25) 2.5654(13) 40.58(4) 0.95
64.64(1) 3.9181(25) 4.0262(26) 2.5620(14) 40.41(4) 0.97
66.59(341) 3.9082(28) 4.0240(30) 2.5597(15) 40.26(5) 0.95
66.96(343) 3.9056(27) 4.0233(29) 2.5584(15) 40.20(5) 0.95
70.99(23) 3.8937(31) 4.0186(31) 2.5520(17) 39.93(5) 0.97
72.89(375) 3.8880(31) 4.0131(31) 2.5505(17) 39.80(5) 1.00
Numbers in parentheses are standard errors on the last digit.
aWeighted R factor.
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7.3 EOS of Sintered Polycrystalline Stishovite
Typical diffraction patterns of stishovite and CaCl2-type SiO2 are shown in Figure 7.1. Fol-
lowing previous studies on the tetragonal-to-orthorhombic phase transition (Ono et al.,
2002; Nomura et al., 2010), we used the splitting of the 121 reflection to identify CaCl2-type
SiO2. Due to the continuous nature of the phase transition, the orthorhombic 121 and 211
reflections clearly separate only after an initial broadening of the joint peak corresponding
to the tetragonal 121 reflection (Fig. 7.1b). From the inspection of diffraction patterns
alone, we locate the phase transition between 40 and 50 GPa. As we would expect different
grains of the sintered material to be subjected to different stress conditions, we cannot ex-
clude that both tetragonal and orthorhombic structures coexist for a range of pressures as
observed by Nisr et al. (2017).
Unit cell edge lengths a, b, and c and unit cell volumes V are listed in Table 7.1 for
both stishovite and CaCl2-type SiO2. Their evolution with pressure is shown in Figure 7.2
together with results of compression experiments on single-crystal stishovite and silica pow-
der (Andrault et al., 2003). In their high-pressure powder diffraction experiments, Andrault
et al. (2003) used NaCl as pressure-transmitting medium and heated the silica powder with
an infrared laser to reduce nonhydrostatic stresses. We recalculated the experimental pres-
sures of Andrault et al. (2003) based on revised EOS for B2-structured NaCl and platinum
(Fei et al., 2007) as these standard materials were used for pressure determination in the
experiments of Andrault et al. (2003). The revised EOS from Fei et al. (2007) gave slightly
higher pressures for B2-structured NaCl than those reported by Andrault et al. (2003) with
a maximum difference of 1.4 GPa and lower pressures for platinum with a maximum differ-
ence of 9.3 GPa at the highest pressure. To better assess the effect of the stress environment
imposed by the pressure-transmitting medium, we also compare our results to compression
of stishovite powder in helium (Nisr et al., 2017).
While all three data sets are consistent around 10 GPa, sintered polycrystalline stishovite
is less compressible along the a axis leading to an increasing deviation of the a axis length
and the unit cell volume from those of stishovite powder up to the transition pressure.
Above the transition pressure, however, the orthorhombic a and b axes as well as the vol-
ume compression curve of the sintered polycrystalline material evolve in parallel to the
powder compression curves of Andrault et al. (2003) with increasing pressure. The c axes
of powdered and sintered polycrystalline stishovite and CaCl2-type SiO2 essentially follow
the same compression curve.
To extract quantitative information on the axial and volume compression behavior, we
analyzed axial and volume compression curves of sintered polycrystalline stishovite and
CaCl2-type SiO2 with third-order finite-strain EOS (Birch, 1947; Angel, 2000). For volume
compression, we have
P = (1+ 2 fE)
5/2

3K0 fE +
9
2
K0(K
′
0 − 4) f 2E

(7.1)
with the Eulerian finite volume strain fE = [(V0/V )2/3 − 1]/2, the unit cell volume V0, the
bulk modulus K0, and its pressure derivative K
′
0 at the chosen reference pressure, and for
linear compression
P = (1− 2Ei)5/2

−ki0Ei + 12ki0(k
′
i0 − 12)E2i

(7.2)
with the linear moduli ki0, their pressure derivatives k
′
i0, and the diagonal components of
the Eulerian finite-strain tensor Ei = [1−(ai0/ai)2]/2 (i = 1, 2, 3 for a, b, or c, respectively).
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Figure 7.2: Unit cell edge lengths (a,b) and unit cell volumes (c) of stishovite and CaCl2-type SiO2
as a function of pressure. Curves show finite-strain equations of state. Open symbols show data
excluded from analysis. Close to the tetragonal-orthorhombic phase transition, unit cell parameters
were refined for both symmetries. This study: sintered polycrystalline silica in neon; Nisr et al.
(2017): powder in helium; Andrault et al. (2003): powder in NaCl or without medium (single-crystal
data for P < 10 GPa).
Equation (7.1) was fit to the volume compression curves of stishovite and CaCl2-type SiO2
and equation (7.2) to the axial compression curves of stishovite. To avoid any bias caused
by a mixture of both phases, we excluded data between 40 and 50 GPa from the analysis.
Based on the variation of normalized stress with finite strains (Angel, 2000), we set k′30 = 12
for stishovite and K ′0 = 4 for CaCl2-type SiO2 implying a second-order finite-strain EOS. For
each phase, we chose the lowest pressure included in the analysis as the reference pressure
and, for comparison, extrapolated the results back to ambient pressure using the obtained
EOS parameters. The results are listed in Table 7.2.
To see the effect of the revised EOS for B2-structured NaCl and platinum (Fei et al., 2007)
on the EOS parameters, we reanalyzed the combined data set of single-crystal stishovite and
silica powder (Andrault et al., 2003). In contrast to the original EOS with K ′0 = 4.59(23)
for stishovite as reported by Andrault et al. (2003), we set K ′0 = 4 for both stishovite and
CaCl2-type SiO2 based on virtually constant normalized stresses for increasing finite strains
(Angel, 2000). Similarly, k′10 = k
′
30 = 12 were fixed in the analysis of axial compression
curves. For stishovite, we excluded data above 40 GPa to avoid any influence of the phase
transition on the derived EOS. The results are included in Table 7.2 together with the EOS
parameters for compression of stishovite in helium (Nisr et al., 2017).
A comparison of EOS parameters for stishovite in Table 7.2 shows that sintered poly-
crystalline stishovite has the highest bulk modulus at ambient conditions and also the
highest pressure derivative of the bulk modulus. Hence, sintered polycrystalline stishovite
is less compressible and stiffens faster with pressure than stishovite powder. The differ-
ences between the EOS for laser-annealed stishovite powder compressed in NaCl or with-
out pressure-transmitting medium (Andrault et al., 2003) and the EOS for stishovite pow-
der compressed in helium (Nisr et al., 2017) may arise from different stress environments
such as deviations from hydrostaticity imposed by the different pressure-transmitting me-
dia. Taking into account their uncertainties, both EOS for stishovite powder in Table 7.2 are
consistent with the range of bulk moduli and their pressure derivatives of earlier studies as
compiled by Fischer et al. (2018).
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Table 7.2: Refined equation of state parameters for stishovite and CaCl2-type SiO2
Sintered poly- Powdera Powderb
crystalline silica (& single crystal)
Medium Neon NaCl/none with Helium
laser annealing
Stishovite – P42/mnm
P0 (GPa)
c 9.67 0 0 0
V 0 (Å
3) 45.23(3) 46.43(10) 46.51(2) 46.569
K 0 (GPa) 401(15) 344(25) 320(2) 312(2)
K ′0 5.8(11) 6.0(11) 4 4.59
a0 (Å) 4.1319(8) 4.1737(27) 4.1767(8)
c0 (Å) 2.6498(2) 2.6667(4) 2.6666(3)
k10 (GPa) 1060(41) 867(44) 808(10)
k30 (GPa) 1584(15) 1467(15) 1459(17)
k ′10 19.3(31) 20.5(31) 12
k ′30 12 12.0(3) 12
CaCl2-type SiO2 – Pnnm
P0 (GPa)
c 52.16 0 62.99 0
V 0 (Å
3) 41.46(3) 48.22(44) 39.98(2) 47.54(18)
K 0 (GPa) 467(17) 241(18) 514(6) 238(6)
K ′0 4 4.72(4) 4 4.82(2)
Values in italics were fixed during refinement.
Numbers in parentheses are standard errors on the last digit.
aCompression data from Andrault et al. (2003);
single-crystal data in water-ethanol-methanol for P < 10 GPa.
bEquation of state from Nisr et al. (2017).
cReference pressure.
The finite-strain curves in Figure 7.2c reveal a kink in the volume compression curve
for sintered polycrystalline silica associated with a drop in the bulk modulus at the phase
transition. This behavior differs from the smooth volume variation observed for stishovite
powder. After initial stiffening, sintered polycrystalline silica becomes more compressible at
pressures above the phase transition to CaCl2-type SiO2. Our reanalysis of the EOS of silica
powder (Andrault et al., 2003) across the phase transition from stishovite to CaCl2-type
SiO2 reveals a small drop in bulk modulus at the phase transition as well. Except for the
unit cell volumes at ambient conditions, the EOS for CaCl2-type SiO2 powder and sintered
polycrystalline CaCl2-type SiO2 are identical within uncertainties.
In a powder, individual grains are free to distort and to adapt to the prevailing stress
environment. Laser annealing further stimulates the relaxation of nonhydrostatic stresses
(Andrault et al., 2003; Singh et al., 2012). The compression experiments on stishovite
powder by Andrault et al. (2003) and in helium by Nisr et al. (2017) therefore capture
the compression behavior of a mechanically relaxed material. In contrast, grain boundaries
are locked to each other in sintered polycrystalline stishovite. As a result, compression
of elastically anisotropic crystals with different orientations will inevitably lead to internal
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stresses as grains get clamped by their neighboring grains. The effect of clamping depends
on the number of grain-grain interactions. In comparison to previous studies (Shieh et
al., 2002; Andrault et al., 2003; Singh et al., 2012), the small grain size of the here-used
sample might therefore enhance stresses between grains. When grain sizes get substantially
smaller than in our polycrystalline stishovite sample, however, the elastic properties of grain
boundaries themselves significantly contribute to the overall elastic response (Marquardt et
al., 2011a; Marquardt et al., 2011b).
Mechanical clamping and the related internal stresses can change the elastic response
of sintered polycrystalline stishovite and give rise to elastic stiffening as observed here (Fig.
7.2). At the tetragonal-orthorhombic phase transition, the silica crystals gain an additional
degree of freedom due to the symmetry reduction and the related possibility to distort ac-
cordingly. By distorting, they adapt to their individual stress environments and partially
release the stresses accumulated during compression. As internal stresses relax, the extent
of mechanical clamping decreases, and the material becomes more compressible until inter-
nal stresses build up again due to further compression. We therefore attribute the stiffening
of sintered polycrystalline stishovite followed by the compressional softening at the phase
transition to CaCl2-type SiO2 to the build-up of internal stresses in sintered polycrystalline
stishovite and their partial relaxation at the phase transition.
7.4 Landau Theory Analysis
Further insight into the elastic behavior of sintered polycrystalline stishovite can be obtained
by an analysis of the spontaneous strains ei arising from the ferroelastic phase transition
(Carpenter and Salje, 1998; Carpenter, 2006). Here we follow the Landau theory approach
of Carpenter et al. (2000) with some small modifications. The Landau free energy expan-
sion for the pseudo-proper ferroelastic phase transition (Wadhawan, 1982) from tetragonal
stishovite to orthorhombic CaCl2-type SiO2 (P42/mnm 
 Pnnm) was given by Carpenter
et al. (2000) as
G =
1
2
a(P − Pc)Q2 + 14 bQ
4 +λ1(e1 + e2)Q
2 +λ2(e1 − e2)Q
+λ3e3Q
2 +λ4(e
2
4 − e25)Q+λ6e26Q2
+
1
4
(c011 + c
0
12)(e1 + e2)
2 +
1
4
(c011 − c012)(e1 − e2)2
+ c013(e1 + e2)e3 +
1
2
c033e
2
3 +
1
2
c044(e
2
4 + e
2
5) +
1
2
c066e
2
6
(7.3)
with the driving order parameter Q, the critical pressure Pc, the Landau coefficients a and b,
the coupling coefficients λ1–λ6, and the bare elastic constants c
0
i j. Due to coupling between
spontaneous strains and the driving order parameter, the structure distorts at a transition
pressure P∗c that is different from the critical pressure (Carpenter et al., 2000):
P∗c = Pc +
2λ22
a(c011 − c012) (7.4)
The order parameter evolves with pressure as (Carpenter et al., 2000)
Q2 =
a
b∗ (P
∗
c − P) (7.5)
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with the renormalized 4th-order coefficient
b∗ = b− 2

λ23(c
0
11 + c
0
12) + 2λ
2
1c
0
33 − 4λ1λ3c013
c033(c
0
11 + c
0
12)− 2c0132

(7.6)
Following the steps laid out by Carpenter and Salje (1998), we find for the symmetry-
adapted spontaneous strains that arise from the tetragonal-orthorhombic phase transition:
(e1 + e2) =

2λ3c
0
13 − 2λ1c033
c033(c
0
11 + c
0
12)− 2c0132

Q2 (7.7)
(e1 − e2) =
 −2λ2
c011 − c012

Q (7.8)
e3 =

2λ1c
0
13 −λ3(c011 + c012)
c033(c
0
11 + c
0
12)− 2c0132

Q2 (7.9)
These expressions are identical to those given by Carpenter (2006) except for a typo cor-
rection of c033 to c
0
13 in the numerator of the formula for e3. By symmetry, e4 = e5 = e6 = 0
in mechanical equilibrium. It can be seen from equation (7.3), however, that any imposed
strain along the crystal axes or shear strain within the a-b plane may displace the transition
pressure from its value under mechanical equilibrium. Non-equilibrium strains may arise
from nonhydrostatic compression or from stresses due to grain-grain interactions. Further
definitions and equations can be found in Carpenter et al. (2000), including the expressions
for the variation of individual elastic constants across the phase transition.
Previous analyses of the elastic behavior across the ferroelastic phase transition of
stishovite to CaCl2-type SiO2 assumed a linear pressure dependence of bare elastic con-
stants (Carpenter et al., 2000; Carpenter, 2006). In contrast, we express the variation of
bare elastic constants in terms of finite strain for a self-consistent treatment of thermody-
namic quantities at high pressures (Stixrude and Lithgow-Bertelloni, 2005):
c0i jkl = (1+ 2 fE)
5/2

c0i jkl0 + (3K0c
0′
i jkl0 − 5c0i jkl0) fE
+

6K0c
0′
i jkl0 − 14c0i jkl0 − 32K0δ
i j
kl(3K
′
0 − 16)

f 2E
 (7.10)
where c0i jkl0 and c
0′
i jkl0 are the bare elastic constants and their pressure derivatives at ambi-
ent conditions in full index notation, respectively, and δi jkl = −δi jδkl − δilδ jk − δ jlδik. To
keep equation (7.10) internally consistent, the bulk modulus is calculated from the elas-
tic constants as the Voigt bound K0 = c0iikk0/9 and accordingly K
′
0 = c
0′
iikk0/9 (Stixrude and
Lithgow-Bertelloni, 2005). The actual elastic response of a polycrystalline material depends
on the extent to which individual grains can adapt to the external stress field (Hill, 1952;
Watt et al., 1976). The Reuss bound would be appropriate if every grain experiences the
same stress field and can freely deform according to its orientation relative to the stress ten-
sor. In contrast, the Voigt bound applies when grains are mechanically clamped and forced
into an overall strain state. For quasi-hydrostatic compression of sintered polycrystalline
stishovite, the Voigt bound might appear to be more appropriate. We note, however, that
we used equation (7.10) merely to describe the dependence of elastic constants on finite
volume strain.
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7.4 Landau Theory Analysis
The elastic constants of stishovite and their pressure derivatives have previously been de-
termined by Brillouin spectroscopy (Weidner et al., 1982; Brazhkin et al., 2005; Jiang et al.,
2009) and computed from first principles (Karki et al., 1997a; Yang and Wu, 2014). Since
the experimentally determined elastic constants c11 and c12 (in contracted index notation)
are affected by elastic softening even at pressures below the phase transition (Carpenter et
al., 2000; Jiang et al., 2009), the corresponding bare elastic constants at ambient conditions
(P = 0) were calculated by combining the two relations (Carpenter et al., 2000)
c0110 + c
0
120 = c110 + c120 (7.11)
c0110 − c0120 = (c110 − c120) PcP∗c (7.12)
Linking equations (7.4)–(7.12) to the EOS (7.1) of stishovite (Table 7.2), the sponta-
neous strains can be calculated as a function of finite strain, i.e. volume. Our approach is
similar to previous formulations based on the Lagrangian definition of strain (Tröster et al.,
2002; Tröster et al., 2014). The Landau and coupling coefficients can be obtained by a
least-squares fit of calculated to experimentally observed spontaneous strains. We used the
unit cell edge lengths for CaCl2-type SiO2 at pressures above 50 GPa (Table 7.1) to derive
spontaneous strains as (Carpenter et al., 2000)
e1 =
a− a0
a0
(7.13)
e2 =
b− a0
a0
(7.14)
e3 =
c − c0
c0
(7.15)
where the unit cell edge lengths of stishovite, a0 and c0, were extrapolated to the experimen-
tal pressures using the respective axial EOS (7.2) (Table 7.2). Including the EOS analysis
described in section 7.3, we treated the combined data set of single-crystal stishovite and
silica powder (Andrault et al., 2003) in the same way. The spontaneous strains calculated
from both data sets are shown in Figure 7.3.
As mentioned in section 7.3, the splitting of diffraction lines gives only a rough estimate
for the transition pressure (Fig. 7.1). The transition pressure can be precisely located by
observing structural properties that are directly linked to the transition mechanism such as
the frequency of the soft optic mode (Kingma et al., 1995; Carpenter et al., 2000). The
symmetry-breaking spontaneous strain (e1−e2) reflects the main structural distortion of the
phase transition. (e1 − e2)2 should increase linearly with pressure, and the intersection of
the linear trend with the pressure axis at zero spontaneous strain gives a reliable estimate
of the transition pressure (Carpenter et al., 2000).
The symmetry-breaking spontaneous strains observed on sintered polycrystalline CaCl2-
type SiO2 follow the behavior predicted by Landau theory (Fig. 7.3a). Figure 7.3a
shows that the transition pressures of sintered polycrystalline stishovite (44.7±2.9 GPa) and
stishovite powder (48.3±1.7 GPa) are almost identical when considering their uncertainties
as derived from the linear fits. Moreover, spontaneous strains observed on sintered poly-
crystalline CaCl2-type SiO2 are consistent with the spontaneous strains of CaCl2-type SiO2
powder at pressures close to the phase transition. Both Singh et al. (2012) and Asahara
et al. (2013) observed the phase transition at substantially lower pressures upon nonhy-
drostatic compression (Fig. 7.3a). We therefore conclude that our experiments were not
strongly affected by nonhydrostatic compression.
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Figure 7.3: Spontaneous strains in orthorhombic CaCl2-type SiO2 as a function of pressure (a)
and unit cell volume (b). In a), the intersection of the extrapolated squared symmetry-breaking
strains (e1− e2)2 with the pressure axis gives the indicated transition pressures. In b), curves
show spontaneous strains predicted by Landau theory. Open symbols show data excluded from
analysis. This study: sintered polycrystalline silica; Andrault et al. (2003): powder; Asahara et al.
(2013): sintered polycrystalline silica (nonhydrostatic).
To determine all relevant coefficients of equation (7.3) by least-squares fits of calculated
to experimentally observed spontaneous strains, we fixed the transition pressures to the
values derived from Figure 7.3a. To reduce correlations between parameters, we further
fixed the difference between the critical pressure and the transition pressure to the value
given by Carpenter et al. (2000), i.e. Pc − P∗c = 50.7 GPa, and set b = 11 (Carpenter et al.,
2000; Carpenter, 2006). Since the pressure derivatives of the bare elastic constants c0110
and c0120 should be affected by elastic softening (Jiang et al., 2009) but cannot be simply
obtained by combining the experimentally observed pressure derivatives, we fixed c0′110 = 4.9
to the value given by Jiang et al. (2009) and treated c0′120 as free parameter during the fitting
procedure. Due to the limited pressure range of spontaneous strains observed on sintered
polycrystalline CaCl2-type SiO2, however, c
0′
120 was fixed to the value obtained by fitting the
spontaneous strains of CaCl2-type SiO2 powder. All other relevant elastic constants and
pressure derivatives were also fixed to their experimentally determined values (Jiang et al.,
2009). Table 7.3 lists the final combinations of coefficients, and the predicted evolution of
spontaneous strains is shown in Figure 7.3b. We note that our approach to derive Landau
and coupling coefficients relies on a minimum of assumptions and is internally consistent.
7.5 Elasticity of Stishovite across the Ferroelastic Phase
Transition
The variation of individual elastic constants with pressure as calculated using the expres-
sions given by Carpenter et al. (2000) and the parameters of Table 7.3 is shown in Figure
7.4a. Besides the small difference in transition pressures, the elastic constants predicted for
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Table 7.3: Refined Landau coefficients, coupling coefficients, and bare elastic constants for the
stishovite–CaCl2-type SiO2 phase transition
Sintered poly- Powdera
crystalline silica
Landau and coupling coefficients
Pc−P∗c (GPa)b 50.7(50) 50.7(50)
P∗c (GPa)
c 44.7(29) 48.3(17)
a −0.0342(40) −0.0510(67)
b (GPa) 11 11
λ1 (GPa) 31.39(89) 8.52(100)
λ2 (GPa) 22.86(32) 27.59(104)
λ3 (GPa) 44.74(99) 33.45(139)
Bare elastic constantsd
c0110 (GPa) 600(24) 589(17)
c0120 (GPa) 54(24) 65(17)
c0′120 2.8(3) 2.8(3)
Values in italics were fixed during refinement.
Numbers in parentheses are standard errors
on the last digit.
aCompression data from Andrault et al. (2003).
bFrom Carpenter et al. (2000).
cFrom linear fits in Figure 7.3a.
dAll remaining elastic constants and pressure
derivatives as given in Jiang et al. (2009).
sintered polycrystalline stishovite and CaCl2-type SiO2 are more perturbed at the phase tran-
sition when compared to the predictions for silica powder. Another fundamental difference
becomes apparent when combining individual elastic constants to bulk and shear moduli
(Figs. 7.4b and 7.4c). Similar to previous results (Carpenter et al., 2000), Landau theory
predicts substantial softening of the shear modulus in the vicinity of the phase transition for
both sintered polycrystalline stishovite and stishovite powder (Fig. 7.4b). While the powder
data suggest only a small drop of the bulk modulus at the phase transition, however, the
bulk modulus is predicted to drop significantly in the case of sintered polycrystalline silica
(Fig. 7.4c). We note that this prediction is based on the analysis of spontaneous strains only
and does not involve volume compression data. The analysis of volume compression data,
however, indicated a kink in the compression curves and hence a drop in the bulk modulus
as well (Fig. 7.2c).
The bulk moduli of stishovite and CaCl2-type SiO2 as calculated from the respective EOS
are also shown in Figure 7.4c. For stishovite powder, the Landau theory prediction remains
closer to the EOS bulk modulus when compared to sintered polycrystalline stishovite. The
bulk moduli derived from the compression curves of sintered polycrystalline stishovite and
CaCl2-type SiO2 are substantially higher than the Landau theory prediction. These differ-
ences arise from the low pressure derivative of the bulk modulus when computed from the
pressure derivatives of individual elastic constants, K ′0 = c
0′
iikk0/9 = 3.0(1), in comparison
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Figure 7.4: Pressure evolution of elastic constants (a), shear modulus (b), and bulk modulus (c)
of stishovite and CaCl2-type SiO2 across the ferroelastic phase transition as predicted by Landau
theory (a,b,c) and calculated from the equations of state (EOS) (c). In b) and c), the shading indi-
cates Voigt (upper) and Reuss (lower) bounds on the respective modulus while bold curves show
the Voigt-Reuss-Hill average. In c), vertical bars show the magnitudes of the drop in bulk mod-
ulus of sintered polycrystalline silica at the phase transition as estimated by Landau theory (LT),
from the EOS, and by linear fits (LF) to pressure-volume pairs. Note the differences in pressure
derivatives of the bulk moduli as derived from compression experiments and predicted by Landau
theory. spx: sintered polycrystalline silica (this study); powder: compression data from Andrault
et al. (2003).
to K ′0 = 4 to 6 as derived from compression experiments (Table 7.2). Landau theory pre-
dicts the evolution of individual elastic constants of a (isolated) single crystal but does not
capture the interactions between grains that cause the initial stiffening observed in the com-
pression curves. The magnitudes of the drops in bulk moduli, however, are very similar to
the magnitudes predicted based on single-crystal elastic constants and spontaneous strains.
To estimate the drop in bulk modulus independent of any assumption, we derived the bulk
moduli of sintered polycrystalline stishovite and CaCl2-type SiO2 close to the phase transi-
tion by fitting a linear trend to the three pressure-volume pairs of each phase closest to the
transition pressure but outside of the potential two-phase region. The resulting drop in bulk
modulus is approximately half of the drop inferred from the EOS but still amounts to about
70 GPa (Fig. 7.4c). We attribute the high absolute values and the acute drop of the bulk
modulus at the phase transition to grain-grain interactions in sintered polycrystalline silica,
potentially arising from locked grain boundaries, and to the partial relaxation of internal
stresses at the phase transition, respectively.
7.6 Sound Wave Velocities of Stishovite and Geophysical
Implications
To calculate aggregate sound wave velocities, we combined bulk moduli and densities from
the experimental EOS of sintered polycrystalline silica and silica powder with shear moduli
predicted by Landau theory. The calculated aggregate sound wave velocities are shown
as a function of pressure in Figure 7.5. Apart from slightly different transition pressures,
shear wave (S wave) velocities predicted based on our results on sintered polycrystalline
silica and on previous studies on silica powder are consistent, including the magnitude and
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Figure 7.5: Pressure evolution of S wave (a) and P wave velocity (b) of stishovite and CaCl2-type
SiO2 across the ferroelastic phase transition. The shading indicates upper and lower bounds on
the respective velocity calculated from the Voigt and Reuss bounds on the shear modulus, re-
spectively, and the uncertainties of the EOS parameters. Bold curves show the aggregate velocity
calculated from the Voigt-Reuss-Hill average of the shear modulus and the EOS bulk modulus.
Horizontal bars indicate the pressure ranges covered by the respective compression experiments.
spx: sintered polycrystalline silica (this study); powder: compression data from Andrault et al.
(2003).
pressure range of shear wave softening (Fig. 7.5a). Our predictions based on compression
experiments and Landau theory are also consistent with recent ab initio computations (Yang
and Wu, 2014).
Predicted compressional wave (P wave) velocities, however, evolve differently with in-
creasing pressure when using the results on sintered polycrystalline silica instead of those
on silica powder (Fig. 7.5b). At pressures below the phase transition, P wave velocities are
predicted to be faster and to rise steeper with increasing pressure reflecting the initial stiff-
ening of sintered polycrystalline stishovite on compression (Fig. 7.2c). In addition to the
softening of the shear modulus close to the phase transition, the compression curves in Fig-
ure 7.2c indicate a sharp drop of the bulk modulus at the phase transition (Fig. 7.4c). This
sharp drop of the bulk modulus translates into an abrupt drop in P wave velocities, which
is enhanced by the use of the EOS for sintered polycrystalline silica. At pressures above the
phase transition, P wave velocities rise again as the softening declines and evolve similarly at
higher pressures regardless of whether the compression behavior of sintered polycrystalline
CaCl2-type SiO2 or CaCl2-type SiO2 powder is considered. At pressures above the phase
transition, P wave velocities as predicted here by combining experimental EOS with Landau
theory are in very good agreement with P wave velocities computed from first principles
(Yang and Wu, 2014).
We can think of a powder as representing a completely relaxed rock without interactions
between grains and internal stresses. Such a situation would be favored by high temper-
atures and on long time scales. A sintered polycrystalline material, in contrast, represents
a situation without relaxation and hence involves the build-up of internal stresses between
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elastically anisotropic grains in response to a changing external stress field. At tempera-
tures of Earth’s lower mantle, such a relaxation-free situation can only be maintained on
very short time scales and after fast perturbations of the stress environment. Relaxation
processes such as grain boundary movements, dislocation movements, and atomic diffusion
operate on different time scales that depend on temperature (Jackson, 2007). Typical seis-
mic frequencies (1 mHz to 1 Hz) might be high enough to probe a situation in between the
totally relaxed and totally unrelaxed situations (Jackson, 2007). Grain sizes are expected
to be larger in the lower mantle than in experimental samples (Solomatov et al., 2002).
Differences in grain size might require additional corrections on sound wave velocities de-
rived from experiments (Jackson, 2007). In terms of elastic interactions between grains,
however, the elastic properties of a sintered polycrystalline material and an unconsolidated
powder may serve as bounds for the propagation of seismic waves.
Taking the sound wave velocities as predicted based on the compression behavior of sin-
tered polycrystalline silica and silica powder as bounds for seismic velocities, we speculate
that P wave velocities of stishovite-bearing rocks might drop substantially at the ferroelastic
phase transition of stishovite. In addition to elastic softening in the vicinity of the ferroe-
lastic phase transition, P wave velocities might be further decreased by the relaxation of
internal stresses at the phase transition as indicated by the compression curve of sintered
polycrystalline stishovite (Fig. 7.2c). Above the phase transition, the similar EOS of sintered
polycrystalline CaCl2-type SiO2 and CaCl2-type SiO2 powder suggest a decreasing difference
in the elastic response of both materials with increasing pressure as reflected in similar sound
wave velocities (Fig. 7.5). However, partial build-up and relaxation of internal stresses dur-
ing the passage of a seismic wave might perturb the elastic response of stishovite-bearing
rocks close to the ferroelastic phase transition beyond what would be expected based on a
completely relaxed situation.
The results of our compression experiment on sintered polycrystalline stishovite and the
analysis using Landau theory may have implications for detecting stishovite-bearing mate-
rials in Earth’s lower mantle. At depths greater than 700 km, stishovite would contribute
with 10 to 20 vol-% to the mineral assemblage of subducted oceanic crust with a MORB-
like composition (Hirose et al., 1999; Perrillat et al., 2006; Ricolleau et al., 2010). Rocks
with much higher volume fractions of silica phases would be expected to be dispersed in
the lower mantle if silica exsolved from the outer core (Hirose et al., 2017; Helffrich et al.,
2018). The high viscosity of stishovite prevents stishovite-bearing rocks from mixing with
the surrounding mantle (Xu et al., 2017). Scattering of S waves in the lower mantle has been
related to the presence of stishovite based on low S wave velocities predicted for stishovite
at conditions close to the ferroelastic phase transition (Kaneshima and Helffrich, 2010; Helf-
frich et al., 2018). Our findings, however, emphasize the importance of P waves since they
might be affected by the phase transition in stishovite more than previously thought. P
waves are indeed reflected and scattered in the lower mantle (LeStunff et al., 1995; Hedlin
et al., 1997). To relate seismic scattering in the lower mantle to the presence of stishovite,
a more complete understanding of how the ferroelastic phase transition interacts with seis-
mic waves is needed. Recently, the bulk modulus of ferropericlase has been determined at
seismic frequencies and pressures of the lower mantle (Marquardt et al., 2018). Similar
experiments on sintered polycrystalline silica could demonstrate to which extent the bulk
modulus is affected by the ferroelastic phase transition at seismic frequencies. In particular,
anelastic relaxation processes and acoustic attenuation (Carpenter et al., 2000; Jackson,
2007) as well as effects arising from internal stresses in sintered polycrystalline materials as
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pointed out in the present study require measurements at seismic frequencies and at high
pressures and high temperatures.
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A.1 The Equation of State of Wadsleyite Solid Solutions:
Constraining the Effects of Anisotropy and Crystal
Chemistry
A.1.1 Supplementary Methods
Analysis of Mössbauer Spectrum
To determine the ferric iron content of the wadsleyite sample, the recorded Mössbauer spec-
trum was fit to doublets of Lorentzian peaks using the program MossA (Prescher et al.,
2012). We tested five different fitting models based on previous Mössbauer spectral analy-
ses of wadsleyite (Mrosko et al., 2015; Kawazoe et al., 2016). For all models, conventional
constraints for quadrupole doublets were applied (equal component widths and areas), with
some additional constraints in some of the models: (1) two doublets in the thin approxi-
mation, one Fe2+ and one Fe3+, constrained to have the same full width at half maximum
(FWHM); (2) three doublets in the thin approximation, one Fe2+ and two Fe3+, with Fe3+
doublets constrained to have the same FWHM; (3) three doublets in the thin approxima-
tion, two Fe2+ and one Fe3+; (4) three doublets in the thin approximation, two Fe2+ and
one Fe3+, with Fe2+ doublets constrained to have the same FWHM; and (5) model 3, but fit
with the full transmission integral. We prefer model 4 (Appendix Fig. A.1, Appendix Table
A.2) with Fe3+/ΣFe = 0.15(3). However, in terms of the ferric iron content, all models are
indistinguishable within experimental uncertainty.
Fourier-Transform Infrared Absorption Spectroscopy
Polarized and unpolarized infrared absorption spectra were recorded with a Bruker IFS 120
HR Fourier-transform infrared (FTIR) spectrometer in a spectral range from 2500 cm−1 to
4000 cm−1 and with a resolution of 4 cm−1. The light from a tungsten lamp passed through
a Michelson interferometer with a Si-coated CaF2 beam splitter and was directed onto the
single-crystal thin sections with an infrared microscope working with reflecting (Cassegra-
nian) optics. A liquid nitrogen cooled MCT detector recorded the light transmitted through
the specimen. For polarized spectra, an infrared polarizer consisting of an aluminum grat-
ing coated on KRS-5 substrate was inserted into the light path just before the sample. The
spectrometer optics were constantly purged with purified H2O and CO2 free air. 200 scans
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were accumulated for each spectrum. The thin sections were laid onto a CaF2 plate and
immersed in polychlorotrifluoroethylene oil to reduce the amplitude of interference fringes
resulting from internal reflections on the polished sample surfaces.
Analysis of Infrared Absorption Spectra and Calculation of Hydrogen Concentrations
For each crystal, we selected the spectrum less affected by interference fringes. Arising from
different aperture sizes and other effects (interference, scattering, etc.), apparent back-
ground absorption was corrected for by subtracting a manually adjusted spline function.
Close to absorption bands, however, we kept the background shape as simple as possible
not to distort peak shapes by an uncertain extrapolation of interference fringes. A series
of Gaussian functions was used to model the absorption bands. The low frequency band
around 3330 cm−1 was fit to two peaks located at 3333±3 cm−1 and 3343±6 cm−1 and the
high frequency band around 3600 cm−1 to two peaks at 3597±2 cm−1 and 3614±1 cm−1.
These frequencies are similar to those observed by previous FTIR studies on wadsleyite (Ja-
cobsen et al., 2005; Deon et al., 2010; Bolfan-Casanova et al., 2012). For most spectra,
an additional peak between 3449 cm−1 and 3484 cm−1 was introduced to model a weak
rise in absorption at intermediate frequencies, sometimes only present as a shoulder on the
strong low frequency band. In our spectra, this weak feature could equally be a remnant
of interference fringes. An absorption band around 3500 cm−1 has been attributed to the
coupled substitution of Fe3+ and H+ for Si4+ in wadsleyite (Bolfan-Casanova et al., 2012;
Smyth et al., 2014; Kawazoe et al., 2016). Appendix Figure A.3 illustrates the band analysis
procedure.
From the areas beneath individual Gaussian curves, area-weighted mean wave numbers
<v> were calculated as described by Libowitzky and Rossman (1997) and the areas merged
for each absorption band. The integrated absorbance AINT of each band was converted to a
volume concentration of H2O equivalents using the wave number-dependent molar absorp-
tion coefficient for hydroxyl groups in minerals given by Libowitzky and Rossman (1997).
We also applied the wadsleyite-specific molar absorption coefficient determined by Deon
et al. (2010) and found agreement between both calibrations in terms of total hydrogen
concentrations. For comparison with earlier work (Kohlstedt et al., 1996; Jacobsen et al.,
2005), the background corrected spectrum was scaled with the wave number-dependent
molar absorption coefficient for hydroxyl groups as calibrated by Paterson (1982) and the
resulting curve integrated in intervals spanning the range of wave numbers where infrared
absorption by hydroxyl groups has been reported for wadsleyite. This procedure again re-
sults in a volume concentration of H2O equivalents for each spectral interval. The analysis
was carried out for unpolarized spectra as well as for polarized spectra recorded at the same
spot on the crystal. The results are summarized in Appendix Table A.4.
Following the ideas of Libowitzky and Rossman (1996), the total absorbance ATOT for
an absorption band can be obtained from polarized measurements on three mutually per-
pendicular crystal sections. In the following, we show how the polarized spectra acquired
on the two sections cut parallel to the (120) and (243) planes can be combined to a total
absorbance for each section. The relations between relevant crystallographic planes and
directions are illustrated in the stereographic projection of Appendix Figure A.4. For the
section parallel to (120), n′(120) ‖ c and n′′(120) ‖ [−210]. [−210] makes an angle close to
45◦ to both the a and b axis. Hence, any pair of equivalent directions <210> will en-
close an angle close to 90◦. Therefore, the spectra collected with the electric field vector
E ‖ n′(120) ‖ c and E ‖ n′′(120) ‖ [−120] suffice to model the absorbance in three nearly per-
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pendicular planes, e.g. (120), (−120), and (001), and to calculate the total absorbance
(Appendix Table A.4). For the (243) section, we located the vibration directions n′(243) and
n′′(243) with the refractive indices at 589 nm reported by Sinogeikin et al. (1998) neglecting
optical dispersion (Appendix Fig. A.4). In a next step, we calculated the absorbances for
two perpendicular directions lying within (243), one of them points along [−210], the other
one lies in the (−120) plane. With the arguments made above for the (120) plane and the
[−210] direction (and their symmetry equivalents {120} and <120>), the absorbance for
E ‖ c can be estimated. Again, the calculated absorbances along [−210] and along the c
axis can be combined to the total absorbance (Appendix Table A.4).
Data Set for the Equation of State of Wadsleyite Solid Solutions
Chemical Compositions. In some studies, the ferric iron content of the iron-bearing wad-
sleyite sample was not determined or reported precluding calculation of the Fe3O4 compo-
nent. The iron-bearing wadsleyites of Hazen et al. (1990), Finger et al. (1993), and Hazen
et al. (2000a), however, were all synthesized in rhenium capsules at similar temperatures
(Finger et al., 1993) suggesting similar oxygen fugacities. Therefore, we adopt the ratio
Fe3+/ΣFe = z = 0.08 determined on the sample with x = 0.16 by Fei et al. (1992) for the
whole suite of samples studied by Hazen et al. (1990), Finger et al. (1993), and Hazen et
al. (2000a) except for the sample with x = 0.395 (Finger et al., 1993). For the wadsleyite
sample of Smyth et al. (1997), the ferric iron content, Fe3+/ΣFe = 0.96(5), was determined
later by McCammon et al. (2004) and shifts the composition slightly out of the quaternary
system with a maximum ratio of 2/3, i. e. as in Fe3O4.
Hydrogen contents were adopted as stated in the original publications even if hydro-
gen contents on the same or a similar wadsleyite sample were later redetermined with a
different technique (Jacobsen et al., 2005; Mao et al., 2008b; Mao et al., 2011; Chang
et al., 2015). This conservative approach retains the spread in estimated hydrogen con-
tents resulting from the use of different methods and calibrations such as the unit cell axis
ratio b/a as obtained by single-crystal X-ray diffraction (Jacobsen et al., 2005), or direct
measurements by secondary ion mass spectrometry (SIMS), Fourier-transform infrared ab-
sorption spectroscopy (FTIR) (Paterson, 1982; Libowitzky and Rossman, 1997; Deon et al.,
2010), nuclear magnetic resonance (Kleppe et al., 2001), and neutron diffraction (Purevjav
et al., 2016). When stated as H2O wt-%, we converted hydrogen contents to H2O molecular
equivalents per formula unit taking into account the iron content and molar mass of the
respective wadsleyite sample. Hydrogen contents stated as H2O wt-% are strictly compara-
ble only among samples with similar iron contents. For example, the hydrogen content for
the hydrous wadsleyite sample (Mg1.75SiH0.5O4) studied by Kudoh et al. (1996), Yusa and
Inoue (1997), Kudoh and Inoue (1998), and Kudoh and Inoue (1999) of 2.5(3) wt-% H2O
(Inoue et al., 1995; Yusa and Inoue, 1997) translates to y = 0.1894(187).
Unit Cell Volumes. End member unit cell volumes were obtained by fitting equation
(4.5) to the unit cell volumes listed in Appendix Table A.6 and unit cell volumes for different
spinelloid III compositions (Table 4 in Woodland and Angel, 2000; Table 2 in Woodland et
al., 2012). Unit cell volumes that deviate significantly from any compositional trend were
excluded from the fit. Excluding, in addition, unit cell volumes for which the hydrogen
concentration was estimated using the b/a axis ratio (Jacobsen et al., 2005), and hence
not determined directly, changed only slightly the estimate of the unit cell volume for the
MgH2SiO4 end member to Vhywa0 = 546.3(24)Å3 while leaving the other end member unit
cell volumes unchanged. Excluding from the fit the unit cell volume of the oxidized sample
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of Smyth et al. (1997) that falls slightly outside the quaternary system had no effect on the
end member unit cell volumes.
Bulk and Linear Moduli. When reanalyzing volume and linear compression curves with
second-order Birch-Murnaghan (BM-2) equations of state (EOS) (eqns. (4.1) and (4.2)),
we treated unit cell volumes and unit cell edge lengths at ambient conditions as free param-
eters. We calculated Voigt and Reuss bounds on the bulk modulus using the linear moduli
obtained from the reanalysis of experimental axial compression curves (eqn. (4.3)). All re-
sults are compiled in Appendix Table A.7 together with references to the compression curves
shown in Appendix Figure A.7. This uniform analysis procedure removes differences in EOS
parameters arising from different parametrization schemes.
In the case of studies using dynamic methods, we selected adiabatic elastic constants and
moduli determined at ambient conditions, when available, as they should not be affected by
the choice of the EOS. When the ambient conditions moduli were not listed or determined,
we relied on the moduli as extracted from the EOS analysis without correcting for the EOS
order. For the conversion of adiabatic elastic constants and moduli to isothermal quantities,
we assumed the Grüneisen tensor to be isotropic γi = γ (i = 1, 2, 3) (Stixrude and Lithgow-
Bertelloni, 2005; Stixrude and Lithgow-Bertelloni, 2011) and calculated the isochoric heat
capacity CV using a Debye model as described in Ita and Stixrude (1992) and Stixrude and
Lithgow-Bertelloni (2005) with Grüneisen parameters γ and other thermodynamic quanti-
ties given in Stixrude and Lithgow-Bertelloni (2011).
For Brillouin spectroscopy studies, we converted individual adiabatic elastic constants
ci jS to isothermal constants ci jT by applying the relation ci jT = ci jS − γiγ jTCV/V (Wehner
and Klein, 1971; Davies, 1974). From the isothermal single-crystal elastic constants, we
calculated isothermal linear moduli kRi = 1/(si1+si2+si3) in the Reuss bound and isothermal
bulk moduli in both the Reuss and Voigt bound (eqn. (4.3)). Ultrasonic interferometry and
resonant ultrasound spectroscopy have been used to characterize the elasticity of wadsleyite
polycrystals to directly determine aggregate bulk and shear moduli (e. g. Gwanmesia et
al., 1990; Li et al., 1996; Katsura et al., 2001; Isaak et al., 2007). Since the stress states
of individual grains during these measurements are unclear, polycrystal moduli cannot be
easily related or converted to Voigt and Reuss bounds. Adiabatic bulk moduli were converted
to isothermal bulk moduli using the relation KT = KS−γ2TCV/V with the same thermoelastic
parameters and formulation as for single-crystal elastic constants (Stixrude and Lithgow-
Bertelloni, 2005; Stixrude and Lithgow-Bertelloni, 2011). For the bulk modulus and typical
wadsleyite compositions, this correction amounts to about 1.3 GPa.
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A.1.2 Supplementary Figures
Figure A.1: Mössbauer spectrum of wadsleyite powder. The deconvolution according to model
4 (Appendix Table A.2) includes two doublets for Fe2+ and one doublet for Fe3+. The extra Fe2+
doublet may arise from variations in the next-nearest neighbor environment of Fe2+ due to solid
solution effects.
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Figure A.2: Polarized and unpolarized FTIR absorption spectra for the crystal sections cut par-
allel to the a) (243) and b) (120) plane. The prominent absorption bands around 3340 cm−1
and 3600 cm−1 arise from structurally bonded hydroxyl groups in wadsleyite. Both bands show
pleochroism. Note also the weak absorption feature around 3500 cm−1. (Spectra vertically offset
for clarity).
Figure A.3: Background correction and deconvolution for the spectrum with E || c recorded on the
section cut parallel to (120). a) Raw spectrum, b) background, c) background-corrected spec-
trum, d) individual peaks grouped to bands at 3340 cm−1, 3450 cm−1, and 3605 cm−1, e) residual
absorption. (Components vertically offset for clarity).
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Figure A.4: Stereographic projection (lower hemisphere) illustrating the orientation relationships
between the two crystal sections (thick lines; poles: solid circles), their optical vibration directions
(n′ and n′′), and the compression direction of the diamond anvil cell (black arrows). For each
section, the symmetry equivalents {243} and {120} are shown (thin lines; poles: open circles).
Figure A.5: Relative differences in volume and unit cell edge lengths between the two crystals as
a function of pressure. Note the diverging trends for pressures above 12 GPa that might point to
the presence of deviatoric stresses.
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Figure A.6: Normalized pressure as a function of Eulerian finite strain (F -f plot). The black line
was drawn according to the combined third-order Birch-Murnaghan EOS (Table 4.2).
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Figure A.7: a,b) Volume and c,d) linear compression curves for a,c) iron-bearing and b,d) hydrous
wadsleyites. See Appendix Table A.7 for references and compositions. Lines show second-order
Birch-Murnaghan EOS curves.
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Figure A.8: Isothermal linear moduli for wadsleyite as a function of a) Fe/(Mg+Fe) and b) H2O
molecular equivalents per formula unit. See Appendix Table A.7 for references. Contours were
calculated from the three-end-member model (Table 4.3) and range from 0 wt-% H2O to 3 wt-%
H2O in steps of 0.5 wt-% H2O in a) and from Fe/(Mg+Fe) = 0 to 1 in steps of 0.2 in b). In a), compo-
sitions spread vertically for different hydrogen and ferric iron contents. In b), compositions spread
vertically for different iron (ferrous and ferric) contents. Solid arrows indicate the composition of the
present study. Data points with open symbols were not included in the multi-end-member analysis.
HP-XRD high-pressure X-ray diffraction, BS Brillouin spectroscopy.
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A.1.3 Supplementary Tables
Table A.1: Electron microprobe analysis
Oxide wt-% Atoms per 4 oxygens
SiO2 41.3(2) Si 1.020(6)
Al2O3 0.03(1) Al 0.0009(3)
FeO 10.6(2) Fe 0.219(4)
MnO 0.13(3) Mn 0.0027(6)
MgO 47.0(3) Mg 1.73(1)
CaO 0.007(6) Ca 0.0002(2)
NiO 0.37(4) Ni 0.0073(8)
Total 99.4(4) Total 2.98(2)
Fe/(Mg+Fe) 0.112(2)
Ma/Si 1.92(1)
aM = Al+Fe+Mn+Mg+Ca+Ni.
Table A.2: Hyperfine parameters from room temperature Mössbauer spectrum
CSa QSb FWHMc Ad
χ2 = 1.14 (mm s−1) (mm s−1) (mm s−1) (%)
Doublet 1: Fe2+ 1.08(1) 2.60(3) 0.80(4) 77(3)
Doublet 2: Fe2+ 1.04(10) 1.2(2) 0.80(4) 8(2)
Doublet 3: Fe3+ 0.23(6) 1.23(13) 0.8(2) 15(3)
aCenter shift relative to α-Fe.
bQuadrupole splitting.
cFull width at half maximum.
dArea fraction.
Table A.3: Calculated second-order Birch-Murnaghan equation of state parameters for
wadsleyite end members (Voigt model)
End member Volume Isothermal bulk and linear moduli
V 0 (Å
3) K 0 (GPa) k10 (GPa) k20 (GPa) k30 (GPa) K
R a
0 (GPa)
Three-end-member model
Mg2SiO4 538.5(2) 169(2) 577(10) 594(8) 403(7) 169(2)
Fe2SiO4 569.6(3) 193(17) 700(74) 682(58) 474(57) 200(13)
MgH2SiO4 547.5(19) 49(18) 183(91) −92(67) 88(65) –
Four-end-member model
Mg2SiO4 538.5(2) 169(2) 578(10) 593(8) 403(6) 170(2)
Fe2SiO4 569.6(3) 200(27) 785(115) 752(88) 457(89) 209(21)
MgH2SiO4 547.5(19) 48(18) 182(93) −87(66) 86(65) –
Fe3O4 598.5(5) 135(72) −47(263) 282(213) 592(237) –
aK R0 = 1/(1/k10 + 1/k20 + 1/k30); not calculated for k i0 < 0.
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Table A.7: Reanalyzed second-order Birch-Murnaghan equation of state parameters for
wadsleyites of different compositions
Fe/(Mg+Fe) H2O (pfu) Fe
3+/ΣFe Unit cell edge lengths Volume Isothermal bulk modulus
x y z a (Å) b (Å) c (Å) V (Å3) K 0 (GPa) K
R
0 (GPa) K
V
0 (GPa)
0 0 5.73(2) 11.50(5) 8.31(5) 541.5(23) 131.1(155) 95.4(177) 99.4(164)
0 0 5.696(1) 11.453(1) 8.256(1) 538.59(12) 174.3(49) 176.0(33)
0 0 5.6850(7) 11.4406(13) 8.2377(13) 535.75(13) 160.3(26) 159.5(24) 163.9(25)
0 0 168.7(20)
0 0 0 535.8(2) 168.6(23) 170.1(22)
0 0 164.7(20)
0 0 170.7(20)
0 0 5.6972(4) 11.4605(7) 8.2558(7) 539.03(12) 182.4(14) 182.0(8) 187.1(9)
0 0 537.6(1) 171.4(20)
0 0 168.9(19)
0.075(10) 5.705(2) 11.450(4) 8.258(3) 539.4(4) 167.4(13) 170.2(13)
0.075(10) 5.705(2) 11.450(4) 8.258(3) 539.4(4) 167.4(13) 170.2(13)
0.08(1) 0.08(2)d 5.6984(5) 11.4431(10) 8.2611(11) 538.67(11) 168.8(25) 167.8(22) 174.2(23)
0.08(1) 169.5(12)
0.091(3) 164.4(1)
0.091(3) 164.4(1)
0.12(1) 170.7(20)
0.13(1) 542.0(3) 170.0(7)
0.16(1) 0.08(2)d 5.7062(5) 11.4566(10) 8.2705(10) 540.65(12) 164.4(24) 164.1(20) 169.4(20)
0.25(1) 0.08(2)d 5.7122(7) 11.4887(14) 8.2870(15) 543.81(13) 165.3(27) 164.3(28) 169.2(29)
0.25(1) 0.08(2)d 5.7188(5) 11.5093(10) 8.3002(10) 546.30(16) 186.6(20) 186.0(12) 191.7(12)
1 0.28(2) 5.8496(11) 11.8554(19) 8.3774(16) 580.97(30) 176.7(32) 176.5(20) 177.8(21)
0 0.0004(1) 0 5.6982(8) 11.4394(16) 8.2573(16) 538.22(11) 173.0(16) 172.1(22) 177.6(23)
0 0.0288(30) 0 5.6941(2) 11.4597(3) 8.2556(2) 538.70(3) 163.0(15) 165.2(13)
0 0.0295(29) 0 5.7019(9) 11.4650(17) 8.2478(17) 539.15(12) 164.9(12) 164.5(17) 168.7(17)
0 0.0649(61) 0 5.6888(6) 11.4830(8) 8.2523(6) 539.08(8) 159.3(19) 160.7(7)
0 0.0649(58) 0 5.6888(6) 11.4830(8) 8.2523(6) 539.08(8) 158.2(10) 160.0(9)
0 0.0908(83) 0 5.6803(9) 11.5190(19) 8.2496(18) 539.77(9) 159.5(9) 159.0(17) 163.2(17)
0 0.1270(112) 0 5.6722(26) 11.5535(71) 8.2494(58) 540.33(15) 160.8(12) 157.6(46) 163.0(48)
0 0.1270(114) 0 5.6807(3) 11.5243(6) 8.2515(6) 540.20(5) 147.0(9) 148.8(9)
0 0.1894(187) 0 5.6614(13) 11.5526(33) 8.2437(27) 539.01(23) 157.1(23) 155.4(25) 158.8(26)
0 0.1894(187) 0 5.6653(38) 11.5557(86) 8.2473(90) 539.79(88) 145.0(77) 142.8(70) 149.2(72)
0 0.2113(303) 0 5.6766(27) 11.5699(52) 8.2503(49) 541.74(40) 146.7(12) 145.8(14) 148.1(14)
0.10(1) 0.0203(20) 0 541.97(22) 165.7(8)
0.11(1) 0.1539(153) 0.11(6) 5.6918(10) 11.5276(10) 8.2641(8) 542.23(12) 154.1(12) 155.8(8)
0.11(1) 0.1593(139) 0.11(6) 543.46(19) 153.2(6)
0.112(2) 0.0192(18) 0.15(3) 5.7077(3) 11.4759(6) 8.2754(7) 542.03(7) 169.3(5) 168.6(5) 173.8(5)
No entry implies that the respective information was not available. See supplemental online material1 for further information on data treatment.
aSX single crystal, PX polycrystal, P powder.
bHP-XRD high-pressure X-ray diffraction, BS Brillouin spectroscopy, UI ultrasonic interferometry, RUS resonant ultrasound spectroscopy.
cMA multi-anvil press, PC piston-cylinder press, DAC diamond anvil cell with pressure medium: ME methanol-ethanol,
MEW methanol-ethanol-water, Ar argon, He helium, Ne neon.
dFe3+/ΣFe adopted from Fei et al. (1992).
*Included in multi-end-member analysis.
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Table A.7: (continued)
Isothermal linear moduli Samplea Methodsb Environmentc Pressure Reference
k10 (GPa) k20 (GPa) k30 (GPa) PMAX (GPa)
388(94) 264(66) 243(93) P HP-XRD MA 9.6 Mizukami et al. (1975)
576(14) 608(29) 424(12) SX BS 0 Sawamoto et al. (1984)*
544(14) 547(14) 384(10) SX HP-XRD DAC 4.5 Hazen et al. (1990)*
PX UI MA 12.5 Li et al. (1996)
557(13) 577(12) 416(9) SX BS DAC (Ar/ME/He) 14.2 Zha et al. (1997)*
PX UI PC MA 14.5 Fujisawa (1998)
PX UI HP-XRD MA 7.0 Li et al. (1998)
625(5) 621(5) 438(3) SX HP-XRD DAC (ME) 10.1 Hazen et al. (2000a)*
PX UI HP-XRD MA 7.1 Li et al. (2001)
PX RUS 0 Isaak et al. (2007)
563(6) 623(6) 386(4) SX BS 0 Sinogeikin et al. (1998)*
563(6) 623(6) 386(4) SX BS DAC (MEW) 17.7 Wang et al. (2014)
575(13) 602(13) 391(9) SX HP-XRD DAC 4.5 Hazen et al. (1990)*
PX RUS 0 Isaak et al. (2010)
PX RUS 0 Katsura et al. (2001)
PX RUS 0 Mayama et al. (2004)
PX UI MA 9.6 Li and Liebermann (2000)
PX UI HP-XRD MA 12.4 Liu et al. (2009)
592(12) 543(11) 390(8) SX HP-XRD DAC 4.5 Hazen et al. (1990)*
548(16) 582(17) 393(11) SX HP-XRD DAC 4.5 Hazen et al. (1990)*
634(7) 647(7) 444(5) SX HP-XRD DAC (ME) 10.1 Hazen et al. (2000a)*
502(10) 598(12) 500(10) SX HP-XRD DAC (ME) 9.0 Hazen et al. (2000b)*
594(13) 595(13) 409(9) SX HP-XRD DAC (MEW) 7.3 Holl et al. (2008)*
563(9) 566(9) 386(2) SX BS 0 Mao et al. (2008b)*
543(9) 575(10) 400(7) SX HP-XRD DAC (MEW) 9.0 Holl et al. (2008)*
535(7) 537(7) 393(9) SX BS DAC (MEW) 12.0 Mao et al. (2008a)*
541(5) 543(5) 380(3) SX BS 0 Mao et al. (2008b)*
569(10) 513(9) 387(7) SX HP-XRD DAC (MEW) 8.6 Holl et al. (2008)*
615(30) 456(23) 396(20) SX HP-XRD DAC (MEW) 9.6 Holl et al. (2008)
516(5) 497(4) 350(2) SX BS 0 Mao et al. (2008b)*
568(16) 463(13) 398(11) P HP-XRD DAC (MEW) 8.5 Yusa and Inoue (1997)*
534(43) 481(39) 328(28) SX HP-XRD DAC (ME) 6.8 Kudoh and Inoue (1998)*
467(8) 496(8) 370(6) SX HP-XRD DAC (Ne) 61.3 Ye et al. (2010)*
SX HP-XRD DAC (Ne) 31.9 Chang et al. (2015)
559(6) 492(5) 375(4) SX BS DAC (MEW) 12.2 Mao et al. (2011)*
SX HP-XRD DAC (Ne) 31.9 Chang et al. (2015)
576(3) 586(3) 402(2) SX HP-XRD DAC (Ne) 20.0 This study*
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A Appendix
A.2 High-Pressure Single-Crystal Elasticity of Wadsleyite
and the Seismic Signature of Water in the Shallow
Transition Zone
A.2.1 Supplementary Figures and Tables
Figure A.9: Sound wave velocities and densities of wadsleyites with different iron contents. a)
P wave velocities, b) S wave velocities, and c) densities of wadsleyite as a function of pressure.
Orange shading in a) and b) indicates the Voigt and Reuss bounds on the results of the present
study. Dark red shading in a) and b) indicates two alternative sets of finite-strain curves as given
by Liu et al. (2009). Mg100: Mg2SiO4 (Zha et al., 1997), Mg92: (Mg0.92Fe0.08)2SiO4 (Wang et
al., 2014), Mg89H2i: (Mg0.89Fe0.11)1.98H0.04SiO4 (0.24 wt-% H2O) this study (individual inversions),
Mg89H2g: (Mg0.89Fe0.11)1.98H0.04SiO4 (0.24 wt-% H2O) this study (global inversion), Mg89H15:
(Mg0.89Fe0.11)1.85H0.30SiO4 (1.92 wt-% H2O) (Mao et al., 2011), Mg88: (Mg0.88Fe0.12)2SiO4 (Li and
Liebermann, 2000), Mg87: (Mg0.87Fe0.13)2SiO4 (Liu et al., 2009), BS: Brillouin spectroscopy, UI:
ultrasonic interferometry.
Figure A.10: Impedance contrasts across the olivine-wadsleyite phase transition. a) P wave
impedance contrast and b) S wave impedance contrast as a function of olivine and wadsleyite H2O
contents at 14 GPa and 1773 K. Wadsleyite was assumed to be 60 K hotter than olivine due to the
latent heat of transformation. Thick black lines show seismically observed impedance contrasts
(Chambers et al., 2005) scaled for 55 vol-% of olivine/wadsleyite.
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Table
A
.9:
C
ovariance
and
correlation
m
atrices
ofparam
eters
refined
during
the
globalinversion
ofsingle-crystalsound
w
ave
velocities
ofiron-bearing
w
adsleyite
C
ovariance
n
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
n
c
11
c
22
c
33
c
44
c
55
c
66
c
12
c
13
c
23
c ′11
c ′22
c ′33
c ′44
c ′55
c ′66
c ′12
c ′13
c ′23
1
c
11
5.71983
–0.75423
–0.1115
0.14088
–0.21619
–1.76918
1.32971
–0.68622
0.0442
–0.39217
0.0293
–0.01423
–0.0118
0.01493
0.11033
–0.0988
0.04037
–0.0132
2
c
22
–0.75423
4.28864
–0.22586
–0.43625
0.41259
–1.28025
1.31725
–0.55925
–0.11342
0.03788
–0.29538
–0.00161
0.02836
–0.03201
0.08032
–0.0925
0.03247
–0.00555
3
c
33
–0.1115
–0.22586
0.9184
–0.05417
–0.19111
0.05918
–0.17447
0.28862
0.12332
0.00397
0.01369
–0.06378
0.00345
0.01294
–0.00623
0.00984
–0.01748
–0.0112
4
c
44
0.14088
–0.43625
–0.05417
0.66364
–0.53858
0.08702
–0.05523
0.80412
–0.84912
–0.01031
0.03446
0.0053
–0.04229
0.03482
–0.00608
0.00567
–0.04756
0.05006
5
c
55
–0.21619
0.41259
–0.19111
–0.53858
0.91425
–0.23054
0.13331
–1.05496
0.90971
0.02147
–0.03392
0.01384
0.03428
–0.0618
0.01574
–0.00873
0.06607
–0.05309
6
c
66
–1.76918
–1.28025
0.05918
0.08702
–0.23054
1.73377
–1.49904
0.68231
0.02677
0.12741
0.0997
0.01162
–0.00444
0.01746
–0.11147
0.10794
–0.04054
0.00792
7
c
12
1.32971
1.31725
–0.17447
–0.05523
0.13331
–1.49904
2.26783
–0.39135
–0.19222
–0.10152
–0.09841
–0.00967
0.00253
–0.01151
0.09161
–0.16089
0.02158
–0.00162
8
c
13
–0.68622
–0.55925
0.28862
0.80412
–1.05496
0.68231
–0.39135
3.57664
–2.39136
0.04125
0.04446
–0.01916
–0.05005
0.06841
–0.04865
0.02836
–0.22785
0.14335
9
c
23
0.0442
–0.11342
0.12332
–0.84912
0.90971
0.02677
–0.19222
–2.39136
3.29871
–0.00275
–0.01143
–0.0134
0.05124
–0.05719
0.00173
0.00434
0.14311
–0.20429
10
c ′11
–0.39217
0.03788
0.00397
–0.01031
0.02147
0.12741
–0.10152
0.04125
–0.00275
0.05309
–0.00532
3.62×
10 −
4
0.00225
–0.00453
–0.01599
0.01429
–0.00471
–5.61×
10 −
4
11
c ′22
0.0293
–0.29538
0.01369
0.03446
–0.03392
0.0997
–0.09841
0.04446
–0.01143
–0.00532
0.04247
–0.00195
–0.00353
0.00406
–0.01252
0.01288
–0.00429
0.00191
12
c ′33
–0.01423
–0.00161
–0.06378
0.0053
0.01384
0.01162
–0.00967
–0.01916
–0.0134
3.62×
10 −
4
–0.00195
0.00991
–6.06×
10 −
4
–0.00164
1.68×
10 −
4
–6.69×
10 −
4
0.00213
0.00277
13
c ′44
–0.0118
0.02836
0.00345
–0.04229
0.03428
–0.00444
0.00253
–0.05005
0.05124
0.00225
–0.00353
–6.06×
10 −
4
0.00396
–0.0031
1.75×
10 −
5
–1.87×
10 −
4
0.00363
–0.00361
14
c ′55
0.01493
–0.03201
0.01294
0.03482
–0.0618
0.01746
–0.01151
0.06841
–0.05719
–0.00453
0.00406
–0.00164
–0.0031
0.00674
–8.64×
10 −
4
3.65×
10 −
4
–0.00551
0.00401
15
c ′66
0.11033
0.08032
–0.00623
–0.00608
0.01574
–0.11147
0.09161
–0.04865
0.00173
–0.01599
–0.01252
1.68×
10 −
4
1.75×
10 −
5
–8.64×
10 −
4
0.01562
–0.01308
0.00489
2.36×
10 −
4
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c ′12
–0.0988
–0.0925
0.00984
0.00567
–0.00873
0.10794
–0.16089
0.02836
0.00434
0.01429
0.01288
–6.69×
10 −
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–1.87×
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3.65×
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–0.01308
0.02115
–0.00309
3.33×
10 −
4
17
c ′13
0.04037
0.03247
–0.01748
–0.04756
0.06607
–0.04054
0.02158
–0.22785
0.14311
–0.00471
–0.00429
0.00213
0.00363
–0.00551
0.00489
–0.00309
0.02511
–0.01286
18
c ′23
–0.0132
–0.00555
–0.0112
0.05006
–0.05309
0.00792
–0.00162
0.14335
–0.20429
–5.61×
10 −
4
0.00191
0.00277
–0.00361
0.00401
2.36×
10 −
4
3.33×
10 −
4
–0.01286
0.02036
R
M
S
C
(1–9) a:
0.46
R
M
S
C
(1–18) a:
0.40
C
orrelation
n
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
n
c
11
c
22
c
33
c
44
c
55
c
66
c
12
c
13
c
23
c ′11
c ′22
c ′33
c ′44
c ′55
c ′66
c ′12
c ′13
c ′23
1
c
11
1
–0.15228
–0.04865
0.07231
–0.09454
–0.5618
0.3692
–0.15172
0.01018
–0.71164
0.05944
–0.05979
–0.07845
0.07605
0.36911
–0.28405
0.10652
–0.03867
2
c
22
–0.15228
1
–0.11381
–0.25859
0.20836
–0.4695
0.42238
–0.14279
–0.03015
0.07939
–0.69215
–0.00782
0.21769
–0.18834
0.31033
–0.30712
0.09892
–0.01878
3
c
33
–0.04865
–0.11381
1
–0.06939
–0.20856
0.0469
–0.12089
0.15925
0.07085
0.01798
0.06932
–0.66863
0.05724
0.16447
–0.05205
0.0706
–0.11511
–0.08193
4
c
44
0.07231
–0.25859
–0.06939
1
–0.69144
0.08112
–0.04502
0.52193
–0.57389
–0.05494
0.20524
0.06533
–0.82531
0.5208
–0.0597
0.0479
–0.3684
0.43067
5
c
55
–0.09454
0.20836
–0.20856
–0.69144
1
–0.18311
0.09258
–0.5834
0.52384
0.09744
–0.17213
0.14537
0.57002
–0.78749
0.13174
–0.06282
0.43605
–0.38913
6
c
66
–0.5618
–0.4695
0.0469
0.08112
–0.18311
1
–0.75598
0.274
0.0112
0.41992
0.36742
0.08863
–0.05364
0.1616
–0.67736
0.56368
–0.1943
0.04214
7
c
12
0.3692
0.42238
–0.12089
–0.04502
0.09258
–0.75598
1
–0.13741
–0.07028
–0.29256
–0.3171
–0.06448
0.02672
–0.09314
0.48673
–0.73461
0.09044
–0.00755
8
c
13
–0.15172
–0.14279
0.15925
0.52193
–0.5834
0.274
–0.13741
1
–0.6962
0.09465
0.11408
–0.10178
–0.42075
0.44073
–0.20581
0.10311
–0.76024
0.53119
9
c
23
0.01018
–0.03015
0.07085
–0.57389
0.52384
0.0112
–0.07028
–0.6962
1
–0.00657
–0.03054
–0.07413
0.44853
–0.38362
0.00762
0.01645
0.4972
–0.78825
10
c ′11
–0.71164
0.07939
0.01798
–0.05494
0.09744
0.41992
–0.29256
0.09465
–0.00657
1
–0.11211
0.01578
0.15543
–0.23941
–0.55527
0.42638
–0.12904
–0.01705
11
c ′22
0.05944
–0.69215
0.06932
0.20524
–0.17213
0.36742
–0.3171
0.11408
–0.03054
–0.11211
1
–0.09517
–0.2726
0.24012
–0.48596
0.42993
–0.13125
0.06483
12
c ′33
–0.05979
–0.00782
–0.66863
0.06533
0.14537
0.08863
–0.06448
–0.10178
–0.07413
0.01578
–0.09517
1
–0.09682
–0.20054
0.01351
–0.04624
0.13497
0.19482
13
c ′44
–0.07845
0.21769
0.05724
–0.82531
0.57002
–0.05364
0.02672
–0.42075
0.44853
0.15543
–0.2726
–0.09682
1
–0.60008
0.00222
–0.02046
0.36376
–0.40231
14
c ′55
0.07605
–0.18834
0.16447
0.5208
–0.78749
0.1616
–0.09314
0.44073
–0.38362
–0.23941
0.24012
–0.20054
–0.60008
1
–0.08421
0.03057
–0.42342
0.34209
15
c ′66
0.36911
0.31033
–0.05205
–0.0597
0.13174
–0.67736
0.48673
–0.20581
0.00762
–0.55527
–0.48596
0.01351
0.00222
–0.08421
1
–0.7196
0.24698
0.01322
16
c ′12
–0.28405
–0.30712
0.0706
0.0479
–0.06282
0.56368
–0.73461
0.10311
0.01645
0.42638
0.42993
–0.04624
–0.02046
0.03057
–0.7196
1
–0.13395
0.01606
17
c ′13
0.10652
0.09892
–0.11511
–0.3684
0.43605
–0.1943
0.09044
–0.76024
0.4972
–0.12904
–0.13125
0.13497
0.36376
–0.42342
0.24698
–0.13395
1
–0.56886
18
c ′23
–0.03867
–0.01878
–0.08193
0.43067
–0.38913
0.04214
–0.00755
0.53119
–0.78825
–0.01705
0.06483
0.19482
–0.40231
0.34209
0.01322
0.01606
–0.56886
1
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